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“Blieb das unerklärliche Felsgebirge. – Die Sage versucht das 
Unerklärliche zu erklären. Da sie aus einem Wahrheitsgrund kommt, muß 
sie wieder im Unerklärlichen enden.” 
“There remains the inexplicable mass of rock. The legend tries to explain 
the inexplicable. As it comes out of the substratum of truth it has in turn to 
end in the inexplicable.” 
-Prometheus, Franz Kafka  
 13 
Introduction 
This thesis focuses on interpreting geophysical and geochemical observables in 
order to provide new constraints on the thermal, chemical, and mechanical state of 
lithosphere over time. The lithosphere is the rigid outermost layer of Earth, composed of 
the crust and the upper mantle, usually on the order of 100 km thick. The lithosphere 
forms the plates described in plate tectonics and moves slowly over the hot, ductile, and 
convecting mantle. As the lithosphere ages, it loses heat via conduction and become 
denser than the underlying mantle. Eventually the density of the lithosphere increases 
sufficiently that the cold plate subducts back into the mantle. This subduction drives plate 
motions, and causes the mantle to upwell and form new lithosphere at mid-ocean ridges.  
The thermal and chemical structure of the lithosphere controls its density as well 
as its rheology, or how the lithosphere deforms. Unfortunately, it is impossible to directly 
sample the deep lithosphere today. The world’s deepest borehole sampled to only a depth 
of ~12 km (Kozlovsky, 1987), a third of the way through the average continental crustal 
thickness. Instead, geoscientists must use geophysical observables such as seismic travel 
times, magnetic anomalies, surface heat flow, and gravity, as well as the geochemistry of 
rocks found at the surface to constrain the structure of the lithosphere.  
This thesis consists of five chapters focusing on developing and using 
methodologies to constrain thermal, compositional, and mechanical differences in 
continental and oceanic lithosphere. Three chapters focus on the interpretation of seismic 
wave speed. Seismic tomography inverts seismic wave speed from seismic travel times 
using the same techniques that produce images in magnetic resonance imaging (MRI) 
scans. These techniques are the highest-resolution constraints on properties of the deep 
lithosphere (Anderson and Dziewonski, 1984). Seismic wave speeds are dependent on the 
elastic moduli and density of the minerals present in the rock. The stable constituent 
minerals and their moduli are in turn dependent on pressure, temperature, and 
composition. Therefore, seismic wave speed has the potential to relate composition and 
temperature to rheology and density. 
In Chapter 1, I investigate the role of composition on the viscosity, how resistive a 
material is to ductile deformation, of the lower crust through a joint inversion of seismic 
P-wave (𝑉𝑝) and S-wave (𝑉𝑠) speeds. This work extends previous research demonstrating 
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robust relationships between seismic velocity and crustal composition (e.g., Christensen 
and Mooney, 1995; Christensen, 1996), as well as composition and viscosity (e.g., 
Bürgmann and Dresen, 2008). To quantify this relation, I use a Gibbs-free energy 
minimization program Perple_X (Connolly, 2009) along with experimentally-derived 
mineral moduli to calculate mineral assemblages and seismic wave speeds for a global 
compilation of crustal whole-rock compositions. For each of these mineral assemblages, I 
estimate aggregate viscosity for each sample by using an isotropic mixing model (Huet et 
al., 2014) and the strength of each individual mineral based on laboratory experiments. I 
find that seismic wave speed and aggregate crustal viscosity correlate well for most 
crustal conditions. Thus, with the seismic wave speed, temperature, pressure, and strain 
rate of the lower crust, one can calculate the regional lower crustal viscosity. I apply this 
method using geophysical data for Southern California predicting that lower crustal 
viscosity varies regionally by four orders of magnitude and lower crustal stress varies by 
three orders of magnitude. At least half of the total variability in stress can be attributed 
to compositional changes, implying that regional lithology has a significant effect on 
lower crustal geodynamics. Predicting the depth of the brittle-ductile transition along the 
predicted temperature profiles for Southern California with this methodology; however, 
cannot explain the shallow the seismic-aseismic transition depths observed in the 
earthquake record. I interpret this discrepancy to reflect the importance of fabric 
development, a weakening mechanism in the ductile deformation of rocks that is not 
incorporated in the mixing model.  
Chapter 4 continues the interpretation of seismic wave speeds, but focuses on the 
mantle. In order to interpret temperature and composition from seismic wave-speed, I 
create WISTFUL (Whole-Rock Interpretative Seismic Toolbox For Ultramafic 
Lithologies). WISTFUL consists of a database of 4333 peridotites and 481 pyroxenites, 
their elastic moduli, mineral modes, and seismic wave speeds, and a set of functions and 
general-user interfaces to interpret mantle seismic wave speeds. To constrain the error 
present in these forward calculations, I assess two types of uncertainties in the 
relationship between seismic wave speed and whole-rock composition: (1) uncertainty in 
the elastic property measurements and mixing equations to determine the bulk properties, 
and (2) uncertainty in the predicted mineral assemblage and composition. Regarding the 
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first source of uncertainty, I show experimental seismic wave speed measurements on 
ultramafic lithologies are reproducible with updated mineral endmember moduli and 
mixing methodologies. To constrain the second source of uncertainty, I compare 
predicted mineral assemblages and seismic wave speeds for 130 well-studied peridotite 
and pyroxenite xenoliths using five sets of solution models to the observed modal 
assemblages and estimated seismic wave speeds. All forward calculations of seismic 
wave speed in WISTFUL utilize the set of solution models that best reproduce the 
xenolith mineral assemblages and estimated wave speeds. 
In Chapter 5, I utilize the WISTFUL toolbox from Chapter 4 to analyze 
MITPS_20 (Golos et al., 2020), a joint body and surface wave tomographic inversion for 
Vp and Vs with high resolution in the shallow mantle beneath the continental United 
States. I constrain temperature and compositional variations at 60 and 80 km depth in the 
mantle lithosphere using two different anelastic correction methods. I find temperature 
variations beneath the continental United States up to 800–900°C at 60 km and 80 km, 
larger than previously found. East of the Rocky Mountains is generally cold, with higher 
temperatures on the eastern margins. Within the east, long-wavelength thermal variations 
are present, some correlated with surface expressions of rifting events. The west is 
generally hot with highest temperatures found under Holocene volcanoes. In order to 
strengthen the method’s results, I compare best-fit temperature and compositions with 
recently (<10 Ma) erupted xenolith compositions, xenolith thermobarometry, and primary 
magma thermobarometry. Model estimates agree well with temperature and compositions 
from xenoliths in the southwestern US, but I find a temperature discrepancy between both 
anelasticities for magmatic temperature estimates for melting at 60 km. I interpret this 
discrepancy to be due to the differences in seismic resolution and the scale at which the 
magmatic temperatures sample, as well as errors in the anelastic formulations. Both 
anelasticity models predict that the eastern United States is depleted compared to the 
western United States. Furthermore, the chemical depletion in the east does not fully 
compensate for the densification due to temperature. This implies that the deep 
lithospheric roots of ancient continents are unstable and will eventually delaminate back 
into the mantle.  
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 In addition to the analysis of seismic models, the other two chapters focus on 
interpreting lithospheric properties through other geophysical or geochemical 
observables. Chapter 2 describes gravity, magnetic, and bathymetry data collected along 
a continuous 1400-km-long spreading-parallel flow line across the Mid-Atlantic Ridge. 
The transect spans from 28 Ma on the African Plate to 74 Ma on the North American 
plate. These observables are useful because you can date the crust using magnetic 
anomalies and calculate crustal thickness with bathymetry and gravity data.  Crustal 
thicknesses vary from 3–9 km, a significant range, suggesting significant tectonic and 
magmatic fluctuations in the formation of oceanic crust over the last 74 Myr. With time-
series of these geophysical observables, I apply a technique called spectral analysis, 
which identifies strongest frequencies within the datasets. Bathymetry and gravity show 
diffuse power at >1 Myr and multiple concurrent peaks at shorter periods. I discuss 
possible explanations including large-scale mantle thermal and compositional 
heterogeneities, variations in upper mantle flow, and detachment faulting.  The shorter 
period peaks could be explained faulting, the presence of magma solitons, and/or 
regularly spaced short-wavelength mantle compositional heterogeneities. All these 
variations are caused at the ridge during lithospheric formation. Fault spacing also varies 
over longer periods (>10 Myr), which I interpret to reflect long-lived changes in the 
fraction of tectonically- vs. magmatically- accommodated extensional strain. This is 
further supported by the discovery of an off-axis oceanic core complex (here named the 
Kafka Dome). Fault spacing negatively correlates with gravity-derived crustal thickness, 
supporting a link between magma input and fault style at mid-ocean ridges.  
In addition to geophysical measurements, another way to understand the thermal 
state of the lithosphere is to look at the tectonically exhumed surface exposures of mid 
and lower crustal rocks. Closely investigating these rocks, geologists are able to decipher 
the pressure-temperature-time path of the rocks to better understand what may be 
occurring in the inaccessible lower crust today. Chapter 2 describes a petrographic, 
geochronological, and geochemical analysis of the Gore Mountain Garnet Amphibolite 
(GMGA) in the Adirondack Highlands, NY, USA. The GMGA hosts the world’s largest 
garnets (up to 1 m diameter). Field relations, whole rock, and mineral major and trace 
element chemistry suggest that these rocks formed via a prograde hydration reaction of a 
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metagabbro during an increase in pressure and temperature. Laser ablation-inductively 
coupled plasma mass spectrometry U-Pb geochronology applied to metamorphic zircon 
dates this reaction to 1053.9±5.4 Ma (2σ; MSWD = 0.94), during the peak of Ottawan 
Orogeny (1090-1020 Ma) and in agreement with previous estimates. Our results on peak 
metamorphic P-T conditions based on thermobarometry, diffusion models, and 
thermodynamic modelling indicate that these rocks formed at ultra-high temperature 
(UHT, >900˚C) conditions (P = 9–10 kbar, T = 950±40˚C), significantly hotter than 
previously estimated. Diffusion models pinned by nearby cooling ages require the 
GMGA to initially cool quickly, followed by cooling roughly a quarter the rate. The two-
stage cooling history for the GMGA could reflect initial advection-dominated cooling 
followed by conduction-dominated cooling once flow ceases. The Ottawan Orogeny is 
often compared with the modern Himalayan Orogeny due to the duration and estimated 
thermal structure. These results suggest that the Adirondacks was hot enough to undergo 
topography-driven lower crustal flow similar to that hypothesized for modern Tibet.  
This thesis highlights the varied state of the lithosphere using combination of 
geophysical observables with petrologic and field observations. To conclude (Chapter 6), 
I discuss future directions to advance the work that I have presented in this thesis, 
including further constraints on crustal compositions from seismic wave speed as well as 





Inferring crustal viscosity from seismic velocity: Application to the 
lower crust of Southern California 
 
This chapter was originally published as: Shinevar, W. J., Behn, M. D., Hirth, G., & 
Jagoutz, O. (2018). Inferring crustal viscosity from seismic velocity: Application to the 
lower crust of Southern California. Earth and Planetary Science Letters, 494, 83-91. 
doi.org/10.1016/j.epsl.2018.04.055 . Used with permission as granted in the original 
copyright agreement.  
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Abstract 
We investigate the role of composition on the viscosity of the lower crust through a joint 
inversion of seismic P-wave (𝑉𝑝) and S-wave (𝑉𝑠) velocities.  We determine the efficacy 
of using seismic velocity to constrain viscosity, extending previous research 
demonstrating robust relationships between seismic velocity and crustal composition, as 
well as crustal composition and viscosity.  First, we calculate equilibrium mineral 
assemblages and seismic velocities for a global compilation of crustal rocks at relevant 
pressures and temperatures.  Second, we use a rheological mixing model that incorporates 
single-phase flow laws for major crust-forming minerals to calculate aggregate viscosity 
from predicted mineral assemblages. We find a robust correlation between crustal 
viscosity and 𝑉𝑝 together with 𝑉𝑠 in the α–quartz regime. Using seismic data, geodetic 
surface strain rates, and heat flow measurements from Southern California, our method 
predicts that lower crustal viscosity varies regionally by four orders of magnitude, and 
lower crustal stress varies by three orders of magnitude at 25 km depth. At least half of 
the total variability in stress can be attributed to composition, implying that regional 
lithology has a significant effect on lower crustal geodynamics. Finally, we use our 
method to predict the depth of the brittle-ductile transition and compare this to regional 
variations of the seismic-aseismic transition.  The variations in the seismic-aseismic 
transition are not explained by the variations in our model rheology inferred from the 
geophysical observations.  Thus, we conclude that fabric development, in conjunction 
with compositional variations (i.e., quartz and mica content), is required to explain the 
regional changes in the seismic-aseismic transition.  
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1. Introduction  
The viscosity structure of the lower crust and upper mantle controls deformation 
processes such as post-seismic creep (e.g., Freed et al., 2007), lower crustal flow (e.g., 
Clark et al., 2005), post-glacial isostatic rebound (e.g., Jull and McKenzie, 1996), and 
orogenesis. Estimates of crustal and upper mantle viscosity are typically constrained by 
analyses of post-seismic relaxation, paleolake shoreline deflection, global flow and stress 
models, and laboratory derived flow laws for crust-forming rocks and minerals (e.g., 
Bürgmann and Dresen, 2008; Thatcher and Pollitz, 2008). In most previous studies based 
on laboratory data the rheology of the lower continental crust was approximated using a 
flow laws for a dominant mineral phase (e.g., quartz or feldspar). However, the lower 
crust is composed of multiple mineral phases with variable strength and abundances that 
are controlled by the bulk composition, pressure, and temperature conditions. Thus, to 
accurately calculate crustal viscosity, composition, pressure, and temperature must be 
constrained.  
Seismic P-wave (𝑉𝑝) and S-wave (𝑉𝑠) velocities are frequently used as a proxy for 
crustal composition.  Christensen and Mooney (1995) measured 𝑉𝑝 for a variety of 
igneous and metamorphic rocks and compared the measurements to average continental 
crustal seismic profiles. With knowledge of field geology, they created a petrological 
model of the continental crust. Rudnick and Fountain (1995) estimated average mid and 
lower crustal compositions by comparing the predicted 𝑉𝑝 of granulites to 𝑉𝑝 profiles 
constructed for typical tectonic environments.  Christensen (1996) added 𝑉𝑠 to the 
analysis of crustal composition and showed that crustal 𝑉𝑝/𝑉𝑠 ratios are nominally 
independent of temperature, but sensitive to quartz abundance, with a strong linear 
correlation between 𝑉𝑝/𝑉𝑠 and silica content (between 55 and 75 wt % SiO2).  More 
recently, Shillington et al. (2013) and Jagoutz and Behn (2013) combined 
thermodynamic modeling, 𝑉𝑝/𝑉𝑠, and 𝑉𝑝 to constrain the composition of arc lower crust, 
showing that the additional information provided by 𝑉𝑝/𝑉𝑠 gives a much tighter constraint 
on composition than is obtained by 𝑉𝑠 alone.  Other studies have linked seismic data to 
the mechanical properties of the crust. For example, Lowry and Pérez-Gussinyé (2011) 
found a relationship between 𝑉𝑝/𝑉𝑠and effective elastic thickness in the western United 
States, pointing toward a relationship between seismic velocity and viscosity.  
 21 
Here, we investigate the relationship between aggregate viscosity and seismic 
velocities by calculating a fit between viscosity (estimated using multi-phase rheological 
mixing theory) and seismic P-wave and S-wave velocity for a wide range of crustal 
compositions at typical crustal pressures and temperatures. Our analyses show that while 
neither 𝑉𝑝 nor 𝑉𝑠 alone robustly predict aggregate viscosity, together 𝑉𝑝 and 𝑉𝑠 predict 
aggregate viscosity within a factor of 2 at most crustal conditions.  We apply our method 
to calculate the viscosity of the lower crust in Southern California, taking advantage of 
data from a densely instrumented region.  We discuss the benefits and limitations of our 
methodology in the context of constraining compositional controls on upper and lower 
crustal viscosity – and compare the predicted depth to the brittle-ductile transition with 
observed seismic-aseismic transitions. 
2. Methods  
To estimate aggregate crustal viscosity from 𝑉𝑝 and 𝑉𝑠 data, we use the following 
4-step approach: 1) create a rock database that spans crustal composition space; 2) 
calculate equilibrium mineral assemblages and seismic velocities for each composition in 
the rock database over a range of relevant pressure (P) and temperature (T); 3) calculate 
the aggregate viscosity for each composition at all P-T conditions; and 4) compile our 
estimates of 𝑉𝑝, 𝑉𝑠, and aggregate viscosity over crustal P-T space to derive a generic 
relationship between viscosity and  P, T, 𝑉𝑝, 𝑉𝑠, and stress or strain rate.  Finally, because 
viscosity is strongly sensitive to temperature, one must incorporate additional constraints 
when applying our methodology to specific geologic settings.  Below, we describe each 
of these steps as well as our methodology for constraining crustal temperatures in 
Southern California. 
2.1 Compositional Database for Crustal Rocks 
To create a compositional database for crustal rocks, we take all available whole 
rock compositions for the continental US and Alaska from Earthchem 
(www.earthchem.org). We filter out carbonates (> 2 wt% CO2) and samples with oxide 
analyses that sum to less than 95 wt % or more than 102 wt %. To this dataset, we add arc 
rocks from the compilation of Kelemen and Behn (2016), which includes Archean and 
post-Archean massif data from Hacker et al. (2015), crustal xenolith and amphibolite data 
from Huang et al. (2013), and lavas and plutonic rocks from the Aleutians, Izu–Bonin–
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Marianas, Kohistan (Jagoutz and Schmidt, 2012), and Talkeetna (Kelemen et al., 2014) 
arcs. The final crustal database includes 96,388 samples. To facilitate the thermodynamic 
calculations presented below, we sub-sampled this database by first sorting the 
compositions by wt % SiO2 and then taking every 28th sample, creating a representative 
database of 3442 samples. Sub-sampling does not alter the frequency distribution for any 
of the major oxides (Supplemental Figure 1); a principal component analysis of the total 
and sub-sampled data sets produces similar sub-spaces (Supplemental Tables 1 and 
2).  Thus, the relationships derived from the sub-sampled data accurately reflect those 
present in the total composition space. 
2.2 Calculation of Equilibrium Mineral Assemblages and Seismic Velocity 
To calculate the equilibrium mineral assemblage for each composition, we use the 
Gibbs free energy minimization routine Perple_X (Connolly, 2009). We calculate mineral 
assemblages over crustal temperatures (300–1000˚C) and pressures (0.1–1.2 GPa). We 
assume a minimum equilibrium temperature of 500°C, a reasonable lower bound for net 
transfer reactions under hydrous crustal conditions (Austrheim, 1998). The lower 
continental crust typically contains 0–1 wt% H2O (Huang et al., 2013). In this study, we 
only consider anhydrous mineral assemblages and incorporate the influence of H2O 
through its effect on the viscosity of nominally anhydrous mineral phases (see below). 
The role of hydrous phases (e.g., amphibole and mica) is ignored in our calculations due 
to the complexities of quantitatively incorporating their effects on rheology (Shinevar et 
al., 2015); however, we discuss their potential role on crustal viscosity in the Section 4.   
For all Perple_X calculations, we assume that 25 mol % of the total iron oxide is 
ferric (Cottrell and Kelley, 2011; Kelley and Cottrell, 2012); variations in this value have 
little influence on aggregate viscosity and seismic wave speeds. Solution models for 
crustal minerals are taken from Hacker (2008). Seismic velocities are calculated using a 
compilation of mineral properties (Abers and Hacker, 2016) implemented into Perple_X 
with the α-β quartz implementation used by Jagoutz and Behn (2013) 
2.3 Calculation of Aggregate Viscosity 
To calculate crustal viscosity at a given condition, we employ mixing theory to 
determine the aggregate viscosity for each equilibrium mineral assemblage. We only 
consider deformation via wet dislocation creep. This assumes that diffusion creep is not 
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an important mechanism controlling the rheology of the lower crust (see Section 4 for 
further discussion).  Theoretical and experimental investigations show a power law 
relation between stress (σ) and strain rate (𝜖̇) with the form: 




) ,   (1) 
where A is the pre-exponential factor, 𝑓𝐻2𝑂 is water fugacity, r is the fugacity exponent, n 
is the stress exponent, E is the activation energy, V is the activation volume, and R is the 
gas constant. To estimate water fugacity, we use an exponential fit to water fugacity 
values along crustal geotherms (Shinevar et al., 2015): 
                                           𝑓𝐻2𝑂 = 𝑎𝐻2𝑂𝐵1 exp (−
𝐵2+𝑃𝐵3
𝑅𝑇
)                                             (2) 
where 𝑎𝐻2𝑂 is the water activity and B1, B2, and B3 are empirically fit constants. We 
explore fugacity values using water activities between 0.01 and 1.  Aggregate viscosities 
are calculated for strain rates ranging from 10-12 to 10-16 s-1 and shear stresses ranging 
from 1 to 100 MPa. 
The effective viscosity of major crust-forming minerals varies by almost 3.5 
orders of magnitude at 650ºC—between the strongest minerals (olivine and pyroxene) 
and the weakest anhydrous mineral (quartz) (Figure 1).  Here we consider five major 
crust-forming minerals: quartz, feldspar (plagioclase + alkali feldspar), pyroxene 
(orthopyroxene + clinopyroxene), garnet, and olivine. Wet dislocation creep flow laws 
for quartz, feldspar, pyroxene, and olivine are taken from Hirth et al. (2001), Rybacki et 
al. (2006), Dimanov and Dresen (2005), and Hirth and Kohlstedt (2003), respectively. 
The pyroxene flow law was modified by introducing a linear water fugacity term, in 
which the published pre-exponential coefficient is recalculated accordingly (A = 
Aexperimental / fH2O for the experimental fugacity). The pre-exponential coefficients are 
corrected to express the relationship between the second invariants of stress and strain 
rate rather than uniaxial or simple shear. All garnet flow laws (e.g., Karato et al., 1995; 
Xu et al., 2013) found in the literature predict effective viscosities lower than plagioclase 
at lower crustal conditions (see Supplementary Figure S2 of Shinevar et al. (2015)), but 
abundant field evidence suggests that garnet is stronger than plagioclase at crustal 
conditions (e.g., Ji and Martignole, 1994). Thus, we assume that garnet has the same 
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viscosity as pyroxene, which is 1–2 orders of magnitude greater than plagioclase at 
crustal conditions. 
For many bulk compositions, phase equilibrium calculations predict additional 
mineral phases; we only calculate viscosity for samples comprised of >90 vol % quartz, 
feldspar, pyroxene, garnet and olivine. This condition is met for >95% of the 
compositions in our representative database at every P-T condition; only these samples 
are included in our inversion described below. We assume that remaining secondary 
phases (<10 vol%) have a negligible effect on the bulk viscosity (see Section 4 for further 
discussion on the role of hydrous phases).  
We use the mixing model of Huet et al. (2014) to estimate aggregate viscosity 
from the calculated mineral modes. This mixing model is based on the minimization of 
power dissipation during deformation. Huet et al. (2014) define the effective aggregate 
viscosity as: 
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where 𝜙𝑖and 𝑛𝑖 are the volume percentage and stress exponent of phase i, respectively, 
and the parameter 𝛼 is defined for each phase as 𝛼𝑖 = ∏ (𝑛𝑗 + 1)𝑖≠𝑗 . This method 
assumes that the rock is homogeneous and isotropic.  As noted above we use single-phase 
flow law parameters for wet dislocation creep for all phases. Figure 1a shows the strong 
dependence of aggregate viscosity on composition (as reflected by silica content) using 
Eq. (3).  
2.4 Local Inversion of Viscosity from Seismic Velocity  
We invert for a relationship between viscosity and 𝑉𝑝 and 𝑉𝑠 using all 
compositions at each individual P, T, strain rate, and water activity. The goal of this 
exercise is to deduce where in crustal parameter space a robust relationship exists 
between viscosity and seismic velocity. For instance, Figure 1 shows relationships 
between SiO2, 𝑉𝑝, 𝑉𝑠, and aggregate viscosity at hot lower crustal condition (0.6 GPa, 
650ºC, 10-15 s-1, 𝑎𝐻2𝑂= 1). 𝑉𝑠 (which can be constrained regionally from ambient noise 
tomography and surface wave studies) provides a poor fit to aggregate viscosity (Figure 
1b).  By contrast, 𝑉𝑝 (which is typically obtained from body waves, active source studies, 
or assumptions regarding Poisson’s ratio) constrains aggregate viscosity to one order of 
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magnitude (Figure 1c).  Combining 𝑉𝑝 and 𝑉𝑠 improves this fit to less than half an order 
of magnitude (Figure 1d). 
The relationship between aggregate viscosity and seismic velocity is based on the 
functional form of the flow laws. By definition, viscosity (𝜂) is defined as the ratio of 
stress to strain rate. Using Eq. (1), we formulate viscosity as a function of strain rate (𝜂?̇?) 
or stress (𝜂𝜎):  
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Taking the logarithm of Eqs. (4a) & (4b) gives:   
          log(𝜂?̇?) = (
1
𝑛









  (5a) 
           log(𝜂𝜎) = (1 − n)log(𝜎) − 𝑟 log(𝑓𝐻2𝑂 ) − log(𝐴) +
𝐸+𝑃𝑉
𝑅𝑇
 . (5b) 
Because the stress exponent n and fugacity exponent r are similar between flow laws at a 
given set of P-T-𝜖̇-𝑓𝐻2𝑂 or P-T-𝜎-𝑓𝐻2𝑂 conditions, we assume the first two terms are 
constant. The latter two terms (which include the pre-exponential factor, activation 
energy, and activation volume) are approximated as linear combinations of 𝑉𝑝 and 
𝑉𝑠.  With these assumptions, the relationship between viscosity and 𝑉𝑝 and 𝑉𝑠 becomes: 
                                       log(𝜂) = 𝑎 + 𝑏𝑉𝑝 + 𝑐𝑉𝑠    (6) 
where a, b, and c are constants. Using the calculated aggregate viscosities and seismic 
velocities for each composition, we calculate a least squares fit to determine the values of 
a, b, and c at each P-T-𝜖̇-𝑓𝐻2𝑂 or P-T-𝜎-𝑓𝐻2𝑂 condition.  We refer to these fits as “local 
inversions” because the parameters are only fit at a single condition.  
Figures 2a and b show the R2 values for the local strain rate and stress inversions 
over a range of P-T conditions. Fits for the parameters in Eq. (6) provide a good estimate 
of viscosity for both constant strain rate and stress (R2>0.8) in the α–quartz regime, but a 
poor fit in the β-quartz regime.  The α– β quartz transition occurs around 750ºC at 25 km 
depth (Fig. 2).  The inversion fits well and produces residuals that form a Gaussian 
distribution around 0 log10(Pas) in the α–quartz regime because quartz, feldspar, and the 
mafic minerals (olivine, pyroxene, and garnet) form three distinct regions in velocity-
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viscosity space (Figure 1). In the β-quartz regime, the inversion fails due to the sharp 
increase in the bulk modulus of quartz-bearing rocks, resulting in a 𝑉𝑝 comparable to 
mafic compositions (Supplemental Figure 2). Because α- and β-quartz have similar 
effective viscosities, the mapping from velocity to viscosity becomes multivalued in the 
β-quartz field, producing poor fits (Figure 2).  
 To create a generic inversion for viscosity that is valid across crustal conditions, 
we parameterize the constants a, b, and c in Eq. (6) as a function P-T-𝜖̇-𝑓𝐻2𝑂 or P-T-𝜎-
𝑓𝐻2𝑂. The log strain rate and log stress dependence of log viscosity is linear (Eq. 5a and 
5b).  Inputting fugacity from Eq. (2) into Eq. (5) and using logarithm identities, it can be 
shown that the water activity dependence of the log viscosity is also linear. Based on the 
general expectation that rheological properties scale with the elastic properties (Karato, 
2012), we parameterize log(A), E, and V as linear combinations of 𝑉𝑝 and 𝑉𝑠 (similar to 
Eq. 6). This results in the following equations for constant strain rate and stress: 
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with 𝜂 in Pa·s, T in K, P in Pa, 𝑉𝑝 and 𝑉𝑠 in km s
-1, 𝜎 in Pa, and 𝜖̇ in s-1. Using all of the 
calculated velocity and viscosity data in the α–quartz field, we invert for the parameters 
in Equations (7a) & (7b) (Table 1). Equation (7a) fits the data with a RMSE of 0.18 
log10(Pa·s) and a R
2 of 0.96; Equation (7b) fits the data with an RMSE of 0.86 log10(Pa·s) 
and a R2 of 0.94. The error is larger for the constant stress fit because the viscosities at 
constant stress vary more than for constant strain rate. These fits produce Gaussian 
residuals (Supplemental Figures 3 & 4).  
The error in the generic aggregate viscosity-velocity inversion is approximately 
the same as the average error calculated over the α–quartz regime from the local 
inversions at each P-T condition (compare Figures 2c & 2d to Figures 2a & 
2b).  Moreover, the resulting generic inversion for aggregate viscosity agrees with 
intuition; aggregate viscosity decreases with increasing temperature, strain rate and water 
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activity, but increases with increasing pressure. Further, aggregate viscosity increases 
with increasing 𝑉𝑝, and for most conditions, decreases with increasing 𝑉𝑠.  Aggregate 
viscosity also scales positively with 𝑉𝑝/ 𝑉𝑠 at a given set of P-T conditions; however, the 
best fits are found by including independent estimates of 𝑉𝑝 and 𝑉𝑠.  
We have investigated the sensitivity of our approach at conditions appropriate for 
the lower crust. For a 𝑉𝑝 of 7.0 km s
-1 and a 𝑉𝑠 of 4.0 km s
-1 at 0.8 GPa, a change in 
temperature from 650ºC to 750ºC decreases the aggregate viscosity by a factor of 3.9.  
For comparison, a change in 𝑉𝑝 or 𝑉𝑠 by 0.2 km s
-1 at the same P-T conditions promotes a 
change in viscosity by a factor of 1.5 or 1.4, respectively. A factor of 10 increase in 
strain-rate produces a factor of 5 decrease in strain rate.  A factor of 10 decrease in water 
activity results in a factor of 1.9 increase in viscosity.  
2.5 California Input Data and Geotherm Calculations 
To use Eq. (7a) to investigate the viscosity structure of Southern California, we 
need seismic velocity data as well as the P-T-𝜖̇-𝑎𝐻2𝑂 conditions in the crust. Our 
inversion method requires independently calculated P and S-wave velocities. Assuming a 
constant 𝑉𝑝/𝑉𝑠 ratio negates the compositional effects that our method aims to quantify as 
shown in Figure 1. For seismic data, we use the Community Velocity Model-S4.26 (Lee 
et al., 2014), which provides independent constraints on 𝑉𝑝 and 𝑉𝑠 (Figure 3a and b).  In 
some regions the velocities predicted by the Community Velocity Model (CVM), are not 
consistent with the velocities calculated from any of the compositions in our database. 
We do not plot viscosities in our figures when the CVM velocity is more than 0.1 km s-1 
different than the 𝑉𝑝 and 𝑉𝑠 calculated for all of the samples in our database at the inferred 
P-T conditions. Many of the areas with the largest error are mountainous (Sierra Nevadas 
and Transverse Ranges), suggesting errors due to topographic effects not accounted for in 
the CVM (Lee et al., 2014). Velocity errors are shown for 25 km depth in Supplemental 
Figure 5 and along a cross section across the Mojave in Supplemental Figure 6.  
 To account for the wide variation in deformation rates across Southern 
California, we approximate strain rate in the lower crust with the second invariant of 
surface strain rate from (Kraner et al., 2018)(Figure 3c). We acknowledge the 
uncertainties in applying surface strain rates to the viscously deforming lower crust (e.g. 
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interseismic elastic strain buildup at the surface and strain localization in the viscous 
regime), however it is a good starting point for accounting for regional variations in strain 
rate. To estimate pressure at depth, we use an average continental crustal density of 2800 
kg m-3. We use a water activity of 1. To estimate temperature within the crust, we rely on 
heat flow measurements from Williams and Deangelo (2011) and the SMU Geothermal 
Database (http://geothermal.smu.edu/gtda/).  We first use a natural neighbor scheme to 
interpolate the heat flow data to the same grid as the seismic velocity model. We then 
calculate temperature as a function of depth at each grid point assuming a steady-state 1-
D geotherm following the assumption that the heat production in the upper crust accounts 
for 40% of the measured surface heat flow (Pollack and Chapman, 1977). We assume a 
constant heat production in the upper crust (< 15 km depth). Varying the distribution of 
heat flow in the upper crust does not have a large impact on our estimate of lower crustal 
temperatures.  We assume a constant lower crust heat production of 0.5 μW m-3 based on 
average values for exposed lower crustal rocks in the Sierra Nevadas (Brady et al., 
2006).  Thermal conductivity is taken to be a function of temperature (Durham et al., 
1987):  
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where k is thermal conductivity in W m-1 K-1 and T is temperature in K. At 20˚C, the 
thermal conductivity is 3.0 W m-1 K-1.  To remove unrealistic horizontal temperature 
gradients, we diffuse the temperature field horizontally for five million years assuming 
constant boundary temperature and a thermal diffusivity of 10-6 m2 s-1.  Figure 3d shows 
the resulting temperature field at 25 km depth, which predict geothermal gradients 
ranging from 15–35 ˚C km-1. Sources of error in our geotherm calculation include: (1) 
error in the heat flow measurements; (2) regions where the geotherm is not in steady state 
(e.g., due to rifting in the Salton Trough, active delamination in the southern Sierra 
Nevadas (Zandt et al., 2004), or fluid transport); and (3) regions where heat production 
does not follow our scaling assumption.  
3. Application to Southern California 
The prolonged tectonic evolution of the plate boundary between the 
Pacific/Farallon and North American plates has produced a heterogeneous lower crust 
throughout Southern California.  This compositional variability, combined with the 
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availability of high-resolution seismic and heat flow data, make Southern California an 
excellent testing ground for our methodology. In addition, there is a wide array of 
geologic, geochemical, and geophysical data available on the California lower crust with 
which to compare the predicted viscosity structure.   
Using Eq. (7a) with our predicted temperatures, surface strain rates, and velocities 
from the CVM, we calculate aggregate viscosities ranging from 1021–1025 Pa·s at 25 km 




𝜂𝑝𝑙𝑎𝑔𝑖𝑜𝑐𝑙𝑎𝑠𝑒  is the viscosity calculated by the wet plagioclase flow law at the same 








> 0 (blue) indicate a rheologically significant fraction of mafic 
minerals. Our method suggests that the Sierra Nevada and the Salton Trough are 
comprised of more felsic and more mafic lithologies, respectively.  These results agree 
with the inferred presence of a 30–35 km thick granitic batholith beneath the Sierra 
Nevada (Ducea and Saleeby, 1998)and evidence for large mafic additions to the lower 
crust of the Salton Trough (Lachenbruch et al., 1985). 
Further, using the input surface strain rate (Kraner et al., 2018) and the aggregate 
viscosity, we calculate the viscous stress field at 25 km depth.  The viscous stress varies 
between 0.7 MPa and 7 GPa (Figure 4c). To illustrate regions predicted to be in the brittle 
regime at 25 km depth, we compare the viscous stress to the frictional stress calculated 
assuming strike-slip conditions with a hydrostatic pore-fluid pressure (Zoback and 
Townend, 2001, Eq. 7b) and a friction coefficient of 0.6. The high viscous stresses in the 
two coldest regions (the Transverse Ranges and the Western Sierra Nevadas) clearly 
exceed the brittle strength (contoured by red lines in Figure 4c), in agreement with the 
presence of earthquakes below 25 km in the Transverse Ranges. The viscous stress is 
relatively continuous with the largest gradients coinciding with the largest temperature 
gradients.  Plotting stress from Figure 4c against temperature from Figure 3d, indicates a 
one and a half order of magnitude variation in stress at a given temperature due to 
compositional and strain rate effects (Figure 4d).  
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A cross section of the predicted viscosities across the northern Mojave (Figure 5) 
indicates both vertical and horizontal variations in composition in Southern California (as 
depicted by the change in log10
𝜂𝑎𝑔𝑔𝑟𝑒𝑔𝑎𝑡𝑒
𝜂𝑝𝑙𝑎𝑔𝑖𝑜𝑐𝑙𝑎𝑠𝑒
). The crust becomes more mafic towards the 
east in the Mojave (i.e., log10
𝜂𝑎𝑔𝑔𝑟𝑒𝑔𝑎𝑡𝑒
𝜂𝑝𝑙𝑎𝑔𝑖𝑜𝑐𝑙𝑎𝑠𝑒




) under the Sierra Nevadas and Coast Ranges. In general, the upper crust 
has an aggregate viscosity less than plagioclase; log10
𝜂𝑎𝑔𝑔𝑟𝑒𝑔𝑎𝑡𝑒
𝜂𝑝𝑙𝑎𝑔𝑖𝑜𝑐𝑙𝑎𝑠𝑒
 increases with depth in 
accord with the abundance of mafic lower crustal xenoliths from the Cima volcanic field 
(Hanchar et al., 1994).   The crustal aggregate viscosities also agree well with 
independent analyses of post-seismic creep (𝜂>1021 Pa·s) in the Mojave Desert (Freed 
and Bürgmann, 2004; Freed et al., 2007).  
To isolate the role of composition, we normalize the aggregate viscosity at a depth 
of 25 km (Figure 4a) to two constant strain rates and compare it to single-phase flow laws 
for major crust forming minerals (Figure 6). The normalized aggregate viscosities at 25 
km depth vary by almost four orders of magnitude over a temperature range of 
approximately 400˚C (Figure 6). Overall, plagioclase provides the best approximation to 
the aggregate viscosities. However, at any given temperature, the variation due to 
composition ranges up to one and a half orders of magnitude. Thus, although the 
plagioclase flow law captures the general variability of viscosity with temperature, the 
role of composition should be considered in geodynamic models of compositionally 
heterogeneous regions like Southern California.  
Finally, the temperature dependence of the aggregate viscosities is slightly less 
than plagioclase—implying that the bulk behavior of the crust can be characterized by a 
lower activation enthalpy over stress exponent ratio (E/n). Fitting an Arrhenius relation to 
the aggregate viscosities at 25 km depth using a stress exponent of 3.5 (derived from Eq. 
7a), the aggregate flow law (R2 of 0.91 and RMSE of 0.25 log10(Pa·s)) for Southern 
California is  




).    (9) 
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where E=340 ± 20 kJ mol-1 and log10(A) = -23.9 ± 0.2 log10(Pa
-3.5 s-1) (black line in 
Figure 6).  This aggregate flow law has an E/n ratio of 96 kJ mol-1; the plagioclase flow 
law has E/n=115 kJ mol-1 (Dimanov and Dresen, 2005). 
4. Discussion  
In this section, we discuss the implications and limitations of our 
methodology.  First, we discuss weakening mechanisms that are not included and their 
potential effects on crustal viscosity in Southern California. Second, we compare the 
depth of the brittle-ductile transition predicted by our method to the seismic-aseismic 
transition and discuss implications for the compositional effects on crustal strength 
profiles.  
4.1 Weakening Mechanisms 
Our methodology calculates aggregate viscosity assuming isotropic material 
properties. In addition, we do not consider the effects of hydrous phases, melt, grain size 
reduction/diffusion creep, and/or strain localization and fabric formation in shear zones. 
Below we describe the effects of each of these weakening mechanisms on our predicted 
viscosity. 
 
The presence of water in the lower crust stabilizes hydrous minerals such as 
amphibole and mica.  While the flow laws for these minerals are poorly constrained, 
some information on their strength is available.  Amphibole is relatively strong, with a 
viscosity comparable to that of pyroxene (Hacker and Christie, 1990). Thus, the addition 
of amphibole is unlikely to dramatically alter the viscosity of mafic rocks from our 
estimates. The effect of micas is more uncertain. Existing flow laws for biotite (e.g., 
Kronenberg et al., 1990) indicate that biotite is stronger than wet quartz at most lower 
crustal conditions (T > 400°C). However, experiments on quartz-muscovite aggregates 
indicate a factor of 2 weakening with the addition of ~15 vol % mica at 800ºC (Tullis and 
Wenk, 1994; Tokle et al., 2013).  Recalculating equilibrium modes for our total rock 
database with 0.5 wt% H2O, we calculate 0–15 vol% mica in felsic rocks (SiO2 > 55 wt 
%) and 0-7 vol % mica in mafic rocks (SiO2 < 55 wt %). These values imply that the 
addition of hydrous phases to our relationship between seismic velocities and viscosity 
would be most significant for felsic rocks. Thus, in regions of low 𝑉𝑝/𝑉𝑠, where felsic 
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rocks are predicted to dominate (e.g., Jagoutz and Behn, 2013; Shillington et al., 2013; 
Hacker et al., 2015), our methodology may systematically overpredict viscosity by up to 
a factor of two. 
At high temperatures and pressures the breakdown of hydrous phases leads to 
partial melting of the lower crust for certain compositions. These effects are particularly 
important in compressional regions where the crust is thick (e.g., Tibet) and/or in regimes 
with high heat flow.  Melt decreases viscosity and seismic velocity, especially 𝑉𝑠, though 
the exact form of the relationships for crustal rocks remain poorly constrained.  For this 
reason, we have omitted the effect of melt in our predictions. Further, we note that for 
crustal pressures, melt is typically present only in the β-quartz regime, where we have 
already shown our inversion poorly constrains viscosity.  Thus, if melt is present in 
regions such as the Salton Trough (Lachenbruch et al., 1985), additional considerations 
are required to estimate the regional viscosity and stress state. One method to estimate 
melt is to use magnetotelluric data (Rippe and Unsworth, 2010). Therefore, it may be 
possible to invert magnetotelluric and seismic data together to estimate possible rock type 
and melt fraction in order to bound viscosity.   
Another assumption of our methodology is that deformation occurs by wet 
dislocation creep. For actively deforming regions like Southern California, wet 
dislocation creep flow laws agree best with viscosities inferred from post seismic creep 
(e.g., Freed and Bürgmann, 2004; Behr and Hirth, 2014). While diffusion creep is an 
important mechanism within shear zones, at many lower crustal conditions the 
equilibrium grain size is typically too large for diffusion creep to be a dominant 
mechanism (Bürgmann and Dresen, 2008). The impact of shear zones depends on the 
magnitude of weakening and the volume of the rock the shear zones comprise. For the 
case of shear zones in mafic rocks, microstructural analyses indicate shear zones decrease 
the aggregate viscosity by a factor of two to four (Mehl and Hirth, 2008). 
Lastly, the Huet et al. (2014) model can only be applied on a scale over which the 
rock is considered isotropic. In reality, deformation is often localized in shear zones 
within the lower crust (e.g., Bürgmann and Dresen, 2008; Behr and Platt, 2012) resulting 
in foliated rocks. Where there is a shear zone fabric, the viscosity is best approximated by 
the weakest connected phase. The effect of fabric formation is largest at low temperature 
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where the single-phase rheologies differ the most (Figure 6). Moreover, fabric formation 
likely affects felsic rocks more than mafic rocks, because felsic rocks weaken to a quartz 
rheology (e.g., Tullis, 2002), while mafic rocks weaken to a plagioclase rheology (e.g., 
Mehl and Hirth, 2008). The arrows in Figure 7c illustrate this effect.  
4.2 Seismic-Aseismic Transition and the Brittle-Ductile Transition  
Seismic-aseismic transition, the depth below which few earthquakes occur, is 
frequently interpreted as the brittle-ductile transition (e.g., Sibson, 1982). Others interpret 
seismic-aseismic transition as the depth where friction changes from velocity-weakening 
to velocity-strengthening (e.g., Scholz, 2002). Here we compare the seismic-aseismic 
transition in Southern California to the depth of the brittle-ductile transition. We define 
the locking depth as the depth above which 95% of earthquakes epicenters are located. 
We use only A and B quality earthquakes from the Southern California Earthquake Data 
Catalog (http://scedc.caltech.edu/eq-catalogs/) and calculate a locking depth where there 
are more than 30 magnitude >3.0 earthquakes in a 15 km radius.  
The seismic-aseismic transition changes abruptly across the San Andreas Fault 
(Figure 7a), with the average locking depth deepening from 9±4 km to 15±3 km from 
east to west. To evaluate the role of temperature and composition on locking depth, we 
determine the temperature at the locking depth as inferred from the heat flow 
data.  Histograms of temperature at the locking depth exhibit Gaussian distributions with 
distinct regional means east (204ºC) and west (341ºC) of the San Andreas (Figure 7d). 
We define the depth to the brittle-ductile transition (Figure 7b) as the depth where the 
stress predicted from the aggregate viscosity becomes less than the frictional stress. 
Frictional stress is calculated assuming a hydrostatic pore-fluid pressure for strike-slip 
conditions with a friction coefficient of 0.6 (Zoback and Townend, 2001, Eq. 7b).  
The brittle-ductile transition is systematically deeper than the seismic-aseismic 
transition across Southern California. In addition, the brittle-ductile transition does not 
display an abrupt change across the San Andreas Fault. The difference between the 
seismic-aseismic transition and the brittle-ductile transition may arise due to fabric 
formation and/or the presence of hydrous phases. Further, the larger difference between 
the brittle-ductile transition and the locking depth east of the San Andreas could be linked 
to compositional variations, where foliated quartz-rich rocks promote more viscous 
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weakening at lower temperatures (Figure 7c). In fact, the quartzite flow law predicts the 
eastern locking depths accurately for an average strain rate and geotherm near the San 
Andreas Fault (Figure 7d). It is more difficult to constrain what controls the locking 
depth west of the San Andreas Fault. The locking depth is clearly shallower than the 
brittle-ductile transition calculated with an aggregate viscosity for either a gabbro or 
granite, yet significantly deeper than quartz (Figure 7d). The relatively shallow locking 
depth could be caused by viscous weakening due to the presence of hydrous phases, a 
transition to a more lithostatic effective stress (c.f., Hirth and Beeler, 2015), and/or a 
transition to velocity-strengthening friction.  
5. Conclusions  
We investigate a new methodology to predict aggregate crustal viscosity given a 
strain rate, pressure, temperature, and independent estimates of 𝑉𝑝 and 𝑉𝑠. Our 
methodology is robust in the α-quartz regime, but is not robust in the β-quartz regime. 
Because we do not incorporate hydrous phases, melt, diffusion creep, or strain 
localization, our aggregate viscosities represent an upper bound, but likely give accurate 
estimate in regions where strain localization is less important (e.g., higher temperatures).  
Applying our methodology to Southern California, we find that viscosity varies 
by up to four orders of magnitude at 25 km depth, with at least a one and a half order of 
magnitude variation due to composition and the remainder due to variations of 
temperature and strain rate. The aggregate viscosity of the Southern Californian lower 
crust resembles the wet dislocation creep flow law for plagioclase but is stronger than 
plagioclase at high temperatures. To address this misfit, we also calculate a best-fit 
aggregate flow law for Southern California. However, we emphasize that the viscosities 
calculated using any single flow law would not accurately depict regional variation due to 
composition. Thus, while temperature is the dominant effect for many actively deforming 
regions like Southern California, compositional effects are significant and need to be 
accounted for in geodynamical models of crustal flow. Our method is general, and can 
easily be applied to other regions; such analyses will be most successful if high quality 
geophysical data are available to constrain temperature, seismic velocities, and strain 
rates. 
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We find that the seismic-aseismic transition deepens abruptly from east to west 
across the San Andreas Fault.  Locking depths east of San Andreas Fault are well fit by 
the brittle-ductile transition calculated using a quartzite flow law. This observation 
suggests the importance of fabric formation in shear zones in felsic lithologies 
immediately beneath the seismogenic zone, in which case the weakest phase (quartz) 
controls the effective viscosity. The deeper locking depths west of the San Andreas Fault 
likely reflect changes in composition that inhibit formation of fabrics with a quartz-
dominated rheology.  
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Figure 1.1: a) Calculated aggregate viscosity as a function of SiO2 for the total rock 
database at T=650˚C, P=0.6 GPa, 𝜖̇=10-15 s-1, 𝑎𝐻2𝑂=1.0. b+c) Viscosity as a function of 
𝑉𝑠 (left) and 𝑉𝑝 (right) colored by wt % SiO2. d) Viscosity as a function of 𝑉𝑝 colored by 
𝑉𝑠. See Section 2 for explanations of total rock database, velocity calculations, and 
viscosity calculations.   
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Figure 1.2: a and b) Each point in these figures denotes R2 (goodness of fit) for fits at a 
constant P-T (Eq. 6) and either constant strain rate (left) or stress (right) (𝜖̇=10-15 s-1 or 
𝜎=10 MPa,  𝑎𝐻2𝑂=1.0). Grey line denotes the α-β quartz transition. 60 (blue, ~15˚C/km
-1), 
80 (black, ~20˚C/km-1), and 100 (red, ~26˚C km-1) mW m-2 geotherms shown for 
reference. Red star denotes the conditions in Figure 1. c and d) Each point in these 
figures denotes the R2 for the generic fit at that P-T condition (Eq. 7a and 7b 




Figure 1.3: a+b) 𝑉𝑝 (left), 𝑉𝑠 (right) at 25 km depth from the Community Velocity 
Model-S4.26 (Lee et al., 2014). White regions indicate areas outside of model domain or 
with predicted mantle velocities. c) Second invariant of surface strain rate (Kraner et al., 
2018). d) Modeled temperature of Southern California at 25km depth (see Section 2 for 




Figure 1.4: a) Viscosities calculated for Southern California at 25 km depth using Eq. 
(7a) using data shown in Figure 3 assuming 𝑎𝐻2𝑂=1.0. b) log10
𝜂𝑎𝑔𝑔𝑟𝑒𝑔𝑎𝑡𝑒
𝜂𝑝𝑙𝑎𝑔𝑖𝑜𝑐𝑙𝑎𝑠𝑒
 the same depth 
(see Section 3 for explanation). c) Ductile stress field at the same depth. Red lines 
contour areas where the predicted ductile stress is greater than the yield stress. White 
regions denote regions lacking data, regions predicted to be in the β quartz regime 
(T>750˚C at 25km depth), or regions where the seismic velocities are greater than error 
away from predicted possible velocities used to fit the model. Grey lines indicate the San 
Andreas, Garlock, and San Jacinto Faults. Pink line denotes location for Figure 5. CVF= 
Cima Volcanic Field, SN: Sierra Nevadas, TR: Transverse Ranges d) Stress from c) 
scattered against the temperature field (Figure 3d) colored by 𝑉𝑝/𝑉𝑠. Red line depicts the 




Figure 1.5: Strain rate, topography, predicted viscosity, and log10
𝜂𝑎𝑔𝑔𝑟𝑒𝑔𝑎𝑡𝑒
𝜂𝑝𝑙𝑎𝑔𝑖𝑜𝑐𝑙𝑎𝑠𝑒
 (see Section 
3 for explanation) along the Mojave at 35˚N (A-A’ in Figure 4). Black lines denote the 
Moho. Grey dashed line indicates predicted brittle-ductile transition. Red dots indicate 
earthquake epicenters within 10 km north or south of the cross section. White regions 
denote regions lacking data, regions predicted to be in the β quartz regime, or regions 
where the seismic velocities are greater than error away from predicted possible 
velocities used to fit the model. Grey box denotes upper crust where velocity calculations 




Figure 1.6: Viscosity at each grid point from Figure 4a plotted versus temperature 
calculated at 25 km depth corrected to a 𝜖̇ of 10-15 s-1 (left) or 10-13 s-1 (right) colored by 
𝑉𝑝/𝑉𝑠.  Solid lines represent the predicted viscosities for quartz(grey) (Hirth et al., 2001), 
plagioclase(light blue) (Rybacki et al., 2006), pyroxene(dark blue) (Dimanov and Dresen, 
2005), and olivine(green) (Hirth and Kohlstedt, 2003). Note that garnet is assumed to 
follow the same flow law as pyroxene (see text for discussion). The black line represents 




Figure 1.7: a) Observed regional seismic-aseismic transition. b) Predicted brittle-ductile 
transition, white regions are where the velocity model outputs were continuously 
anomalous until at least 20km depth. c) Viscosity along a 70 mW m-2 (~17˚ C km-1) 
geotherm for quartz and plagioclase wet dislocation creep flow laws as well as calculated 
aggregate viscosities for a granite and basalt from the rock database. Black arrows show 
the rheologic effect of fabric formation weakening the granite and gabbro flow laws to 
their weakest phase, quartz and plagioclase respectively. d) Christmas tree stress diagram 
of a) showing the differential stress as a function of depth for various flow laws and the 
eastern (solid) and western (dashed) mean locking depths are plotted. Eastern (red) and 








a1 (log10(Pa·s)) -0.3780 7.4290 
a2 (log10(Pa·s)·log10(s)) -0.7123 -2.4975 
a3 (log10(Pa·s)) -0.2877 -1.0000 
a4 (log10(Pa·s)·K) 5.2041 -9.2960 
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Gore Mountain Garnet Amphibolite records UHT Conditions: 
Implications for the Rheology of the Lower Continental Crust 
During Orogenesis 
 
This chapter was originally published as: Shinevar, W. J., Jagoutz, O., & VanTongeren, J. 
A. (2021). Gore Mountain Garnet Amphibolite records UHT Conditions: Implications for 
the Rheology of the Lower Continental Crust During Orogenesis. Journal of Petrology. 
doi.org/10.1093/petrology/egab007 . Used with permission as granted in the original 
copyright agreement.  
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ABSTRACT 
 The Gore Mountain Garnet Amphibolite (GMGA), part of the Mesoproterozoic 
Grenville province in the Adirondack Highlands, NY, USA, is an iconic rock type known 
for hosting the world’s largest garnets (up to 1 m diameter). We present a new detailed 
petrographic study of these rocks. Field relations, whole rock, and mineral major and 
trace element chemistry suggest that these rocks formed via a prograde hydration reaction 
of a metagabbro during an increase in pressure and temperature. Laser ablation-
inductively coupled plasma mass spectrometry (LA-ICPMS) U-Pb geochronology 
applied to zircon interpreted to be metamorphic in origin dates this reaction to 
1053.9±5.4 Ma (2σ; MSWD = 0.94), during the Ottawan Orogeny (1090-1020 Ma). Our 
results on peak metamorphic P-T conditions based on thermobarometry, diffusion 
models, and thermodynamic modelling indicate that these rocks formed at ultra-high 
temperature (UHT, >900˚C) conditions (P = 9–10 kbar, T = 950±40˚C), significantly 
hotter than previously estimated. Diffusion models pinned by nearby cooling ages require 
the GMGA to initially cool quickly (9.1 ˚C Myr-1), followed by slower cooling (2.6 ˚C 
Myr-1). The two-stage cooling history for the GMGA could reflect initial advection-
dominated cooling followed by conduction-dominated cooling once flow ceases. Our 
results suggest that the region was hot enough to undergo topography-driven lower 
crustal flow similar to that hypothesized for modern Tibet for 20–0 Myr (25–0 Myr when 
the effects of melt are included).   
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INTRODUCTION   
The rheology of the lithosphere controls how orogens evolve and is dominantly 
controlled by the lithospheric thermal structure (Ranalli, 1997; Bürgmann and Dresen, 
2008; Shinevar et al., 2018). Understanding the thermal evolution of the lithosphere during 
orogenesis is critical to understanding the stress state and dynamics occurring in the lower 
crust of the modern-day Himalayan Orogeny. Super-solidus temperatures have been 
hypothesized for the lower crust of Tibet to explain geophysical observations of high-
conductivity (Chen et al., 1996; Unsworth et al., 2005), low seismic velocity (Makovsky 
et al., 1996; Nelson et al., 1996), and the low lower crustal viscosities required to produce 
a low relief, but topographically high plateau (Bird, 1991; Royden et al., 1997). Geotherms 
for tectonically active areas are difficult to constrain from surface heat flow measurements 
due to the variable crustal distribution of heat-producing elements and unconstrained 
thermal advection due to melt and fluids (Chapman, 1986).  
Fortunately, the Grenville Province in the northeastern United States exposes a 
suite of metamorphic lower crustal rocks formed during a continent-continent collisional 
orogenesis associated with the assembly of the supercontinent Rodinia ~1.3–0.9 billion 
years ago (McLelland et al., 1996, 2010a; Rivers, 1997, 2008, 2015; Carr et al., 2000; 
Rivers et al., 2002; Li et al., 2008a). Grenville-age rocks consist of low-pressure schists to 
eclogite facies rocks, which allow for the tectonic reconstruction of several episodes of 
deformation, magmatism, and metamorphism in the mid-lower crust (Rivers, 1997, 2008, 
2012). Furthermore, the final phase of Grenville mountain building, the Ottawan Orogeny 
(1090–1020 Ma), is considered an example of a large hot orogeny similar to the modern 
Himalayan Orogeny due to granulite facies temperatures and structural evidence for lower 
crustal channel flow (Jamieson et al., 2002, 2007, 2010; Rivers, 2009, 2015). Therefore, 
studying the thermal evolution of the lower crust during the Ottawan Orogeny can improve 
our constraints on the thermal regime and hence rheology and dynamics of modern 
orogenesis. 
 Within the Grenville Province, in the Adirondack Mountains of New York, USA,  
are several notable and unique rock exposures including massif anorthosites and the 
spectacular Gore Mountain Garnet Amphibolite (GMGA) with single garnet crystals up to 
1 m diameter. Early studies concluded that the GMGA resulted from prograde 
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metamorphism of the nearby metagabbro via the intrusion of a melt (Miller, 1938; Levin, 
1950). Later studies noted near isochemical major element whole rock compositions of the 
GMGA and nearby metagabbro, arguing that the GMGA formed during metamorphism of 
the metagabbro due to the intrusion of a saline lower crustal fluid rather than a melt 
(Buddington, 1939; Bartholome, 1960; Luther, 1976; McLelland and Selleck, 2011). 
Previous authors (Goldblum and Hill, 1992; McLelland and Selleck, 2011) argued that the 
fluid causing this metamorphism rose in a high-temperature shear zone formed due to the 
contrasting rheologies of the metagabbro and adjacent feldspar-rich lithologies. Existing 
pressure-temperature (P-T) estimates based on garnet-clinopyroxene Fe-Mg thermometry 
indicates that the GMGA formed at peak metamorphic temperatures 775–926°C assuming 
7.5 kbar pressure (Sharga, 1986). Recent work, however, has documented evidence for 
ultra-high temperature metamorphism within the Adirondacks (Alcock et al., 2004) 
suggesting that peak P-T conditions regionally may have been greater than previously 
thought.   
 Here we present detailed petrological analysis, geochronology, diffusion 
modelling, and thermodynamic modelling in order to better constrain the timing and 
duration of the metamorphic P-T conditions that gave rise to these megacrystic garnet 
outcrops. Our results have implications for the nature of the lower crust during long-lived 
continent-continent collisions and subsequent orogenic collapse. 
BACKGROUND 
The Adirondack Mountains in northern New York, USA form a circular region of 
~260 km diameter and topography up to 1,620 m (Figure 1). Today, the Adirondack 
Mountains have a 45–50 km thick crust, thicker than the surrounding ~40 km thick 
Grenville age crust (Li et al., 2018). The Adirondack Mountains are a southwestern portion 
of the Grenville Province and divided topographically into the Adirondack Highlands in 
the southeast, which consists mainly of granulite-facies orthogneisses, and the Adirondack 
Lowlands in the northwest, which consists mostly of amphibolite-grade metasedimentary 
and metaigneous rocks. The Carthage-Colton shear zone (CCMZ, Figure 1) separates the 
two regions.  
The Adirondack Mountains record hundreds of millions of years of geological 
history. The oldest rocks in the Adirondacks Highlands are metasediments that are crosscut 
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by highly deformed ca. 1330–1307 Ma calc-alkaline tonalites in the southern and eastern 
Highlands (McLelland et al., 1988, 2010a; McLelland and Chiarenzelli, 1990).  The 
tonalites are thought to have formed within a continental arc on the Laurentian margin.  
Fragments of this margin subsequently rifted away between 1.4–1.3 Ga (Hanmer et al., 
2000). Following rifting, basin closure lead to the Elzevirian Orogeny (1250–1220 Ma) 
and renewed subduction-related magmatism recorded in the Adirondack Highlands 
(McLelland et al., 2001; Chiarenzelli et al., 2010). Approximately 30 Myr after the 
Elzevirian Orogeny, the Adirondack Highlands-Green Mountain Belt collided with 
southeast Laurentia causing the Shawinigan Orogeny (1190–1140 Ma) (Wasteneys et al., 
1999). During the end of this orogeny, the 1170–1130 Ma anorthosite-mangerite-
charnockite-granitoid (AMCG) suite intruded into the Adirondack Highlands (Hamilton et 
al., 2004; McLelland et al., 2004). The AMCG suite is typically associated with 
leucogabbros, gabbros, norites, oxide-apatite gabbronorites, oxide-rich gabbronorites, and 
nelsonites (Buddington, 1939, 1952; Isachsen, 1969; Emslie and Hunt, 1990; McLelland 
and Whitney, 1990; Seifert et al., 2010). The AMCG suite includes the coarse-grained, 
Proterozoic massif-type anorthosites throughout the Grenville Province. The main 
anorthosite massifs in the Adirondacks are the Marcy Massif in the northern Adirondack 
Highlands and the Oregon Dome in the central Adirondack Highlands (Figure 1). 
The last major regional thermotectonic event recorded in the Adirondack Highlands 
was the collision of Amazonia with Laurentia, resulting in the Ottawan Orogeny (1090–
1020 Ma) (McLelland et al., 2001). The Lowlands contains Ar-Ar Ottawan amphibole 
ages, but lacks Ottawan U-Pb rutile ages, constraining the Lowlands peak temperatures 
between 500–750˚C during the Ottawan Orogeny (Mezger et al., 1993; Streepey et al., 
2001; Dahl et al., 2004; McLelland et al., 2013). Originally peak pressure-temperature (P-
T) conditions for the Adirondack Highlands during the Ottawan Orogeny were thought to 
be between 700–850˚C and 7–8 kbar (Bohlen et al., 1985; Valley et al., 1990) with the 
highest P-T conditions in the northwestern portion near the Marcy Massif.  However, more 
recent studies have shown that high temperatures (>800˚C) occurred throughout the central 
and southern Adirondack Highlands, suggesting a more homogeneous, granulite facies 
temperature during the Ottawan Orogeny throughout the Adirondack Highlands (Spear and 
Markussen, 1997; Pattison et al., 2003; Darling et al., 2004; Peck et al., 2004; Storm and 
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Spear, 2005, 2009; Chiarenzelli et al., 2011). Similarly, studies investigating anatectic 
events at ~1050 Ma in the northern and central Adirondack Highlands posit the possibility 
that temperatures could have reached ultra-high temperature conditions (UHT, >900˚C) 
during peak metamorphism (Alcock et al., 2004; Bickford et al., 2008). The Lyon 
Mountain Granite (now the Lyon Mountain Granite Gneiss) (LMG) intruded into the north 
and east Adirondack Highlands after the metamorphic peak of the Ottawan Orogeny and 
are the youngest igneous rocks in the Adirondack Highlands, emplaced at 1060–1047 Ma 
(Selleck et al., 2005; Valley et al., 2011; Chiarenzelli et al., 2017). Valley et al. (2011) 
argued that the preservation of typical igneous minerals in a 1047.5±2.2 Ma fayalite granite 
and the lack of much penetrative deformation in most of the LMG suggests that most 
Ottawan prograde metamorphism in the Adirondacks ended by ca. 1045 Ma. The Rigolet 
phase of the Grenville Orogeny (ca. 1000–980 Ma (Rivers, 2008)) was relatively mild in 
the Adirondack Highlands producing a few pegmatites and zircon overgrowths, but did not 
reset Adirondacks monazite U-Pb ages (Lupulescu et al., 2011; Wong et al., 2012; 
McLelland, 2016).  
 Previous studies argued that the GMGA formed during the Ottawan Orogeny due 
to hydration of the adjacent AMCG-related olivine-metagabbro (Buddington, 1939; 
Bartholome, 1960; Luther, 1976; McLelland and Selleck, 2011). Metamorphic P-T 
conditions have been estimated using experimentally constrained phase diagrams by 
(Luther, 1976)  at 7-8 kbar and 700-800˚C. Fe-Mg clinopyroxene-garnet thermometry 
(Ellis and Green, 1979) applied to the adjacent gabbroic anorthosite produces temperatures 
from 774–926˚C assuming 7.5 kbar pressure (Sharga, 1986). Previous authors (Luther, 
1976; McLelland and Selleck, 2011) hypothesized the garnet formation reaction to be 
Plagioclase+olivine+spinel+orthopyroxene+H2O→  
garnet+amphibole.      (1) 
The discovery of metastable cristobalite inclusions in the megacrystic garnets led Darling 
et al. (1997) to hypothesize that the garnet formation reaction included melting consistent 
with the presence of felsic, partly pegmatitic dykes within the GMGA that have two 
concordant zircon ages with a weighted average of 1008±10 Ma (2σ) using sensitive high-
resolution ion micro- probe (SHRIMP) (Figure 8, McLelland and Selleck, 2011).  
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Previous garnet trace element and zircon U-Pb geochronology have been conducted 
on the GMGA. A 30 cm diameter garnet from the GMGA yielded a Sm-Nd age of 1051± 
4 Ma, while a 14 cm garnet gave a rim age of 1029±3 Ma and a core age of 1018± 7 Ma 
(Mezger et al., 1992). Another Sm-Nd isochron using a garnet of unknown size gave an 
age 1059±19 Ma (Basu et al., 1989). More recent analyses on a ~8 cm diameter garnet 
produced a Sm-Nd age of 1061± 12 Ma and a Lu-Hf age of 1087 +25/-27 Ma, though the 
Lu-Hf age is corrected for an estimated zircon content (Scherer et al., 2000). Improved 
methods that avoid zircon dissolution give garnet Lu-Hf ages of 1046.6±6.1 Ma for two 
1.5 cm diameter garnets (Connelly, 2006).  Multi-grain thermal ionization mass 
spectrometry of zircons separated from the GMGA produced a concordant U-Pb 
metamorphic zircon age of 1055±2 Ma (Scherer et al., 2000). This zircon age agrees with 
the SHRIMP 207Pb/206Pb zircon age of 1048±10 Ma (2σ; MSWD = 0.7) found in irregular 
metamorphic rims in the nearby Oregon Dome ferrodiorite (Hamilton et al., 2004).  
FIELD RELATIONSHIPS 
While megacrystic garnet amphibolite occurs throughout the Adirondack 
Highlands (red stars, Fig. 1), the most spectacular outcrops of these rocks are exposed at 
the Barton Garnet Mine, located in North Creek, NY. The Gore Mountain garnet deposit 
is a ~50 m by 600 m east-west trending outcrop of megacrystic garnet amphibolite, 
sometimes referred as “black ore” (Figure 2). The garnets were mined and pulverized for 
industrial abrasives such as in sandpaper or polishing rouge. The ore contact dips slightly 
to the west (Levin 1950). The mine consists of a set of multilevel pits that increase in 
altitude towards the east with 10-20 m steps. There exist two separate types of megacrystic 
garnet amphibolite, one with plagioclase in the matrix (light red, Figure 2), and one without 
plagioclase in the matrix (dark red, Figure 2), here labeled as garnet hornblendite.  
To the north of the GMGA, an olivine-bearing metagabbro crops out that contains 
plagioclase clouded with numerous exsolved spinel crystals. This lithology is referred to 
as the ‘spinel-clouded plagioclase metagabbro’. Similar spinel-clouded plagioclase 
metagabbros in the Adirondack Highlands are interpreted to be related to, and are coeval 
with, the ca. 1150 Ma AMCG suite magmatism (McLelland and Chiarenzelli, 1989; 
McLelland et al., 2004).  Between the megacrystic GMGA and spinel-clouded 
plagioclase metagabbro (olive green, Figure 2), a 2-3 m wide transition rock exists here 
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named the ‘recrystallized metagabbro’ (Figure 3, bottom middle). Across this transition, 
grain size increases by more than an order of magnitude (amphibole grain size increases 
from ~1 mm to ~1 cm, garnet grain size increases from <1 mm to up to 40 cm in scale) 
and the green, inclusion filled plagioclase grains grade into white, recrystallized 
plagioclase grains towards the GMGA.  
To the east and west of the GMGA is a garnet-bearing meta-anorthosite, 
sometimes referred to as the “white ore” (purple, Figure 2), which contains garnets 
typically <5 cm in diameter (Sharga 1986). Luther (1976) found a sheared, anorthositic 
xenolith in the eastern transition between the GMGA and the spinel-clouded plagioclase 
metagabbro suggesting that the metagabbro intruded into the gabbroic anorthosite. The 
link between metagabbro emplacement and AMCG magmatism is further supported by 
exposure of coronitic spinel-clouded plagioclase metagabbro adjacent to AMCG-related 
magmatism in Ontario, Canada having baddeleyite ages of ca. 1170 Ma (Davidson and 
van Breemen 1988).  Zircon from the Ontario metagabbro record an age of 1047±5 Ma, 
and other Adirondack metagabbros also yield ages between 1060–1030 Ma; these ages 
have been interpreted as zircon formation owing to granulite-facies metamorphism or 
metasomatism during the Ottawan Orogeny (Davidson and van Breemen, 1988; Hamilton 
et al., 2004).  
Farther to the west of the western anorthosite, and south of the GMGA, is a 
metasyenite (light purple, Figure 2), also referred to as a syenite or charnockite 
(McLelland and Selleck, 2011) or syenitic granulite (Luther, 1976). At the southern 
boundary between the GMGA and metasyenite is a ~1 m thick shear zone of gabbroic 
anorthosite reported by Luther (1976), though the authors were unable to verify this due 
to access issues. A later vertical fault is inferred from the presence of slickenlines in 
debris near the southern contact.  
 
LITHOLOGIC DESCRIPTIONS  
 Textural relations of all the rock types investigated are described below. Most 
samples for this study were taken in or near Pit 4 of the Barton Garnet Mine (Figure 2, 3). 
GPS coordinates of samples are listed in Table 1 with mineral modes.  
Spinel-clouded Plagioclase Metagabbro 
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The spinel-clouded plagioclase metagabbro (Figure 3, bottom left) is a medium-
grained (0.25–10 mm) rock composed of plagioclase (29–49 vol. %), clinopyroxene (10.5–
31 vol. %), garnet (10–23 vol. %), orthopyroxene (2–9.5 vol. %), amphibole (4–10 vol. %), 
biotite (1–8 vol. %), olivine (0–5 vol. %), and accessory phases of hercynitic spinel, 
magnetite, ilmenite, iron sulfides. In thin section, a relict subophitic magmatic texture is 
preserved composed of originally ~10 mm large euhedral plagioclase laths and anhedral 
clino- and orthopyroxene (Figure 4a). Other minor primary igneous minerals are olivine, 
which is found in the core of olivine-pyroxene-garnet coronas (Luther, 1976). The original 
igneous texture was overprinted during metamorphic re-equilibration. The original ~10 
mm large pyroxene recrystallized into 2–5 mm size grains. Larger pyroxene grains have 
exsolution lamella of the opposing pyroxene. The plagioclase is characterized by numerous 
hercynitic spinel exsolutions in the core of recrystallized minerals making the plagioclase 
cloudy. Locally biotite inclusions occur in plagioclase. The rims of plagioclase grains are 
often clear and lack inclusions. Fine-grained (<0.5 mm) garnet occurs at the contact 
between plagioclase and pyroxene, often forming garnet coronas around plagioclase 
outlining the original plagioclase grain size. These garnets form a symplectite with fine-
grained (0.25–1 mm) euhedral clinopyroxene and orthopyroxene. Fine-grained (0.5–2 mm) 
biotite-amphibole clusters locally rim the plagioclase laths (Figure 4a).  
Recrystallized metagabbro   
The recrystallized metagabbro (Figure 3, bottom middle) is a medium-grained 
(0.5-5 mm) rock composed of plagioclase (30.5–48 vol. %), amphibole (27–39 vol. %), 
garnet (15.5–19 vol. %), clinopyroxene (4–13 vol %), biotite (1–6 vol. %), and 
orthopyroxene (1.5–4.5 vol %) with accessory phases hercynite, apatite, magnetite, and 
iron sulfides. In thin section, 1-5 mm anhedral plagioclase grains and 2-3 mm grain size 
amphibole-biotite clusters form a granoblastic texture with regions of fine grained (<1 
mm) garnet-orthopyroxene-clinopyroxene symplectites (Figure 4b). Most plagioclase 
grains lack inclusions, but locally some grains have biotite and spinel inclusions. Some 
plagioclase grains have polysynthetic twinning. Grains of amphibole and biotite form 
larger clusters (~10 mm, 33-40 vol. %) than observed in the spinel-clouded plagioclase 
metagabbro (~5 mm, 12–16 vol. %). Fine grained (0.25–1 mm) metamorphic garnet 
forms symplectites with fine-grained (<0.5mm) orthopyroxene and clinopyroxene. Garnet 
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grains are larger in the recrystallized metagabbro (0.25–1 mm) than in the spinel-clouded 
plagioclase metagabbro (<0.5 mm) and formed by plagioclase, orthopyroxene, and 
clinopyroxene reacting to garnet. Despite textural differences the recrystallized 
metagabbro and the spinel-clouded plagioclase metagabbro have the same whole rock 
chemistry (Electronic Appendix 1, Figure 5) and similar mineral chemistry (Electronic 
Appendix 2). Therefore, we interpret this rock to be a more deformed and hydrated 
version of the spinel-clouded plagioclase metagabbro.  
Gore Mountain Garnet Amphibolite and Hornblendite 
The GMGA (Figure 3, bottom right) is a very coarse-grained (2-40 cm) rock 
composed of amphibole (46–68 vol. %), plagioclase (0–29 vol. %), garnet (15–24 vol. 
%), orthopyroxene (0–3 vol. %), and biotite (0–2 vol. %) with accessory magnetite, 
ilmenite, zircon, spinel, apatite, chlorite, iron sulfides, and quartz. The most distinctive 
feature of this rock is the megacrystic garnet porphyroblasts (regularly 1–40 cm in 
diameter), which are often rimmed by thick (1–5 cm thick) coarse grained (~1 cm) 
amphibole. Some garnet grains are rimmed by a thin (<3 mm thick) medium grained (~1 
mm) plagioclase, which is then surrounded by a thicker (1–3 cm thick) coarse-grained 
(~1–3 cm) amphibole (Figure 4c). Locally, and especially towards the southern fault 
zone, garnet is rimmed by coarse-grained (>1 cm) biotite instead of amphibole. Although 
amphibole rims around garnet are common, not all megacrystic garnets exhibit them.  
Garnet megacrysts have many fine- to coarse-grained (0.2–15 mm) inclusions of 
orthopyroxene, amphibole, biotite, chlorite, plagioclase, magnetite, iron-sulfides, quartz, 
apatite, rutile, zircon, ilmenite. Inclusion minerals can also include dolomite (McLelland 
and Selleck, 2011) and cristobalite (Darling et al., 1997). Electron backscatter diffraction 
(EBSD) shows that the garnet porphyroblasts lack subgrain boundaries associated with 
polycrystalline aggregates (Figure 4d). Thus, the megacrystic garnet porphyroblasts are 
single crystals. The garnets are always rutilated (Figure 4e), with rutile grains exsolving 
along the garnet <111> directions (Figure 4f). Rutile inclusions sometimes coexist with 
ilmenite and/or zircon and are 5-40 μm wide. No rutile exists in the matrix. On the 
outcrop-scale, megacrystic garnet also occur in a vein-like fashion (McLelland and 
Selleck, 2011). Some plagioclase grains have polysynthetic twinning and inclusions of 
spinel, amphibole, and biotite. The matrix of these rocks is granoblastic consisting of 
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coarse-grained (0.5–3 cm) amphibole, medium-grained (0.5–1 cm) plagioclase, and 
medium-grained (3–5 mm) orthopyroxene. In the matrix, away from the garnet, 
orthopyroxene-plagioclase-amphibole symplectites occur at the boundaries of amphibole 
and plagioclase grains.  
Within the GMGA outcrop, there are local outcrops of a garnet hornblendite (dark 
red, Figure 2). The garnet hornblendite is a medium grained to megacrystic (0.5–40 cm) 
rock composed of amphibole (61–79 vol. %), garnet (0–24 vol. %), orthopyroxene (10–
19 vol. %), and biotite (4–8 vol. %) with accessory phases of clinopyroxene, plagioclase, 
ilmenite, rutile, apatite, magnetite, iron sulfides, and zircon. Garnet often occurs as 
megacrystic garnet (1–40 cm) porphyroblasts, as in the GMGA, with similar inclusions 
surrounded by coarse–grained (1–5 cm) euhedral amphibole. Locally garnet occurs as 
elongated, anhedral, medium grains (1–5 mm) with embayments occupied by medium-
grained (~1 mm) anhedral amphibole (Figure 4g). Orthopyroxene occurs as fine–grained 
(~0.5 mm) anhedral grains surrounded by amphibole. If present, fine grained (0.1–0.5 
mm) anhedral plagioclase occurs near garnet grains. Portions of the hornblendite are 
garnet-free.  
Gabbroic Anorthosite 
 The gabbroic anorthosite is a medium- to coarse-grained (0.1–15 cm) rock 
composed of plagioclase (74–83 vol. %), garnet (5–12 vol. %), amphibole (5 vol. %), 
biotite (1–8 vol. %), orthopyroxene (0–6 vol. %), and clinopyroxene (0–6 vol. %) with 
accessory phases of ilmenite, magnetite, zircon, and apatite. Some sections of this rock 
contain ~1 cm megacrysts of orthopyroxene, clinopyroxene, and or plagioclase. West of 
the GMGA deposit, the gabbroic anorthosite contains megacrystic garnet porphyroblasts, 
commonly 1–5 cm diameter with some up to 15 cm diameter. They increase in size 
towards the fault. The garnet porphyroblasts can be rutilated and are often surrounded 
with thin (~1 mm thick) fine-grained (0.5–1 mm) plagioclase rims. This rock is often 
strongly horizontally foliated showing bands of mafic minerals. The western portion of 
this outcrop is strongly lineated, with lineations defined by strung out garnet 
porphyroblasts plunging slightly to the west with trails of mafic minerals. In thin section, 
a blastomylonitic texture is formed by the fine-grained (0.5–1 mm) recrystallized 
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plagioclase (Figure 4h).  Sericite and other phyllosillicates have been found in samples of 
gabbroic anorthosite near the southern wall fault (Sharga, 1986). 
Metasyenite 
 The metasyenite is a medium-grained (1–4 mm) rock composed of microcline 
(54–83 vol. %), plagioclase (8–24 vol. %), quartz (0–12 vol. %), amphibole (1–7 vol. %), 
clinopyroxene (1–6 vol. %), and orthopyroxene (1–5 vol. %) with accessory phases of 
garnet, apatite, and oxides (Luther 1976). The metasyenite has a well-developed foliation 
defined by bands rich in mafic minerals. In thin section, a granoblastic texture is formed 
by medium grained (0.2–4 mm) microcline with perthitic twinning and fine grained (≤1 
mm) anhedral amphibole, orthopyroxene, clinopyroxene, and biotite grains.  Locally, 
garnet surrounded by thin (~1 mm thick) amphibole rims can be present (Luther 1976). 
Zircons separated from a sample of the metasyenite from the Gore Mountain Ski Lift 
parking lot has been dated with U-Pb sensitive high resolution ion micro- probe 
(SHRIMP) core ages of 1154±17 Ma with zircon rim ages of 1041±6 Ma (Hamilton et 
al., 2004). 
ANALYTICAL METHODS 
 Fifteen samples were studied in detail in this study (Table 1): two gabbroic 
anorthosites (15-ADK-11, 15-ADK-14), two spinel-clouded plagioclase metagabbros 
(17-ADK-07, 17-ADK-08), three recrystallized metagabbros (15-ADK-02, 17-ADK-10, 
17-ADK-12), six megacrystic garnet amphibolites (15-ADK-12, 15-ADK-5A, 15-ADK-
9A, 15-ADK-13, 17-ADK-09, 17-ADK-11), and two garnet hornblendites (15-ADK-07, 
17-ADK-03). 
Thin Section Preparation 
When foliation and/or lineation was present, thin sections were prepared 
perpendicular to foliation and parallel to lineation. The large garnet thin section described 
here (17-ADK-09G) was made from a near-spherical garnet sample with matrix 
surrounding. The garnet was measured using calipers and cut so that the produced thin 
section would represent a representative cross-section through the center of the grain. 
Mineral proportions are calculated by point counting of the thin sections with >500 points 
using ImageJ (Schneider et al., 2012). For megacrystic samples, >1 m scale pictures were 
point counted to distinguish the amount of megacrystic garnet from matrix. Multiple 
 56 
matrix thin sections were then point counted to estimate the range of matrix mineral 
percentages. Final modal estimates for the megacrystic samples were then calculated by 
combining these two estimates.  Mineral modes for each sample are listed in Table 1. 
Whole-Rock Chemistry 
Major and trace element concentrations of bulk rock samples were determined 
using a ThermoARL Perform'X X-ray fluorescence (XRF) spectrometer and by Laser 
Ablation-Inductively Coupled Plasma Mass Spectrometry (LA-ICP-MS) at the Hamilton 
Analytical Lab at Hamilton University. Replicate analyses of bulk rock samples were run 
from aliquots of the same crushed and powdered material. All measured powders were 
homogenized from 1.4–2.5 kg samples to account for medium grain size. Weights for 
each individual sample are listed with whole-rock chemistry in Electronic Appendix 1.   
Mineral Chemistry 
Major element compositions of all mineral phases were determined using 
wavelength-dispersive spectrometry (WDS) on the 5-spectrometer JEOL 8200 electron 
microprobe (EPMA) at the Massachusetts Institute of Technology (MIT). All major 
element measurements were acquired using a 15-kV accelerating voltage, 10 nA beam 
current, and 1 μm spot sizes, except for plagioclase analyses, which required a 20 μm 
spot size. Measuring times were 40 s for all elements and minerals, except rutile, which 
used 200s to optimize counting statistics for Zr measurement. Background counting times 
were half of the peak counting time. All data was reduced using the CITZAF correction 
package (Armstrong, 1995) to obtain quantitative analyses. Counting statistics 
uncertainties are typically in the range of 0.02–0.06 wt%. WDS chemical mapping for the 
Mg, Fe, Ca, Mn, and P in garnet were acquired using the JEOL JXA-8530F field 
emission gun electron probe microanalyzer (FEG-EPMA) and Probe for EPMA software 
at Yale University using 15 kV, 150 nA, and a 150 ms dwell time. Major element mineral 
chemistry is reported in Electronic Appendix 2.   
Electron Backscatter Diffraction 
Electron backscatter diffraction (EBSD) is used to characterize microstructural 
relationships and quantify patterns of crystallographic orientations for the megacrystic 
garnet grains. EBSD analyses were performed in the Department of Earth and 
Environmental Sciences at Boston College using a Tescan MIRA3 LMU FEG-SEM 
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equipped with an Oxford Instruments Symmetry (EBSD) detector. EBSD data were 
acquired using an accelerating voltage of 25 kV and beam currents ranging from 25-50 
nA. The analytical method is described in detail by Prior et al. (1999). 
Zircon Separation 
Zircon was separated from one sample (17-ADK-09) of GMGA through standard 
crushing and magnetic-/ gravimetric-separation techniques at MIT. We first separated by 
hand a large garnet megacryst, abrading away any other phases in the exterior with a 
metal brush. We extracted a few dozen small (<50 µm) rounded zircons from the garnet 
portion of this rock. No zircons were extracted from the matrix. After crushing the garnet 
and matrix portions separately, both portions were individually washed and then 
magnetically separated using first a hand magnet and then the Frantz isodynamic 
separator (at 0.6 A, 20º slide angle). The non-magnetic fractions were then separated by 
density using methyl iodide. Zircons were hand picked under a binocular microscope in 
ethanol from the least magnetic mineral separate. The grains were placed on a piece of 
tape and covered with epoxy resin in a cylindrical frame. After hardening, the tape was 
removed and the crystals were polished. Cathodoluminescent (CL) imaging was done on 
all the mounted and polished zircons at MIT on the JEOL-JXA-733 Superprobe using a 
15 kV accelerating voltage, 10 nA beam current.  
Mineral Trace Element Chemistry and Geochronology 
Trace element and isotope concentrations for all mineral phases were obtained at 
Rutgers University using the Thermo Scientific iCAP Qc inductively coupled mass 
spectrometery (ICP-MS) system coupled to a Photon Machines 193 nm laser ablation 
system. Ablation was carried out using 20 or 35 m spot size, a fluence of 5.0 J/cm2, and 
a frequency of 10 Hz. Spots were analyzed in rim or core sections of the zircon grains. 
Each analysis consisted of the collection of an approximately 20s gas background 
followed by 30s of ablation. The carrier gas was purged through the system for 20s after 
ablation in order to return to normal background values.  All measurements were 
recorded on the masses 7Li, 24Mg, 29Si, 43Ca, 44Ca, 45Sc, 49Ti, 51V, 52Cr, 56Fe, 60Ni, 85Rb, 
88Sr, 89Y, 91Zr, 93Nb, 133Cs, 137Ba, 139La, 140Ce, 141Pr, 146Nd, 147Sm, 153Eu, 157Gd, 159Tb, 
163Dy, 165Ho, 166Er, 169Tm, 172Yb, 175Lu, 178Hf, 181Ta, 200Hg, 204Pb, 206Pb, 207Pb, 208Pb, 
232Th, 235U, 238U. Glass standards NIST610 and NIST612 were regularly analyzed for 
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continuous calibration. Natural zircon standards (91500, Plešovice, R33 and Mud Tank) 
were also analyzed regularly as secondary standards to confirm accuracy of zircon 
measurements. Data were processed in LASY BOY (Sparks, 2001) using analytical 
values from microprobe measurements of Ca for internal standards for amphibole, garnet, 
clinopyroxene, and plagioclase, using microprobe measurements of Si for orthopyroxene, 
and using the stoichiometric value of Zr within zircon as an internal standard for zircon. 
Data processing was performed using the Iolite software package version 3.6 (Paton et 
al., 2011) along with Isoplot toolbox (Vermeesch, 2018). All reported errors are 
propagated errors calculated within Iolite. Trace element mineral chemistry is reported in 
Electronic Appendix 2.   
The zircon standard 91500 (Wiedenbeck et al., 1995) was the primary standard 
used during the session and was run after every 5 to 7 unknowns. As trace elements and 
Pb isotopes were measured simultaneously in small spot sizes (20–35 μm), the counting 
statistics error on 207Pb was high. We therefore give results in terms of 206Pb/238U ages. 
91500 (1065 Ma) was analyzed a total of 28 times, yielding a weighted mean 206Pb/238U 
age of 1062.4±6.6 Ma (2σ; MSWD  = 0.41). The results from the 91500 standard were 
used to apply a final fractionation correction to the unknowns via a bracketing approach. 
The zircon standards Plešovice (Sláma et al., 2008), Mud Tank (Black and Gulson, 
1978), and R33 (Black et al., 2004) were also analyzed during the session and were 
processed in the same manner as the unknowns. The Plešovice (337.13 Ma) standard was 
analyzed a total of 24 times, yielding a weighted mean 206Pb/238U age of 339.4±1.7 Ma 
(2σ; MSWD = 0.47). The Mud Tank (732 Ma) standard was analyzed 24 times, yielding 
a weighted mean 206Pb/238U age of 727.3±7.0 Ma (2σ; MSWD = 0.65). The R33 standard 
(419 Ma) was analyzed 23 times, yielding a weighted mean 206Pb/238U age of 430.1±3.1 
Ma (2σ; MSWD = 2.42). We note that our R33 standard reported is older than the 
published value.  This could be due to heterogeneity of the standard, or an underestimate 
of the reported propagated error. We do not correct for the error in our secondary 
standards, but note that the zircon ages discussed here are extremely close to the age of 
91500 (1065 Ma). Despite the poor counting statistics on 207Pb, trace elements measured 
for 91500 agree well with known trace element concentration (Wiedenbeck et al., 2004),  
showing that zircon trace elements are accurate  (Supplemental Figure 1).  
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Thermodynamic Modelling 
To calculate the equilibrium mineral assemblage, densities, and seismic velocities 
for each composition, we use the Gibbs free energy minimization routine Perple_X 
version 6.8.7 (Connolly, 2009). All thermodynamic modelling was performed in the 10 
component NCKFMASHTO (Na2O–CaO–K2O–FeO–MgO–Al2O3–SiO2–H2O–TiO2–O2) 
compositional system, the thermodynamic data set of Holland and Powell (2011), and the 
following solution models: augite and hornblende (Green et al., 2016); garnet, 
orthopyroxene, biotite, staurolite, cordierite, and chlorite (White et al., 2014a); olivine 
and epidote (Holland and Powell, 2011); magnetite-spinel (White et al., 2002); ilmenite-
hematite (White et al., 2000); C1 plagioclase and K-feldspar (Holland and Powell, 2003); 
and muscovite-paragonite (White et al., 2014b). Pure phases included quartz, rutile, 
titanite, and aqueous fluid. We use ferric-ferrous iron ratios from previous whole-rock 
measurements calculated via wet chemical methods (Luther, 1976).  
WHOLE-ROCK CHEMISTRY 
 We analyzed major and trace element samples of two recrystallized metagabbros 
(15-ADK-02, 17-ADK-12), one spinel-clouded plagioclase metagabbro (17-ADK-08), 
one garnet hornblendite (15-ADK-07), and one gabbroic anorthosite (15-ADK-14). 
Accurately constraining the bulk rock chemistry of megacrystic rocks is difficult due to 
the limited number of grains homogenized for the measurement. Luther (1976) reports 
bulk chemistry from two 70 kg GMGA samples. Given a whole-rock density of 3000 kg 
m-3 and garnet grains that are on average 10 cm diameter and comprise ~20 vol. % of the 
rock, each measurement analyzed <10 garnet porphyroblasts. To achieve representative 
whole-rock measurements, we chose samples with medium or smaller garnet grain size 
(<5 mm), notably much smaller than average for the garnet hornblendite. Thus for the 2.5 
kg garnet hornblendite sample 15-ADK-07, our measurement includes 3200–6400 garnet 
grains assuming that garnet is 10–20 vol. % of the rock, a whole rock-density of 3000 kg 
m-3, and an average garnet grain size of 5 mm. All whole-rock chemistry from this study 
and Luther (1976) is reported in Electronic Appendix 1. 
The spinel-clouded plagioclase metagabbro, recrystallized metagabbro, and the 
GMGA all have similar whole-rock compositions reflecting their similar plagioclase, 
garnet, and amphibole/pyroxene compositions and modal proportions. These rocks have 
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high Al2O3 (16.09–18.43 wt. %), restricted XMg (molar Mg/(molar Mg + molar FeOT)) 
(0.62–0.64) and K2O (0.45–0.71 wt %), and slightly variable CaO (7.85–8.71 wt %) and 
Na2O (1.85–3.25 wt. %) (Figure 5). The GMGA differs mostly from the metagabbros in 
H2O content based on hydrous mineral modes (~0.5 wt. % H2O for metagabbros, ~1–1.5 
wt. % H2O for GMGA) and FeO/Fe2O3 (0.02–0.18 for metagabbros, 0.14–0.30 for 
GMGA) (Luther 1976). These bulk compositions fit within contours of whole-rock 
compositions of Adirondack AMCG-related magmatism (Seifert et al., 2010) with the 
exception that they have higher XMg at a given SiO2
 (Figure 5). The garnet hornblendite 
and garnet-free hornblendites have differing whole-rock compositions from the 
metagabbros and GMGA reflecting the dominant modal proportions of amphibole and 
garnet. The hornblendites have lower Al2O3 (10.43–15.91 wt. %), Na2O (1.27–2.1 wt. %), 
K2O (0.18–0.53 wt. %), and CaO (4.33–7.52 wt. %), slightly higher XMg (0.62–0.66) 
compared to the metagabbros and GMGA. The hornblendites do not plot within the 
contours of AMCG related magmatism, having distinctly lower CaO as well as higher 
XMg for their SiO2. The gabbroic anorthosites have compositions reflecting their 
dominant plagioclase modal assemblages. Compared with the metagabbros, they have 
lower XMg (0.31–0.55) and slightly higher CaO (9.74–10.84 wt. %), Na2O (2.81–4.19 wt. 
%), K2O (0.73–0.91 wt. %), and Al2O3 (20.47–24.23 wt. %). The gabbroic anorthosites 
plot within the contours of AMCG related magmatism (Figure 5).  
 Whole-rock trace element concentrations in the spinel-clouded plagioclase 
metagabbro and the recrystallized metagabbros are nearly identical (Figure 6). The 
profiles have Gdn/Lun between 1.31–1.65, Dyn/Ybn between 1.12–1.25, Smn/Ndn between 
0.75–0.81, and Eu* (2xEun/(Smn+Gdn)) between 1.22–1.33, fitting at the more depleted 
range of regional coronitic AMCG-related metagabbros (Seifert et al., 2010; Regan et al., 
2011). The garnet hornblendite has a similar trace element profile compared to the 
metagabbros (Gdn/Lun=1.31, Dyn/Ybn=1.11 , Smn/Ndn=0.80,  Eu*=1.16), but is depleted 
by a factor of ~2 for rare earth elements (REE). The gabbroic anorthosite also has a 
similar-shaped trace element profile compared to the metagabbros (Gdn/Lun=1.74, 
Dyn/Ybn=1.27 , Smn/Ndn=0.73), though its Eu* is lower (0.94) and the REE 
concentrations are enriched by a factor of ~2. Whole-rock trace elements estimated for 
the bulk rock using modal proportions, mineral trace element measurements, and mineral 
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densities from Abers and Hacker (2016) agree well with the measured whole-rock trace 
elements for the spinel-clouded plagioclase metagabbro (Supplemental Figure 2). 
MINERAL CHEMISTRY 
Garnet 
Garnet porphyroblasts in the GMGA and garnet hornblendite have cores with XMg 
ranging from 0.33–0.37 and rims with XMg ranging from 0.41–0.45 (Electronic Appendix 
2a, b).  Garnets found in both metagabbro lithologies have the same range of XMg, but 
typically have a higher grossular component than the garnets from the GMGA (~13–15 
mol % grossular as compared to 8–10 mol % typical of GMGA garnet) (Figure 7). The 
garnet in the gabbroic anorthosite is zoned with decreasing XMg from core to rim (Sharga 
1986). 
 Major element profiles across three garnet porphyroblasts were analyzed 
(Electronic Appendix 2b). Two (15-ADK-5A and 15-ADK-9A) show a homogeneous 
core with an increased XMg over the ~0.5 cm near the rim (Supplemental Figure 4). One 
~8 cm diameter garnet (17-ADK-09G) shows a core and mantle zonation in major 
elements (Figure 8). In this garnet, large inclusions of amphibole, plagioclase, biotite, and 
orthopyroxene tend to form concentric rings around the zonal boundaries, suggesting that 
the garnet grew quickly enough to engulf 1–2 cm wide inclusions. The calcium content is 
variable even within sections of constant Fe, Mg, and Mn. The garnet shows increased 
Mn at the very edge of its rim, suggesting small amounts of garnet resorption (de Béthune 
et al., 1975). Redistributing the backdiffused rim Mn following the diffusive edge pattern 
(c.f. figure 6, Spear, 2014), we estimate the garnet 17-ADK-09G radius decreased by 
~0.35 mm. Given a current radius of 5 cm, the garnet could only have decreased in 
volume by 2%, suggesting very minor garnet resorption. At the top of the garnet image is 
a low-Fe region, which does not reflect the sinistrally sheared shape of the garnet overall. 
P contents in the garnet are uniform with the exception of the low-Fe overgrowth, which 
also contains no apatite inclusions, likely showing that this low-Fe, late stage growth 
occurred when the surroundings were undersaturated in a phosphate mineral.  
Trace elements in garnet porphyroblasts are not homogeneous within a single 
garnet (red curves, Figure 9a). The two measurements nearest to the rim and one 
measurement in the core have higher DyN/YbN (1.27–2.55) than the other measurements 
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(0.76–1.00), potentially from variable amounts of clinopyroxene and orthopyroxene in 
the formation reaction. The GMGA garnets have slightly negative to positive Eu* 
anomalies (0.77–1.74) indicating that plagioclase was a reactant. The trace elements of 
garnets in the metagabbros vary with DyN/YbN ranging from 0.34–1.09, indicating a 
generally lower in HREE content to the GMGA, although there is some overlap (yellow 
curves, Figure 9a). Garnets from the metagabbros also range from slightly negative to 
positive Eu* (.97–2.38) similar to the garnet porphyroblasts. 
Plagioclase 
 Plagioclase in the metagabbros range in anorthite content from 30-49 mol. % 
(An30–49) and orthoclase content from 0.5-10.8 mol. % (Electronic Appendix 2c, Figure 
10). The spinel-clouded plagioclase has FeO contents up to 2.2 wt %, whereas the clear 
plagioclase rims or grains in the spinel-clouded plagioclase metagabbro have FeO 
contents up to 0.29 wt %. The clear plagioclase rims are slightly reduced in An. Some 
plagioclase grains in the recrystallized metagabbros are heavily zoned, with cores having 
An30–35 and rims having An43–49. Increased FeO content is associated with increased 
orthoclase, MgO, and TiO2 content, with some plagioclase grains having orthoclase 
content >10 mol. %, FeO >2 wt.%, TiO2 >1 wt. %, and MgO >1.3 wt. %. This high FeO 
spinel-clouded plagioclase is unusual, but has been previously reported in other gabbroic 
rocks in the Adirondacks and elsewhere with measured FeO contents up to 1.7 wt. % 
(Whitney, 1972; Wass, 1973; Armbrustmacher and Banks, 1974). These studies argue 
that the high FeO plagioclase was stable at magmatic temperatures, and the spinel 
exsolved during cooling.  
Plagioclase in the gabbroic anorthosite range from An50–72 and FeO contents 
between 0.13–0.38 wt. %. Plagioclase in the GMGA range in An19–74 with smaller 
orthoclase contents (0.2–1.2 mol. %) and FeO contents (0.04–0.68 wt. %). Two 
plagioclase inclusions in GMGA garnet porphyroblasts have FeO contents >0.6 wt. %. 
Plagioclase inclusions in the garnet porphyroblast from sample 17-ADK-09 range from 
An39–45, while the matrix plagioclase grains range from An49–53. Trace element profiles for 
metagabbros and GMGA plagioclase grains show similar trace element concentrations 
with positive Eu* anomalies (10.7–30.2) (Figure 9b). 
Pyroxenes 
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 Clinopyroxene is only observed in metagabbro. All clinopyroxene grains are 
either diopside or augite. XMg in the clinopyroxene ranges from 0.74–0.81 (Figure 11, 
Electronic Appendix 2d). Orthopyroxene XMg in the GMGA matrix ranges 0.68–0.72 
(Figure 11, Electronic Appendix 2e).  
Orthopyroxene inclusions in the GMGA have cores with XMg between 0.63–0.64 
and rims between 0.63–0.72. Two orthopyroxene inclusions in garnet porphyroblasts are 
observed with > 6 wt% Al2O3. The orthopyroxene in the garnet hornblendite ranges from 
XMg between 0.71–0.75. The orthopyroxene in the metagabbros range from XMg of 0.68–
0.77. Orthopyroxene in the gabbroic anorthosite have XMg from 0.64-0.67.  
Trace elements of the spinel-clouded plagioclase metagabbro clinopyroxene and 
orthopyroxene show depletion in HREE, likely due to re-equilibration in the presence of 
garnet (Figure 9c). Orthopyroxene Eu* ranges from 1.12–1.31 and clinopyroxene Eu* 
ranges from 0.83–1.78, indicating that the pyroxenes re-equilibrated while plagioclase 
was being consumed during the garnet forming reaction.  
Hydrous Phases 
 Biotite in the spinel-clouded and recrystallized metagabbros has TiO2 contents 
ranging from 4.95–7.95 wt. % (Figure 12a, Electronic Appendix 2f) and XMg ranging 
from 0.66–0.72. Meanwhile, biotite in the GMGA has higher XMg between 0.72–0.75 and 
lower TiO2 contents between 2.0–4.2 wt. %. Matrix biotites have lower TiO2 than 
inclusion biotite. Biotite in the gabbroic anorthosite also has high TiO2 (5.3 wt. %), but 
lower XMg (0.66).  
 Amphiboles are mostly ferroan paragasite in the spinel-clouded plagioclase 
metagabbro and gabbroic anorthosite, mostly paragasitic in recrystallized metagabbro, 
and mostly tschermakitic in the GMGA (Electronic Appendix 2g). One inclusion of 
gedrite with XMg=0.44 was found as an inclusion in a garnet porphyroblast. With 
increasing hydration and modal fraction of amphibole, trace elements such as TiO2 
decrease from values greater than 4 wt. % in the spinel-clouded plagioclase metagabbros 
to <1 wt. % in the GMGA (Figure 12b). XMg is slightly lower in the spinel-clouded 
plagioclase metagabbros (0.64–0.69) and gabbroic anorthosite (0.66), and amphiboles 
besides the gedrite inclusion in the GMGA and recrystallized metagabbro have slightly 
higher XMg (0.65-0.72). Amphibole in the spinel-clouded plagioclase metagabbros are 
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depleted in their HREE’s and enriched in the LREE’s. In contrast, amphiboles in the 
recrystallized metagabbros and GMGA are very similar (Figure 9d) with relatively flat 
trace element patterns in equilibrium with the garnet porphyroblast trace element profiles 
(see DISCUSSION). 
Spinel 
 Hercynitic spinel inclusions inside plagioclase in the spinel-clouded plagioclase 
metagabbro have XMg  of 0.32–0.49 (Electronic Appendix 2g). A spinel inclusion in a 
garnet porphyroblast has XMg=0.41.  
GEOCHRONOLOGY 
 We determined trace element concentrations and U-Pb ages of 44 zircon grains 
from a megacrystic garnet amphibolite to understand the relationship between, and timing 
of, metamorphic garnet and zircon formation. All of the U-Pb LA-ICPMS ages presented 
here were separated from GMGA sample 17-ADK-09 and are reported with zircon trace 
elements in Electronic Appendix 3. The silica content of our laser-ablation measurements 
suggests that all measurements were made on zircon and not baddeleyite. Wetherill plots 
and CL images including the laser spot location of each analyzed zircon grain is available 
in Electronic Appendix 4.  
Many separated zircons under CL have a turtleshell texture (Figure 13). This 
texture has been found in similar granulite-facies metagabbros in other Adirondacks 
metagabbros (McLelland et al., 2004) as well as in the Sveconorwegian Province in 
southern Scandinavia, where the texture was interpreted to be caused by the 
recrystallization of baddeleyite clusters into zircon as silica activity in the rock increases 
during prograde metamorphism (Beckman et al., 2017; Beckman and Möller, 2018). 
Zircon recrystallization around baddeleyite clusters is also observed in thin section in 
similar Grenville-age spinel-clouded plagioclase metagabbros in Ontario (Davidson and 
van Breemen, 1988). One possible reaction that increases silica activity is garnet growth 
due to the influx of fluid or melt (see DISCUSSION).  Another interpretation for this 
zircon texture is radiation damage(Nasdala et al., 2003). 
We calculate a weighted mean age of unmixed zircon analyses to date the garnet 
formation assuming that the garnet reaction was the last event to reset the metamorphic 
zircons. 44 concordant (<4 % discordance (1-(206Pb/238U age / 207Pb/235U age))*100) 
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zircon 206Pb/238U ages give a weighted mean age of 1053.9±5.4 Ma (2σ; MSWD = 0.94) 
(Figure 14a). This age agrees well with previous GMGA multi-grain TIMS age of 
1055±2 (Scherer et al., 2000) as well as the SHRIMP 207Pb/206Pb age of 1048±10 Ma (2σ; 
MSWD = 0.7) found in irregular metamorphic rims in the nearby Oregon Dome 
ferrodiorite (Hamilton et al., 2004). In order to most reliably estimate the age of the 
Ottawan metamorphic event, we exclude the two youngest ages and five older ages from 
the weighted mean since they do not overlap with the weighted mean age within 2σ error. 
Including these zircons does not greatly change our weighted average age (1055.9±4.9 
Ma, MSWD 2.51), but greatly reduces the p-value of the weighted age (1.6e-8 for all 
concordant measurements or 0.58 for old and young ages removed). One young age is 
located on a rim (Figure 13, grain 34) while the other young age is measured at the 
turtleshell-textured side of a grain with oscillatory zoning (grain 7). The two younger 
zircons record a weighted mean age of 1010.7±17 (2σ; MSWD = 0.66), which could be 
explained by late stage overgrowth, as pegmatites crosscutting the GMGA record two 
concordant zircon ages with a weighted average of 1008±10 Ma (2σ), suggesting there 
was fluid or melt present in the GMGA until the end of the Ottawan orogeny (McLelland 
and Selleck, 2011). The five older concordant zircon analyses record a weighted mean 
age of 1118.4±16.9 Ma (2σ; MSWD = 0.70). The older zircon ages could be explained as 
inherited ages from the original AMCG igneous age (1170–1130 Ma). Wetherill plots of 
these groups are shown in Supplemental Figure 3.  
Most turtleshell zircon grains show evidence of being in disequilibrium with the 
garnet. Most of the Ottawan age turtleshell zircons have high Lu/Dy ratios (>10) similar 
to the oldest concordant zircons, which, if inherited from the original igneous formation, 
did not grow in the presence of garnet (Figure 14b). We use Dy here instead of a LREE 
like La since Dy is the lightest REE above limit of detection for all zircon analyses. 
Lower Lu/Dy (< 10) ratios are observed for zircon which equilibrated with garnet 
(Hokada and Harley, 2004). Excluding the two youngest concordant turtleshell zircons, 
Ottawan-age zircons with other textures dominantly have Lu/Dy < 10 (Figure 14b). 
Previous analyses of Hf isotopes also show that the zircon and garnet in the GMGA are 
also in disequilibrium (Scherer et al., 2000). Lastly, the zircon ages tend to predate garnet 
Lu-Hf and Sm-Nd geochronology for Gore Mountain, though those dates have high 
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variance (1018–1087 Ma, see BACKGROUND). This could also be due to the closure 
temperatures for a 1 mm garnet under slow cooling (~2 ˚C Myr-1) being ~700˚C for the 
Sm-Nd system and ~850 ˚C for the Lu-Hf system (Smit et al., 2013). Thus, either 1) the 
metamorphic zircon recrystallized or reset before garnet growth due to some other 
increase in silica activity, e.g. a silica rich fluid, and did not re-equilibrate afterwards, or 
2) the metamorphic zircons recrystallized during garnet growth, but did not exchange 
trace elements with the matrix as there are turtleshell zircons with >1130 Ma concordant 
ages. Either way, the weighted mean age of 1053.9±5.4 Ma and the multi-grain TIMS age 
of 1055±2 Ma (Scherer et al. 2000) should be an upper bound on the garnet formation 
age. Additional high-resolution single zircon dates are necessary to better constrain 
formation timescale for the garnet porphyroblasts and how recrystallized zircon trace 
elements and isotopic systems re-equilibrate with the surrounding minerals. 
THERMOMETRY 
 Finding the peak P-T conditions of slow-cooled multiply deformed granulite-
facies rocks is difficult given that they re-equilibrate as they cool. Two estimates of 
GMGA formation conditions have been made: 1) Luther (1976) estimated that the garnet 
amphibolite formed at ~800˚C and ~7 kbar based on experimental phase diagrams 
(Kushiro and Yoder, 1966) (grey box, Figure 15), and 2) Sharga (1986) reported a mean 
Fe-Mg garnet-clinopyroxene thermometry (Ellis and Green, 1979) of 878±58 (1σ) 
(individual measurements ranging from 774-926˚C) assuming P=7.5 kbar in the adjacent 
gabbroic anorthosite (blue line, Figure 15a).  
Quartz is present in the GMGA only as inclusions within garnet. One 
orthopyroxene-plagioclase-quartz inclusion in garnet was measured in sample 15-ADK-
13. Another hornblende-plagioclase-quartz inclusion in garnet was measured in sample 
15-ADK-12. All mineral pairs for geobarometry are reported in Electronic Appendix 5. 
The orthopyroxene-plagioclase-quartz (Perkins and Chipera, 1985) and hornblende-
plagioclase-quartz inclusion barometers (Kohn and Spear, 1990) predict pressures from 
9–10 kbar assuming 800˚C and 10.5–11.5 kbar assuming 950˚C (red, yellow, and green 
lines Figure 15a). 
 Hornblende-plagioclase thermometry (Holland and Blundy, 1994) is more 
reliable at constraining peak temperature conditions than Fe-Mg thermometers due to the 
 67 
significantly slower diffusion of Ca and Na in plagioclase and hornblende compared to 
Fe and Mg in ferromagnesian phases (Grove et al., 1984; Cherniak and Dimanov, 2010). 
We use measured core values of adjacent hornblende-plagioclase pairs for temperature 
estimates. Since the hornblende is texturally metamorphic, we interpret the hornblende-
plagioclase thermometry to represent P-T conditions from the Ottawan metamorphic 
event.  Hornblende-plagioclase thermometry from the metagabbros and GMGA gives an 
average of 842±43˚C (1σ) with a maximum temperature of 923 ˚C assuming P=10 kbar 
(orange line, Figure 15). All mineral pairs for hornblende-plagioclase thermobarometry 
are reported in Electronic Appendix 5.  We do not report any pyroxene pair thermometry 
in the metagabbros here as it is uncertain whether the temperature records the last 
equilibration during cooling from original igneous temperatures or a metamorphic 
temperature. 
 Recent studies have shown that exsolved rutile needles along the <111> directions 
in garnet occur during cooling of ultra-high pressure and/or ultra-high temperature 
garnets (Axler and Ague, 2015; Keller and Ague, 2019). Due to the extremely slow 
diffusion of Zr in garnet, the Zr-in-rutile (ZIR) thermometer (Tomkins et al., 2007) 
should record the temperature at which the needles exsolve. Previous studies (Ague et al., 
2013; Axler and Ague, 2015) applying this thermometer to exsolved rutile needles in 
garnet have corroborated their ZIR temperatures with other high temperature 
thermobarometry, showing that applications of this methodology on exsolved rutile 
needles in garnet is robust. This thermometer assumes the presence of zircon and quartz, 
both of which are found as inclusions within the megacrystic garnets. We measured 65 
rutile grains from four megacrystic garnet samples, requiring that all rutile measurements 
have MgO+CaO+SiO2+MnO+ Al2O3 < 1.0 wt % indicating a lack of garnet 
contamination in the measurement (Supplemental Table 5c). Even in the case of garnet 
contamination, garnets were measured to have ~20 ppm Zr, so any contamination would 
only lower our temperature estimates.   
 The ZIR temperatures range from 786–1043˚C. The ZIR temperatures are well 
approximated by two normal distributions with peaks at 870±30˚C and 985±30˚C (1σ) at 
10 kbar (black line, Figure 15a, b). The means and variances are fit using the MATLAB 
function fitgmdist assuming two distributions. There is no correlation between rutile ZrO 
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concentrations and distance from rim in any garnet. The rutile ZrO concentrations may be 
kinetically controlled during rutile exsolution and thus not accurately record exsolution 
temperatures. We find this unlikely, as kinetic processes would not produce clear clusters 
of rutile ZrO concentrations and the high temperatures (>850˚C) estimated by all 
thermometers are suggestive of equilibrium conditions. Multiple clusters of rutile 
exsolution temperatures in garnet have been noted in previous studies and has been 
interpreted as due to the potential re-equilibration with coexisting zircon grains or 
continuous exsolution of rutile grains during cooling (Ague et al., 2013; Axler and Ague, 
2015). The 870˚C peak agrees well with the mineral-pair thermobarometers. The UHT 
ZIR temperatures come from the two larger garnet samples (4–5 cm radius, 17-ADK-
09G, 17-ADK-11) with the thickest rutile needles (>10 μm). The thicker rutile needles 
record the full range of temperatures within the lower peak (Figure 15). The thinner 
needles (5–10 μm) are more uniform in Zr concentration (Figure 15b). We interpret this 
as the thinner needles re-equilibrated via diffusion during cooling whereas the larger 
rutile needles retained their original Zr concentrations.  
GARNET DIFFUSION MODELLING  
 To test our estimates of ultra-high temperature ZIR temperatures, we apply 
diffusion modelling on the major element profiles of the four GMGA garnet 
porphyroblasts we measured ZIR temperatures in.. Since we have knowledge of the 
maximum formation age of the garnets, major element profiles of the garnets, and 
compiled various mineral-cooling age-temperatures nearby (<25 km away) Gore 
Mountain (Table 2), we utilize a grid-search algorithm to find the best-fit initial 
temperature to produce the garnet major element profiles. Our multicomponent diffusion 
model is conducted following the multi-component diffusion equations (Lasaga, 1979), 
𝑑𝒄
𝑑𝑡
= 𝜵 ⋅ (𝐷𝜵𝒄), 
where c is the molar fractions of the divalent cations and D is the multicomponent 
diffusion matrix. We solve the diffusion equation using a centered finite difference 
scheme in spherical coordinates assuming that the garnet only has compositional 
variation in the radial direction. Our model uses a fixed composition boundary condition 
at the rim and a symmetric boundary condition at the core. The garnet diffusivity tensor is 
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calculated using diffusivities from Chu and Ague (2015). This approach takes into 
account garnet composition, oxygen fugacity, temperature, and pressure effects assuming 
ideal mixing of the endmember components. We use the mantle garnet composition to 
calculate the diffusivity tensor to significantly reduce computation time. Using a position-
variable diffusivity tensor does not significantly change our results. We correct the 
fugacity to fayalite-magnetite-quartz (FMQ) due to the observation of magnetite 
inclusions in garnet. For the oxygen fugacity correction, we use the FMQ fugacity 
parameterization from O’Neill (1987) with the pressure dependence from Huebner (1971) 
as well as the carbon-carbon dioxide oxygen fugacity from Jakobsson and Oskarsson 
(1994). For all diffusion calculations, we assume a constant pressure of 10 kbar.  
Our grid search algorithm varies the following parameters: the initial temperature 
(Tinit), the Ca, Mg, and Fe boundary condition molar values for the rim (Mn is fixed by 
the other three), and the position of the zonal boundaries in garnet samples that 
necessitate multiple zones, and the composition of each zone. The range of investigated 
compositions for each rim and zone are based around the maximum and minimum values 
within each profile. Investigated boundary positions for the sample are based on the 
position of interpreted zones if they exist in the profile. We investigate Tinit between 800-
1050 ˚C.  
For each run, we implement a two-stage linear cooling history (Figure 16), 
starting at each run’s Tinit, and then pinning the temperature path to mineral closure 
temperature ages from nearby studies (Table 2). The initial cooling rate occurs between 
the formation of the Gore Mountain garnets at 1055 Ma and the nearby titanite U-Pb ages 
of 1033 Ma, which agrees with nearby monazite U-Pb ages (Mezger et al., 1991). We use 
a titanite U-Pb closure temperature of 750˚C as evidenced by recent analyses (Spencer et 
al., 2013) for the pinned temperature at 1033 Ma. After 1033 Ma, the cooling rate is fixed 
at 2.6 ˚C Myr-1 following the mineral cooling ages and closure temperatures as well as 
the two youngest concordant U-Pb zircons ages (1008±10 Ma, 2σ) (McLelland and 
Selleck, 2011) from pegmatites that cross cut the GMGA to constrain when the GMGA 
must be at a temperature below the wet granite minimum. We conclude calculations once 
temperature cools below 500 ˚C when diffusion in garnet becomes negligible and then 
calculate a normalized root mean square error (NRMSE) for each result against the 
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analytical profile. We exclude the eight analyses closest to the rim in our model of garnet 
profile 17-ADK-09 and the one closest rim analysis of garnet profile 17-ADK-11 due to 
evidence of late stage growth or resorption effects, e.g. stark increases in Ca and Mn. 
We apply our grid-search algorithm to four garnet major-element profiles (Figure 
17, Supplemental Figures 4). Our model predicts a best-fit Tinit=950 ˚C for three garnet 
profiles samples (17-ADK-09G, 15-ADK-05A, Figure 17, 17-ADK-11, Supplemental 
Figure 4) and 1000˚C for one sample (15-ADK-09A, Supplemental Figure 4). The model 
result using the lower ZIR temperature (Tinit=870 ˚C) is shown for comparison (blue line, 
Figure 17). Thus, the diffusion model find UHT conditions as the best-fit initial condition 
for each garnet profile, regardless of whether the garnet had measured UHT ZIR 
temperatures. This supports the hypothesis that the thinner rutile needles potentially re-
equilibrated during cooling, whereas the thicker needles retained their original 
temperatures.  
We estimate an uncertainty of ±40°C on the diffusion temperature estimate since 
40˚C increases the NRMSE by 5% (Supplemental Figure 5). To further constrain the 
sensitivity of our diffusion model temperature estimate, we test the sensitivity of different 
parameters. Lowering the assumed pressure to 7 kbar instead of 10 kbar reduces the best-
fit Tinit by 20 ˚C. Similarly, Tinit is mostly insensitive to changing the titanite U-Pb age; 
e.g. changing the pivot age to 1020 Ma instead of 1033 Ma decreases the best-fit Tinit by 
only 20˚C. Likewise, changing the garnet formation age to 1065 Ma instead of 1055 Ma 
decreases the best-fit Tinit by 30˚C and changing the garnet formation age to 1045 Ma 
increases Tinit by 40 ˚C. Holding the initial temperature constant for the first 5 Myr of the 
diffusion model, approximating prograde diffusion, decreases the best-fit Tinit
 by 20˚C.  
The best-fit initial temperature found from this diffusion model is likely an upper 
bound on initial temperature, as prograde diffusion and garnet growth is excluded from 
our model. The use of step functions as boundaries between zones can overestimate 
temperature in diffusion models if the initial boundary was sloped. Since the 
characteristic diffusion length scale between the rim, mantle, and core are similar in the 
multi-zoned samples (17-ADK-09G and 17-ADK-11), we argue that the constant core-
mantle initial condition created by relatively instantaneous growth and prograde diffusion 
is insignificant and that step-functions work well to approximate the boundaries. This is 
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further supported by the major-element WDS map of garnet 17-ADK-09G showing 
increased abundance of inclusions coinciding spatially with major changes in major 
element compositions (Figure 8). Another potential reason for the higher Tinit compared 
to the thermobarometry is that the cooling path was pinned to constantly decrease 
through the nearby cooling ages, thus ignoring any potential variations in cooling rate 
such as prolonged peak Ottawan conditions or potential temperature increases due to the 
Rigolet phase of the Grenville Orogeny (~1010–980 Ma). Such effects would also 
decrease our best-fit Tinit. Conversely, other diffusion-model based studies of the 
Adirondacks predict even higher initial cooling rates after peak Ottawan conditions 
(Storm and Spear, 2005; Bonamici et al., 2015). Enforcing higher initial cooling rates 
(>50 ˚C Myr-1) would necessitate drastically increasing Tinit (>1000 ˚C) to fit our 
diffusion profile. A likely scenario is that peak conditions were higher, but cooling was 
faster than a constant rate from the garnet formation age and initial temperature to 
monazite and titanite cooling ages and temperatures. In summary, garnet major element 
diffusion profiles (best-fit Tinit=950–1000±40 ˚C) support the interpretation that the UHT 
ZIR thermometry (985±30 ˚C) is robust and not an artifact of non-equilibrium processes. 
THERMODYNAMIC MODELLING  
Another way to further refine P-T constraints is through matching observed 
mineral assemblages and modes with thermodynamic modelling of bulk compositions. 
Due to the similar whole-rock compositions of both metagabbros and GMGA (Figure 5), 
we argue that the GMGA was only hydrated, and not enriched in any other fluid-mobile 
elements. Pseudosection modelling of the metagabbro composition with various water 
contents at the P-T consistent the higher thermobarometric peaks (985±30˚C, 10±1 kbar) 
agrees with the observed assemblages of the metagabbros and GMGA (Figure 18). Since 
we observe biotite inclusions in the garnet, biotite existed during garnet formation and 
cannot be only retrograde as the phase diagrams suggest (purple curves). The presence of 
biotite in the GMGA and nearby metagabbros at high temperatures is likely due their 
high TiO2 contents, which stabilizes biotite to higher temperatures (Douce, 1993). 
Although the high pressures and temperatures estimated by thermobarometry and 
diffusion modelling are usually associated with amphibole-free granulite facies 
metamorphism, Perple_X modelling predicts amphibole is stable in wet (1 wt. % H2O) 
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conditions at temperatures up to 1200 ˚C at 10 kbar (Figure 18c), 300 ˚C above the 
solidus, in line with melting experiments (e.g. Rapp and Watson, 1995).  
Increasing water content from damp (0.5 wt %) to wet (1 wt.%) in the metagabbro 
composition lowers the expected grossular content by 3–5 mol. % (20–23 mol. % to 17–
19 mol. %) at all subsolidus P-T conditions due to the lack of clinopyroxene in the wet 
composition. While the thermodynamic models are unable to reproduce the observed 
garnet grossular content (8–14 mol. % in the GMGA and ~13–15 mol. % in the 
metagabbro, Figure 7), we interpret the difference in grossular content between the 
GMGA and metagabbro to be caused by variation in hydration. 
Assuming a wet composition (1 wt. % H2O, ~50 vol. % amphibole, reasonable for 
the GMGA), our thermodynamic modelling predicts mineral assemblage of amphibole, 
clinopyroxene, garnet, orthopyroxene, and melt at 985˚C and 10 kbar. Melt in 
plagioclase-amphibole aggregates becomes interconnected and able to segregate 
somewhere between 2–5 vol. % (Wolf and Wyllie, 1995), suggesting that for melt 
volumes < 5 %, melt can be retained and reintegrated. Since the GMGA is similar in bulk 
composition to the protoliths, we take the 5 vol. % melt contour (dashed blue line) to be a 
maximum temperature (970˚C, 10 kbar for 1 wt. % H2O). Furthermore, since there is no 
clinopyroxene in the matrix or as garnet inclusions in the GMGA, and since we observe 
quartz inclusions in the GMGA, the pseudosection modelling requires the temperature to 
be <960˚C at 10 kbar, consistent with the diffusion model and the colder end of the UHT 
ZIR thermometry.  
Since the garnets show no evidence of significant garnet resorption texturally or 
chemically, another limitation on the peak P-T conditions of the GMGA is the volume of 
garnet present (<25 vol %, dashed red contours, Figure 19). Furthermore, thermodynamic 
modelling constrains the pressure to be within 8.5–10 kbar due to the volume of garnet 
predicted. Above 10 kbar at temperatures <1000˚C, thermodynamic modelling predicts 
expects > 25 vol % garnet in the damp metagabbro (Figure 18b), which is not observed. 
Below 8.5 kbar, < 10 vol % garnet is predicted at temperatures >850 ˚C in the wet 
metagabbro composition (Figure 18b,c). Regional pressure estimates of 7–8 kbar at any 
temperature >800˚C predict 0–5 vol. % garnet. Thus, the higher pressures (10±1 kbar) 
found in the mineral-pair barometers are in better agreement with modal proportions 
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predicted by thermodynamic modelling. Synthesizing the mineral-pair barometry, the 
ZIR thermometry, the diffusion model temperature estimate, and constraints from 
thermodynamic modelling and observed modal assemblage, we estimate peak P-T 
conditions to be 950±40˚C and 9–10 kbar.  
Due to the megacrystic grain size of the garnet, not all of the garnets may have 
been in compositional equilibrium during metamorphism. Subtracting and renormalizing 
half of the garnet chemistry from the wet metagabbro composition produces a similar 
phase diagram, with clinopyroxene, amphibole, garnet, plagioclase, quartz, and ilmenite 
being stable at 950˚C, 10 kbar (Supplemental Figure 6). Fractionating garnet increases 
the bulk XMg, potentially causing the higher rim XMg as observed in all garnets and higher 
biotite XMg in the GMGA biotite compared to the biotite in the metagabbros (Figure 12a). 
Trace amounts (<1 vol. %) of clinopyroxene are predicted to stabilize due to increased 
Na2O contents, decreased Al2O3, and only slightly decreased CaO due to garnet 
fractionation. Since we do not observe clinopyroxene in the GMGA matrix or as garnet 
inclusions, fractionation was likely less than half the garnet volume.  
DISCUSSION 
P-T-t Path 
Based on our results we propose the following revised cooling path and 
metamorphic reactions for the Gore Mountain-related rocks (Figure 19): 
a) The metagabbro protolith is part of the 1170-1150 Ma AMCG suite magmatic 
episode (Hamilton et al., 2004; McLelland et al., 2004). This is supported by the fact that 
the major elements of the spinel-clouded plagioclase metagabbro and GMGA overlap 
with the compositional range of the AMCG-related rocks (Figure 5). The spinel-clouded 
plagioclase metagabbro preserves a remnant magmatic texture of euhedral plagioclase 
and anhedral clino- and orthopyroxene. Since the AMCG suite magmatism follows 
tholeiitic major-element trends (Seifert et al., 2010), this textural observation requires 
that the metagabbro emplacement pressure is < 7 kbar, since at P ≥ 7 kbar, an anhydrous 
tholeiitic melt crystallizes clinopyroxene at higher or similar temperatures than 
plagioclase (Villiger et al., 2007). The high orthoclase content plagioclase grains in the 
metagabbros suggest igneous temperatures >1000˚C (Fuhrman and Lindsley, 1988). This 
is similar to the expected intrusion P-T conditions of the Marcy Massif anorthosite (7–8 
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kbar, Regan et al., 2019) at 1050-1150˚C (Ashwal, 1982; Spear and Markussen, 1997)). 
The primary igneous phases were high-Fe plagioclase, olivine, clinopyroxene, 
orthopyroxene, and Fe-Ti oxides based on thermodynamic modeling and coronal textures 
in similar metagabbros (Whitney, 1972; Whitney and McLelland, 1973; Johnson and 
Carlson, 1990).  
(b) After crystallization, we assume the region underwent isobaric cooling until 
the start of the Ottawan orogeny (1090 Ma, McLelland et al., 2001). A limitation on the 
P-T-t path is the volume of garnet present (<25 vol %, dashed contours, Figure 19). Since 
the garnets in the spinel-clouded plagioclase metagabbro show no evidence of significant 
garnet resorption texturally or chemically, the P-T-t path must not have cooled below 
600˚C, assuming an emplacement pressure of 6 kbar, before the Ottawan metamorphic 
event. 
(c) During Ottawan convergence, the crust thickened (Rivers, 2012, 2015). 
Garnets can be formed via metamorphic reactions as well as magmatic processes. We 
argue that the lack of a sharp contact between the metagabbro and GMGA (Figure 3, 
bottom middle), their similar bulk chemistry, and the presence of unique inclusions such 
as high-Ti biotite and Fe-enriched plagioclase suggest that the GMGA metamorphosed 
from the metagabbros (Bartholome, 1960; Luther, 1976; McLelland and Selleck, 2011). 
The hydration of the metagabbro must have taken place during the garnet reaction: 
Plagioclase+Spinel+Ilmenite+Olivine+Orthopyroxene+Clinopyroxene+Fluid → 
Biotite+Amphibole+Garnet+Quartz±Melt    (2) 
based on the change of modes predicted by thermodynamic modelling for the dry spinel-
clouded plagioclase metagabbro at box (b) in Figure 19 to the wet metagabbro at box (d) 
as well as the remnant modal mineralogy of the spinel-clouded plagioclase metagabbro 
and megacrystic garnet inclusions. The cm-thick euhedral amphibole rims in our model 
are not due to decompression since no kelyphytic or symplectic amphibole rims are 
observed (Dégi et al., 2010), but rather a reaction product that surrounded the growing 
garnet, as previously hypothesized (Bartholome, 1960). Since biotite and amphibole are 
common inclusions in garnet porphyroblasts, the garnet likely formed during fluid 
infiltration and heating. While no quartz is found in the GMGA matrix, quartz inclusions 
are found in garnet. Thus, reaction (2) increases the silica activity since quartz is a 
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product. This increase could have recrystallized the baddeleyite grains into turtleshell 
zircons. The precise timescale of this reaction requires high-resolution dating, but given 
the agreement between concordant multigrain TIMS age and our zircon weighted average 
age (1053.9±5.4 Ma) suggests this reaction occurred ca. 1055 Ma.  
The spinel-clouded plagioclase metagabbros and the GMGA experienced the 
same P-T-t path and have nearly the same bulk composition, but produced drastically 
different grain size and textures. We argue that the megacrystic garnets must form due to 
a larger quantity of the fluid phase, as the metagabbros also contain metamorphic biotite 
and amphibole (Luther 1976). The larger amount of the fluid and/or melt in the GMGA 
relative to the metagabbros increased the ionic diffusivity such that garnet growth was 
strongly favored over garnet nucleation (Luther, 1976; Goldblum and Hill, 1992; 
McLelland and Selleck, 2011). The fluid likely rose in a shear zone formed from the 
contrasting strengths of the metagabbros and nearby feldspar-rich lithologies (Goldblum 
and Hill, 1992). This hypothesis explains why the garnet porphyroblasts concentrate 
within 50 m at the southern contact of the GMGA with the metasyenite as well as the 
decreasing amount of hydrous phases observed further into the spinel-clouded plagioclase 
metagabbro.  
 (d) The solidus for the metagabbro composition with 1 wt.% H2O (based on 50 
vol. % amphibole in the garnet amphibolite) is predicted to be 940 ˚C at 10 kbar. At 
950˚C and 1 wt. % H2O, thermodynamics modelling predicts 0.4 vol. % melt. Thus, 
during the peak temperature conditions, the most hydrated portions of the GMGA melted 
(Figure 18c, d), but the proportion of melt was likely too small to segregate, allowing the 
GMGA to retain a similar bulk composition to the metagabbro protolith (Figure 5). In the 
most hydrated portions, melt could have become interconnected and segregated. The 
prediction of melt is also supported by odd high-T inclusions in the garnet such as 
cristobalite and high-Na assemblages predicted to be melt-inclusions (Darling et al., 
1997; Ferrero et al., 2019). The crosscutting pegmatites, which post-date the GMGA 
(McLelland and Selleck, 2011), could be a portion of melt product that segregated.  
 (e) Assuming a two-stage cooling history pinned by nearby cooling ages, our 
diffusion model finds that a fast initial cooling (~9.1 ˚C Myr-1) occurs from 1055 Ma to 
~1030 Ma (Fig. 16).  At ~1030 Ma, the slow regional cooling rate (~2.6 ˚C Myr-1) is 
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defined by the nearby cooling ages. This agrees with other estimates of a rapid Ottawan 
cooling event at roughly 1055 Ma followed by slow cooling afterwards (Storm and Spear, 
2005; Bonamici et al., 2015), though our fast cooling is slower than predicted in those 
studies (9.1 ˚C Myr-1 compared to >50 ˚C Myr1). Pressure must decrease during cooling, 
as thermodynamic modelling predicts > 25 vol % garnet with isobaric cooling. 
Furthermore, orthopyroxene-plagioclase-amphibole symplectites are observed in the 
GMGA matrix away from megacrystic garnet and suggest that the retrograde cooling 
path passed from the garnet+plagioclase+amphibole field into the 
garnet+plagioclase+amphibole+orthopyroxene field (Figure 18c), similar to previous 
hypotheses for these symplectites (Hollocher, 2008). We place the cooling path through 
the previous regional P-T estimate of the Adirondack Highlands (750-850˚C, 7-8 kbar) to 
be consistent with previous thermobarometric studies (Figure 20).  
Fluid Source of the GMGA 
Four hypotheses are possible for the source of fluid: 1) surface water came 
through a deep fault, 2) a hydrous silicic melt created by the amphibole-out reaction in 
the crust below the Highlands, or 3) dehydration of lower crustal rocks that had not fully 
dehydrated during the Elzevirian orogeny and advection of the resulting fluid or melt 
upwards in dike-like features through the GMGA(Luther, 1976), 4) the crystallization of 
the Ottawan magmatism (the LMG) released fluids which infiltrated and hydrated the 
GMGA (McLelland and Selleck, 2011).  
Garnet porphyroblasts contain dolomite inclusions, suggesting that whatever fluid 
intruded into the metagabbros had CO2 as well as H2O. This observation is further 
supported by evidence for aH2O<0.2 during the Ottawan by many mineral buffers (Valley 
et al., 1990) interpreted as the result of metamorphosing already dehydrated meta-
sediments and igneous rocks after the Elzevirian orogeny (1190-1140 Ma). This would 
suggest the fluid is more likely to come from sources with carbonate such as 
metasediments, though CO2 could also be added into lower crustal melt through 
reactions. We prefer the addition of a saline-lower crustal fluid to the addition a silicic 
melt, as unless the silicic melt was in equilibrium with the metagabbro cumulate, the 
intrusion of melt would modify bulk composition of the GMGA relative to the 
metagabbro, which we do not observe. 
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Adirondack Ottawan peak P-T conditions  
Our results show that the formation of the GMGA requires ultra-high 
temperatures (>900°C), pressures of 9–10 kbar, and a pervasive fluid source. These P-T 
conditions are higher than previously estimated for the Adirondacks (700-850˚C, 6-8 
kbar), but are not out of place considering more recent higher temperature estimates 
including one other UHT estimate near the Marcy Massif (Figure 20). The locations of 
megacrystic garnet outcrops (red stars, Figure 20) could represent regions with both high 
P-T conditions and the presence of H2O (and CO2) bearing fluid. This combination is 
unlikely to be realized throughout the entire lower crust during orogenesis and 
metamorphism. In the Adirondack Highlands only a few older migmatites bear Ottawan-
age zircon rims, suggesting that fluid content and/or temperature could have been 
variable (light blue circles, Figure 20) during peak metamorphism. In addition, spinel-
clouded plagioclase metagabbros similar to the ones at Gore Mountain crop out near the 
Marcy Massif in the northern Adirondack Highlands (Figure 1), but are not associated 
megacrystic garnet amphibolites.  Ottawan-age pegmatites (dark blue circles, Figure 20) 
along the eastern edge of the Marcy Massif show that there was likely fluid present in 
some regions near metagabbro locations. Thus, the absence of megacrystic garnet 
amphibolites can be plausibly explained by slightly lower peak pressure-temperature 
conditions during metamorphism in the Marcy Massif region.  
Implications for modern orogenesis 
Topography-driven lower crustal channel flow, hypothesized to explain the low 
relief, but topographically high Tibetan Plateau (Bird, 1991; Royden et al., 1997; Clark 
and Royden, 2000), requires >10 km thick lower crustal portions with effective 
viscosities ≤ 1019 Pa s along with large topographic variations (Clark and Royden, 2000; 
Beaumont et al., 2004; Grujic, 2006; Gerya et al., 2008). To estimate the range of 
potential effective viscosities for the Adirondack Highlands during the end of the 










where 𝜖̇ is the strain rate, A is the pre-exponential factor (100.2 MPa-3 s-1),  𝑓𝐻2𝑂 is the 
water fugacity, r is the water fugacity exponent (1),  𝜎 is the second invariant of the 
deviatoric stress, 𝑛 is the stress exponent (3), 𝐸 is the activation energy (345 kJ mol-1), 𝑉  
is the activation volume (38x10-6 m3 mol
-1), 𝑃 the pressure, 𝑅 the universal gas constant 
(8.314 J mol-1), and 𝑇 the temperature in Kelvin. We use the wet anorthite flow law 
because the Adirondack Highlands are dominated by feldspar-rich lithologies and the wet 
anorthite flow law best also approximates viscosity estimates lower crustal rocks 
(Rybacki and Dresen, 2004; Bürgmann and Dresen, 2008; Shinevar et al., 2018). We 
approximate water fugacity using an exponential fit at crustal conditions 
 





where 𝑎𝐻2𝑂 is the water activity and A1, A2, and A3 are empirically fit constants (5521 
MPa, 31.28 kJ/mol, and -2.009 x 10-5 m3 respectively) (Shinevar et al., 2015). We use a 
aH2O=0.1 based on constraints from previous studies based on mineral buffers (aH2O<0.2, 
Valley et al., 1990).  Effective viscosity (𝜂) is calculated as 











The right-most fraction adjusts the flow law derived from an axial compression 
experiment for triaxial stress conditions as described in Gerya, (2009). We calculate 
viscosities for a range of possible stresses (0.1–10 MPa) along the cooling path derived 
from our garnet diffusion model (Figure 16), though we note that the P-T experienced by 
the GMGA may have been exceptional for the Highlands (Figure 20).  
The lower crust at the depths of the GMGA of the Ottawan orogeny was weak 
enough to allow topography-driven lower crustal flow for 0–20 Myr at 10 kbar after peak 
metamorphic P-T conditions with no effect of melt (Figure 21a). At 𝜎 = 1 MPa, P = 10 
kbar, 𝑎𝐻2𝑂=0.1, and T = 875 ˚C, produces a viscosity of 1.22x10
19 Pa s. Lower crustal 
flow is only possible for temperatures > 875 ˚C at 𝜎 = 1 MPa without other weakening 
effects or at higher deviatoric stresses (> 1 MPa) at 875 ˚C. The addition of ≤12 vol. % 
melt weakens feldspar-rich lithologies by a factor of 3–5 (Dimanov et al., 1998). If 
partial melt and fluids in the lower crust are retained as seen by late Ottawan pegmatites 
and fluid alteration, topography-driven lower crustal flow could persist for 0–25 Myr at 
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10 kbar. Even with the weakening effect of melt and UHT temperatures, viscosities less 
than 1019 are not possible for low deviatoric stress invariants (<0.1 MPa). The durations 
predicted assuming the GMGA cooling history (Fig. 19) at higher deviatoric stress 
invariants (≥ 1 MPa) are similar to the formation timescale of the Tibetan plateau (ca. 10–
20 Myr) (Harrison et al., 1992). Topography-driven lower crustal flow advects granulite-
facies material into colder geotherms until flow stops, after which conduction becomes 
the dominant cooling mechanism (Figure 21b). This geophysical sequence for the 
Adirondack Highlands could explain the high initial cooling rate dominated by advection 
followed by second slower cooling rate dominated by conduction required by diffusion 
modelling from this and other studies (Storm and Spear, 2005; Bonamici et al., 2015).  
CONCLUSION 
 Here we compiled petrological analysis, thermobarometry, diffusion modelling, 
and thermodynamic modelling to show that the megacrystic Gore Mountain Garnet 
Amphibolite (GMGA) formed at ultra-high temperature P-T conditions (9–10 kbar, 
950±40 ˚C). Garnet major element diffusion models suggest that following garnet 
formation, the GMGA cooled at ~9.1 ˚C Myr-1 followed by a slower 2.6 ˚C Myr-1 
constrained by nearby (<25 km away) mineral closure temperature-ages. The GMGA 
formed during crustal thickening in the Ottawan orogeny due to an influx of fluid into a 
spinel-clouded plagioclase metagabbro related to the 1170–1130 AMCG suite 
magmatism. Dating of metamorphic zircon constrains the garnet formation age to be 
1053.9±5.4 Ma in agreement with previous ages based on zircon and garnet 
geochronology. The spinel-clouded plagioclase metagabbro is the protolith as evidenced 
by garnet porphyroblast inclusion chemistry, whole-rock composition, and the gradual 
transition from the metagabbro into the garnet amphibolite. The cm-thick euhedral 
amphibole rims are not decompression rims, but rather the reaction product that 
surrounded the growing garnet porphyroblasts. This metamorphic reaction formed some 
melt as predicted by thermodynamic modelling and the existence of high-T inclusions 
(Darling et al., 1997; Ferrero et al., 2019), potentially forming the nearby gabbroic 
anorthosite based on whole rock trace elements. The cooling history for the Adirondack 
Highlands suggests that the region was hot enough to undergo topography-driven lower 
crustal flow similar to hypothesized for modern Tibet for 0–20 Myr depending on the 
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deviatoric stress second invariant (0–25 Myr when the effects of melt are included).  The 
two-stage cooling history for the GMGA from UHT conditions could reflect initial 
advection-dominated cooling due to topography-driven lower crustal flow, followed by 
conduction-dominated cooling once flow ended. 
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Figure 2.1: Regional geological map of the Adirondack Highlands. Modified after 
McLelland et al. (2010b). Red stars indicate an outcrop exposure with megacrystic 
garnets after McLelland and Selleck (2011). MCG: mangerite-charnockite-granitoid.  
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Figure 2.2: Outcrop map of Gore Mountain, modified after Luther (1976). Bottom left is 
the black box in Figure 1.   
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Figure 2.3: North facing outcrop photo in Pit 4 (Figure 2) with scale bar in the top left. 
Dashed yellow outline shows the outcrop region with spinel-clouded plagioclase 
metagabbro or recrystallized metagabbro where the red outline shows the region of the 
GMGA. Three close up pictures showing the spinel-clouded plagioclase metagabbro 
(left), the gradual transition between the recrystallized metagabbro and the GMGA 
(middle), and a close up of a megacrystic garnet from the GMGA (right). Rock hammer 
and pen for scale.  
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Figure 2.4: a) Cross-polarized light (XPL) image of the spinel-clouded plagioclase 
metagabbro (17-ADK-08), b) XPL image of the recrystallized metagabbro (15-ADK-02), 
c) XPL image of the garnet amphibolite (15-ADK-13), d) Inverse pole map of panel c 
showing that the garnet grain is a single crystal, e) rutile exsolutions in the garnet of the 
GMGA (17-ADK-09G), f) Pole figure for the [111] shown alongside a plane-light image 
of rutile exsolutions from the same sample (15-ADK-13) in the same orientation. M.U.D 
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(multiple of uniform density) describes the strength of the pole direction. A M.U.D. of 1 
represents random fabric, while higher numbers show the most likely [1 1 1] direction. 
Numbers 1–4 exhibit rutile exsolutions along all four [1 1 1] directions. g) XPL image of 
the garnet hornblendite (17-ADK-03), h) XPL image of the gabbroic anorthosite (15-
ADK-11). Mineral abbreviations: amphibole (Amph), biotite (Bt), clinopyroxene (Cpx), 




Figure 2.5: Total alkali silica (a) and Harker diagrams (b–d) for Gore Mountain rocks 
from this study and Luther (1976). AMCG related magmatism data taken from Seifert et 





Figure 2.6: Trace elements for Gore Mountain rocks normalized to Primitive Upper 
Mantle (Sun and McDonough, 1989) plotted alongside range of trace elements from 
Adirondacks coronitic metagabbros (Regan et al., 2011) and AMCG related gabbros 




Figure 2.7: Garnet major element chemistry plotted with contours denoting mafic 
metaigneous garnet chemistry compilations for different metamorphic facies (Krippner et 
al., 2014).   
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Figure 2.8: Mg, Fe, P, Ca, and Mn maps with a XPL thin section photo image of garnet 
porphyroblast (17-ADK-09G). The profile for major and trace elements discussed in 
Figures 9 and 17a signified by the numbered points and dashed line in the bottom left. 
Mineral abbreviations follow Figure 5 caption.   
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Figure 2.9: Trace elements for a) garnet, b) plagioclase, c) pyroxenes, d) amphibole 
normalized to Primitive Upper Mantle (Sun and McDonough, 1989). Red lines represent 
trace element measurements from GMGA, yellow lines represent trace elements from the 
spinel-clouded plagioclase metagabbros, and yellow stars represent measurements from 
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recrystallized metagabbros. Numbers in red in a) correspond to the point locations shown 




Figure 2.10: a) Anorthite and b) orthoclase contents of plagioclase plotted against FeO.    
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Figure 2.11: Pyroxene quadrilateral for all orthopyroxene and clinopyroxene measured 








Figure 2.13: Representative CL images for zircon textures: turtleshell with bright rim 
(grain 34), turtleshell texture (grains 14 and 16), , igneous texture (grains 20 and 36). 
Orange dashed circles mark the locations of concordant 206Pb/238U age analyses with 2σ 
uncertainty.   
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Figure 2.14: a) Rank-order plot of concordant (< 4% discordance) of zircon 206Pb/238U 
ages with 2σ error. The green are concordant zircons excluded to improve the p-value of 
a single mean age as discussed in Geochronology. The black horizontal line denotes the 
weighted average 206Pb/238U age with 2σ error (grey bar). b) Lu/Dy normalized to PUM 
plotted against 206Pb/238U age for all concordant turtleshell and other textured zircons.   
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Figure 2.15: a) Results from thermobarometry analyses for the GMGA and related 
metagabbros. b) Frequency histogram of ZIR temperatures with fitted normal 
distributions (black lines).  
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Figure 2.16: Best-fit cooling history of the GMGA (red line). The initial cooling rate (9.1 
˚C Myr-1) is found from the best-fit initial temperature (950 ˚C) and the second, lower 
cooling rate is best fit from cooling ages. Solid grey boxes denote local cooling ages (<25 
km from Gore Mountain) listed in Table 2. The garnet formation box depicts our U-Pb 
zircon estimate for garnet formation age and the range of initial model temperatures 
(800–1050˚C). The Gore Mtn. pegmatite age (transparent grey box) require the GMGA to 
have been at a temperature below the wet granite minimum for the pegmatites to 
crystallize.   
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Figure 2.17:  Measured garnet compositions (colored points) for sample 17-ADK-09 
along line A-A’ (Figure 9) (a) and sample 15-ADK-05A (b) compared with the multi-
component diffusion initial condition (dashed black line), the model result using the best-
fit Tinit (950˚C, blue line), as well as the model result using a lower ZIR Tinit (870˚C, 
green line) for comparison.   
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Figure 2.18: Phase diagrams for the spinel-clouded plagioclase metagabbro (17-ADK-
08) bulk composition with increasing water contents from 0 wt. % to water saturated. 
Accessory phases such as oxides are excluded for simplicity. Phase abbreviations are Am 
(amphibole), Opx (orthopyroxene), Cpx (clinopyroxene), Bi (biotite), Gt (garnet), Sp 
(spinel), Pl (plagioclase), Mi (mica), Ol (olivine), Q (quartz). Grey box indicates the 
upper ZIR thermobarometry estimate (985±40 ˚C, 10±1 kbar).   
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Figure 2.19: P-T-t path for the GMGA. Dashed lines show the dry, damp, and wet 25 
vol. % garnet contours and solid lines show the damp and wet solidus. Damp and wet 
refer to 0.5 and 1.0 wt % H2O respectively. Grey box signifies the thermobarometry 
estimate. a) Crystallization of gabbroic cumulate, 1100-1150 ˚C, <7 kbar, 1150-1130 Ma, 
b) Isobaric cooling, 1130-1090 Ma c) Ottawan Thickening and Heating, Garnet 
Formation, 1090-1055 Ma d) Peak GMGA P-T conditions, crustal anatexis 950±40˚C, 9–
10 kbar, 1055 Ma e) Orogenic Collapse and Cooling, 1055-1010 Ma.  
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Figure 2.20: Thermobarometry in the Adirondack Highlands from the following 
methods. 1: This study, 2: two pyroxene thermobarometry (Spear and Markussen, 1997), 
3: Zr-in-Titanite thermometry (Chiarenzelli et al., 2011), 4: Quartz-garnet isotope 
thermometry (Peck and Valley, 2004), 5: Two-feldspar thermometry (Edwards and 
Essene, 1988), 6: Al-in-Hornblende thermometry, ternary feldspar thermometry, and 
estimates of metagabbro anatectic conditions (Alcock et al., 2004), 7: Garnet-biotite and 
GASP thermobarometry with garnet diffusion modelling (Storm and Spear, 2005), 8: Ti-
in-Quartz thermometry (Storm and Spear, 2009), 9: orthopyroxene-garnet 
thermobarometry (Darling et al., 2004), 10: Estimates from melt inclusions (Florence et 
al., 1995; Darling, 2013), 11: titanite oxygen isotope diffusion (Bonamici et al., 2015). 
Metapelitic migmatite age locations from Bickford et al. (2008). Ottawan pegmatite 
locations and ages from Lupulescu et al., (2011), McLelland and Selleck, (2011), and 
Wong et al., (2012). Garnet megacrystic outcrop locations from McLelland and Selleck, 
(2011). Dashed contours are from Bohlen et al. (1985). Carbon isotope thermometry 
(Kitchen and Valley, 1995) is well represented by the dashed contours as they calibrated 




Figure 2.21: (a) Predicted viscosities for the Adirondack Highlands using the diffusion 
model cooling history (Figure 17) and anorthite wet dislocation creep flow law with 
aH2O=0.1, P = 10kbar, and deviatoric stress second invariants ranging from 0.1–10 MPa. 
A factor of 5 weakening is plotted to show the possible rheological effect of ≤12 vol. % 
at temperatures above the wet granite minimum (Dimanov et al., 1998). Viscosities 
below the black line (1019 Pa s) allow topography-driven lower crustal flow. (b) 
Schematic diagram depicting the formation of the Adirondacks Highlands as a 
metamorphic core complex due to the inflow of lower crustal ductile material caused by 
orogenic collapse. σ1 denotes that the largest compressive stress is vertical during 
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74 0 1 5 8 0 0 0 
 
85 1 5 7 1 0 1 0 apatite 
37 21 6 8 8 0 0 tr hercynite, iron sulfides 
29 26 9.5 6.5 5.5 0 0 0.5 hercynite, magnetite, 
iron sulfides 
38 4 2.5 39 1 0 0 0 apatite, iron sulfides, 
magnetite 
48 5.5 1.5 27 6 0 0 0 
 
30.5 13 4.5 27 6 0 0 0 
 
23 0 6 44 3 0 0 0 
 
0-29 0 0-3 46-68 0-2 0 tr 0 ilmenite, rutile, zircon, 
apatite, magnetite, 
quartz, iron sulfides 
0-29 0 0-3 46-68 0-2 0 tr 0 ilmenite, rutile, zircon, 
apatite, magnetite, 
quartz, iron sulfides 
0-29 0 0-3 46-68 0-2 0 tr 0 ilmenite, rutile, zircon, 
apatite, magnetite, 
chlorite, quartz, iron 
sulfides 
0-29 0 0-3 46-68 0-2 0 0 0 
 
0-29 0 0-3 46-68 0-2 0 tr 0 ilmenite, rutile, zircon, 
apatite, magnetite, 
quartz,  iron sulfides 
2 0 19 61 4 0 0 0 ilmenite, rutile, zircon, 
apatite, iron sulfides 
0 0 10 79 8 0 0 0 
 
83 0-6 0-6 5 1 0 0 0 ilmenite, magnetite, 
zircon, apatite 
23 3.5 2 4 0 55 11 0 apatite, garnet, oxides 
42 31 2 4 1 0 0 5 magnetite, spinel 
49 10.5 2 10 3 0 0 5 magnetite, spinel 
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Table 2.2: Measurement type, age, temperatures, and distance from Gore Mountain 
used to constrain the GMGA cooling history.  1:(Mezger et al., 1991), 2:(Spencer et 
al., 2013), 3:(Smith and Giletti, 1997), 4:(McLelland and Selleck, 2011), 5:(Luth et al., 
1964), 6:(Onstott and Peacock, 1987), 7:(Mezger et al., 1989), 8:(Harrison et al., 
1985). The pegmatites are not a closure temperature, instead requiring that the 
GMGA must have been below the wet granite minimum (675 ˚C) at 1008 ± 10 Ma.  
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Chapter 3:  
Causes of oceanic crustal thickness oscillations along a 74-Myr 
Mid-Atlantic Ridge flow line 
 
This chapter was originally published as: Shinevar, W. J., Mark, H. F., Clerc, F., Codillo, 
E. A., Gong, J., Olive, J. A., ... & Behn, M. D. (2019). Causes of oceanic crustal 
thickness oscillations along a 74‐M mid‐atlantic ridge flow line. Geochemistry, 
Geophysics, Geosystems, 20(12), 6123-6139. https://doi.org/10.1029/2019GC008711.  
Used with permission as granted in the original copyright agreement.  
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Abstract  
Gravity, magnetic, and bathymetry data collected along a continuous 1400-km-long 
spreading-parallel flow line across the Mid-Atlantic Ridge indicate significant tectonic 
and magmatic fluctuations in the formation of oceanic crust over a range of timescales. 
The transect spans from 28 Ma on the African Plate to 74 Ma on the North American 
plate, crossing the Mid-Atlantic Ridge at 35.8 ºN.  Gravity-derived crustal thicknesses 
vary from 3–9 km with a standard deviation of 1 km.  Spectral analysis of bathymetry 
and residual mantle Bouguer anomaly (RMBA) show diffuse power at >1 Myr and 
concurrent peaks at 390, 550, and 950 kyr. Large-scale (>10-km) mantle thermal and 
compositional heterogeneities, variations in upper mantle flow, and detachment faulting 
likely generate the >1 Myr diffuse power.  The 550- and 950-kyr peaks may reflect the 
presence of magma solitons and/or regularly spaced ~7.7 and 13.3 km short-wavelength 
mantle compositional heterogeneities. The 390-kyr spectral peak corresponds to the 
characteristic spacing of faults along the flow line. Fault spacing also varies over longer 
periods (>10 Myr), which we interpret as reflecting long-lived changes in the fraction of 
tectonically- vs. magmatically- accommodated extensional strain. A newly discovered 
off-axis oceanic core complex (Kafka Dome) found at 8 Ma on the African plate further 
suggests extended time periods of tectonically dominated plate separation.  Fault spacing 
negatively correlates with gravity-derived crustal thickness, supporting a strong link 
between magma input and fault style at mid-ocean ridges.   
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1.  Introduction 
 The oceanic lithosphere covers more than two-thirds of the Earth’s surface and 
plays an essential role in plate tectonics.  Oceanic lithosphere forms at mid-ocean ridges 
(MORs) through a combination of magmatic and tectonic activity (Macdonald et al., 
1996; Searle, 2013).  Variability in the magma supply associated with differences in 
spreading rate, axial thermal structure, and/or mantle melting processes has been linked 
to first-order differences in ridge morphology (e.g., Chen and Morgan, 1990a, 1990b; Ito 
and Behn, 2008; Roth et al., 2019), fault behavior (e.g., Buck et al., 2005; Behn and Ito, 
2008; Tucholke et al., 2008), and the chemistry of mid-ocean ridge basalts (e.g., Bonatti 
et al., 2003; Behn and Grove, 2015). 
Temporal variability in magmatic and tectonic forcing at mid-ocean ridges has 
been hypothesized and/or observed on timescales from millions to thousands of years. 
For example, Bonatti et al. (2003) found a long-term increase in gravity-derived crustal 
thickness along the Vema Transform Fault (Guinea Fracture Zone) in the Atlantic, which 
they hypothesized to result from a long-term (>20 Myr) increase in mantle potential 
temperature.  Previous studies in the Mid-Atlantic also found 2–4 Myr period variations 
in gravity-derived crustal thickness, which were interpreted as representing changes in 
mantle upwelling and flow (Pariso et al., 1995; Bonatti et al., 2003) or as reflecting 
alternating phases of dominantly magmatic and amagmatic extension (Tucholke et al., 
1997).  Further, Minshull et al. (2006) attributed seismically derived crustal thickness 
variations with periods of ~3 Myr near the ultraslow-spreading Southwest Indian Ridge 
to be the result of episodic melt flow and tectonic extension during amagmatic periods.     
On slightly shorter time-scales, Canales et al., (2000) reported seismically-derived 
crustal thickness variations with periods of ~0.5–1 Myr near the axis of the Mid-Atlantic 
Ridge close to the Kane fracture zone, which they attributed to temporal variability in 
magma supply.  Measured cross sections of the Oman ophiolite also depict thickness 
variations over 5–10 km scale attributed to accretion above mantle diapirs (Nicolas et al., 
1996).  Assuming a half spreading rate between 25 and 50 mm yr-1 for the crust formed in 
the Oman ophiolite, the 5–10 km scale thickness variations correspond to variations with 
a periodicity of 100–400 kyr. High-resolution sampling across the intermediate-spreading 
Juan de Fuca Ridge (Ferguson et al., 2017) revealed a rapid change (<10 kyr) in basalt 
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geochemistry coincident with 1-km increase in crustal thickness (Carbotte et al., 2008), 
demonstrating that changes in magma supply can also occur on very short time scales.   
Some short period (<100 kyr) variations in crustal production have been proposed 
to result from external forcing on the MOR magmatic system.  Crowley et al. (2015) 
hypothesized that fluctuations in sea level caused by Milanković cycles (23, 41, and 100 
kyr) could modulate the amount of magma produced by adiabatic decompression melting 
below MORs by modulating mantle pressure.  Tolstoy (2015) also suggested that orbital 
forcing affects crustal stresses and thus the dynamics of melt extraction on Milanković 
time scales, particularly at fast-spreading ridges.  
One challenge in deciphering temporal changes in the structure and evolution of 
oceanic lithosphere is that most previous studies have focused on the formation of young 
lithosphere at or near the ridge axis.  For example, to understand the magmatic input to 
mid-ocean ridges, studies have focused on variations in the chemistry of mid-ocean ridge 
basalts (e.g., Langmuir et al., 1992; Gale et al., 2013), near-axis seismic and gravity 
measurements of crustal thickness (e.g., Kuo and Forsyth, 1988; Detrick et al., 1995; 
Hooft et al., 2000), and the physical dynamics of magma chambers and their eruptions 
(e.g., Rubin and Pollard, 1988; Sinton and Detrick, 1992; Tan et al., 2016). Near-axis 
geophysical observables, such as gravity, bathymetry, and fault style, have also been 
analyzed to understand the way magmatism and tectonics interact to shape the ridge axis 
(e.g., Kuo and Forsyth, 1988; Detrick et al., 1995; Hooft et al., 2000; Buck et al., 2005; 
Howell et al., 2016, 2019). By contrast, relatively few studies have investigated off-axis 
oceanic lithosphere (e.g., Morris et al., 1993; Tucholke et al., 1997; Lizarralde et al., 
2004) where mass wasting and sedimentation restrict sampling and complicate the 
bathymetric record of faulting.  Thus, temporal variability has typically been inferred 
from very short across-axis studies (e.g., Canales et al., 2000; Crowley et al., 2015), as 
well as comparison of spatial variations between different ridge segments of similar 
spreading rates (e.g. Purdy et al., 1992). 
To better quantify the temporal variability in magma supply and fault style in 
oceanic lithosphere over timescales of 104–107 years, we acquired a 1400-km-long 
geophysical transect collecting bathymetry, gravity, and magnetic data during the SCARF 
cruise (Student-led Cruise Along a Ridge Flow Line) (#AR023-02) aboard the R/V Neil 
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Armstrong in October 2017. The cruise track followed a single, spreading-parallel flow 
line between 30˚ and 45˚W crossing the Mid-Atlantic Ridge (MAR) at 35.8˚N, ~100 km 
north of the Oceanographer Fracture Zone (Figure 1).  The cruise yielded one of the 
longest geophysical surveys along a single ridge flow line and covered ~28 Ma 
lithosphere on the African plate to 74 Ma lithosphere on the North American plate.  Our 
analysis of this flow line allows us to estimate key properties of the oceanic lithosphere, 
including crustal thickness, effective elastic plate thickness, and fault characteristics to 
provide constraints on the tectonic and magmatic processes that control temporal 
variation of crustal formation at the same mid-ocean ridge segment. 
2.  Geologic Setting 
 The Central Atlantic Ocean, the portion of the Atlantic Ocean south of the Azores 
plateau and north of Guinean Fracture Zone, began spreading at ~190 Ma (Labails et al., 
2010), likely triggered by the 203 and 193 Ma surges of Central Atlantic magmatic 
province volcanism (Jourdan et al., 2009). Early accretion in the Central Atlantic Ocean 
was highly asymmetric, adding significantly more material to the North American plate. 
The Central Atlantic Ocean originally accreted slowly (half spreading rate of 4 mm yr-1) 
until 170 Ma, when the spreading direction shifted from northwest-southeast to east-west 
and spreading rate doubled. Afterwards, the half spreading rate remained around 10 mm 
yr-1 with periods of faster rates up to 30 mm yr-1 (Labails et al., 2010; Seton et al., 2012).  
The Mid-Atlantic Ridge north of the Oceanographer Fracture Zone and south of 
the Tydeman Fracture Zone consists of 20–45 km long segments separated by non-
transform offsets. The SCARF cruise track followed a flow line that crossed the ridge 
axis near the center of the third segment north of the Oceanographer Fracture Zone at 
35.8˚N, 34.2˚W. The crossing point lies approximately 90 km north of the Oceanographer 
Fracture Zone and 260 km south of Tydeman Fracture Zone. This segment has been 
named previously as the South Alvin Mid-Atlantic Ridge (S. AMAR) (e.g., Detrick et al., 
1995)and AMARR91 by Gale et al. (2013). The S. AMAR segment is 40-km long and 
has a continuous, hourglass-shaped axial rift valley (Paulatto et al., 2015; Eason et al., 
2016). 
The surrounding near-axis region of the Mid-Atlantic Ridge has been well 
studied.  The Rainbow Hydrothermal Vent Field (German et al., 1996) is situated 
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approximately 50 km northeast of the S. AMAR segment, and the French-American Mid-
Ocean Undersea Study (Project FAMOUS) (Ballard et al., 1975)investigation area was 
located two segments further to the north.  The axial rift valley is shallow where it 
intersects the SCARF cruise track, approximately 2580 m deep and 8 km wide.  The 
segment currently has a slightly asymmetric ridge-perpendicular half spreading rate of 14 
mm yr-1 eastward and 13 mm yr-1 westward as calculated from magnetic isochrones in 
this study (see Section 3.1).  Rare-earth element and isotopic chemistry of dredged 
MORB samples for this segment, as well as other nearby segments show heterogeneity, 
suggesting at least three mantle components, one of which comes from the Azores plume 
(White and Schilling, 1978; Shirey et al., 1987; Bougault et al., 1988).  
3.  Observations: Underway Geophysical Data Collection 
3.1 Magnetics 
We used sea surface total magnetic field data to constrain seafloor age along the 
SCARF cruise track.  The data were acquired using a SeaSPY Overhauser magnetometer 
towed at an offset of 300 meters behind the ship.  The raw sea surface total magnetic field 
data was corrected for (1) navigation offset from ship-to-magnetometer layback, (2) 
outlying data points, (3) the international geomagnetic reference field (IGRF-11 model, 
Finlay et al., 2010), and (4) diurnal field variations (relative to Fredericksburg, Virginia, 
USA, (FRD)).  Sea surface crustal magnetic anomalies were obtained by correcting the 
total field data for the paleo-inclinations (30.5°–35.2°) and -declinations (49.7°–54.63°) 
estimated for the Atlantic using the method of (Schettino, 2014) and the paleopoles of 
(Schettino and Scotese, 2005).  The resulting magnetic anomalies along the SCARF 
transect are in good agreement with the EMAG2v3 (version 3) global magnetic anomaly 
grid (Meyer et al., 2016) when smoothed (Figure A1) and with magnetic anomaly 
measurements from nearby or crossing ship paths from NCEI's Marine Trackline 
Geophysical database (https://www.ngdc.noaa.gov/mgg/geodas/trackline.html)  (Figure 
1b). 
We estimated the ages represented by the magnetic anomalies along the SCARF 
transect by matching the observed anomalies to a calculated synthetic magnetic anomaly 
profile.  The synthetic model assumes a magnetization square wave based on a 
magnetized layer at a constant depth of 3.5 km.  The layer is 1 km thick and has a 
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magnetization of ±5 A/m with polarities based on the Müller et al. (2008) ocean age 
database and the Wei (1995) Geomagnetic Polarity Time Scale.  We filtered this 
synthetic magnetization profile with a 2-km Gaussian window to account for 
emplacement effects, following the approach of Tivey and Tucholke (1998).  The 
synthetic magnetization was converted to a synthetic magnetic anomaly profile using the 
Parker (1972) Fourier summation approach.   
To assign isochron numbers and ages to magnetic anomalies along the SCARF 
cruise track, we visually correlated the synthetic magnetic anomaly profile with the 
measured magnetic anomalies (Figure 2).  We defined the ridge axis as the midpoint of 
the axial valley and set its age to 0 Ma.  Spreading rates were predicted on the basis of the 
correlated magnetic anomalies and agree well with those calculated along the SCARF 
transect using the global seafloor age model of Müller et al. (2008) (Figure 3d).   
3.2 Bathymetry and Fault Identification 
 Bathymetry data (Figure 3a) were collected using a Kongsberg EM122 12-kHz 
multibeam echosounder. This multibeam echosounder has 0.2% error directly below the 
ship with a maximal 0.6% error at 60–70˚. Center beam bathymetry was collected at 1 Hz 
and multi-beam bathymetry was collected at 0.33 Hz. The data were cleaned for outlying 
data points and gridded with the MB-System software (Caress and Chayes, 2017). Figure 
A2.1-18 shows images of all the trackline multi-beam bathymetry (bathymetry data 
available through Marine Geoscience Data System). The swath width is ~6 times the 
water depth. We identified individual faults manually using a combination of the center 
beam and multibeam bathymetry.  We identified axis-facing fault scarps as changes in 
topographic gradient observed in the center beam bathymetry data that correspond to 
linear features in the multibeam bathymetry. Abyssal hills may not be entirely fault-
controlled, and some may be relict volcanic ridges. Volcanic ridges should manifest as 
symmetric ridges, displaying both inward- and outward-facing slopes within a few km of 
one another. Although common at fast spreading rates, volcanic ridges are typically not 
preserved at slower spreading rates (Carbotte and Macdonald, 1994), and such 
morphological features were not seen along the transect. Here we interpret all fault scarp 
picks as abyssal hill-bounding faults.  We estimate the throw (vertical offset) and heave 
(horizontal offset) of each fault by picking the shallowest depth of the fault in the center 
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beam bathymetry as the scarp top and the deepest depth of the fault as the scarp bottom. 
We only picked faults that have an identifiable throw of greater than 10 m.  Using this 
approach, we identified 415 fault scarps along the SCARF transect (red dots in Figure 
3a). Individual fault statistics are available in Supplementary Table 1.  We find most fault 
slopes have less than 30˚ angles, likely due to gravitational mass wasting of the fault 
scarps (Cannat et al., 2013) (Figure A3). We calculated fault spacing (bin length divided 
by the number of picked faults in a bin, Figure 3b) and total fault heave in overlapping 
100 km bins every 25 km along the flow line. There are 12 or more faults in each bin.  
The resulting bin spacing precludes analysis of short-period (< 2 Myr) variations in fault 
spacing.  
We validated our fault picks by examining the frequency distribution of fault 
throws (Figure 4).  Natural fault populations are predicted to display an exponential 
frequency distribution for faults having lengths comparable to or greater than the brittle 
layer thickness (Cowie et al., 1993; Carbotte and Macdonald, 1994) and exponential 
distributions in scarp heights and fault spacing have been observed at the East Pacific 
Rise and Chile Ridge (Bohnenstiehl and Kleinrock, 1999; Bohnenstiehl and Carbotte, 
2001; Howell et al., 2016).  Consistent with these results, we observe that scarp 
frequency decays exponentially with scarp throw for our picks, suggesting that our scarp 
database is sampling the true fault population.  The exponential decay of fault population 
fades at large throw (>0.7 km); we only find three faults with throw greater than 0.7 km.  
A major difference between previous fault population studies and ours is that 
most previous studies analyzed only near axis faults along multiple ridge segments, while 
most of our picked faults are located far from the ridge axis in >10 Ma lithosphere.  For 
instance, the furthest off axis fault analyzed by Howell et al. (2016)is 100 km away from 
the ridge axis, corresponding to ~3 Ma lithosphere.  To check the validity of our off-axis 
fault picks, we compared the distributions of fault throw for (1) all faults within 200 km 
of the ridge, (2) all faults within 400 km of the ridge, and (3) the entire transect.  We find 
no change of slope in the cumulative throw distributions between those calculated for 200 
and 400 km cut-offs below a throw of ~0.6 km. The change in slope for throw > 0.6 km is 
likely due to the low number of high throw faults found within 400 km of the ridge axis 
along our transect, making it difficult for a meaningful comparison. Beyond 400 km off-
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axis, we identify no faults with throw > 0.5 km.  In terms of total fault occurrence, we 
find 138 faults (33% of the total faults found along the transect) at distances >400 km off-
axis (45% of our track line). The lack of identified faults off-axis is likely due to 
sedimentation and mass wasting reworking seafloor topography. This interpretation is 
supported by the observation that at higher sediment thicknesses (>400 m) there is an 
apparent increase in fault spacing, while for lower sediment thicknesses (< ~300 m) 
nearer to the ridge axis (<400 km away), fault spacing does not correlate with sediment 
thickness (Figure 3b).  Thus, we limit our analyses of fault statistics on this transect to 
within 400 km of the ridge and interpret fault spacing variations within this distance to 
reflect changes in tectonic behavior.   
We calculated the fraction of spreading accommodated by magmatic accretion, M 
(0 for purely tectonic spreading and 1 for purely magmatic spreading; Buck et al., 2005) 
in each 100-km bin by subtracting the cumulative heave from the bin length and dividing 
by the bin length.  M values calculated in this manner are maxima, as apparent fault 
heave recorded by scarp morphology is reduced through sedimentation and mass wasting.  
In general, these effects should become more significant in older lithosphere farther off-
axis.  Focusing on bins within 400 km of the ridge axis, where we have the best estimates 
of fault statistics, we find that M varies from 0.6–0.85 and is smallest near the ridge 
(Figure 3c).  Farther off-axis, variations in fault spacing are likely to be better proxies for 
variations in tectonic behavior, as spacing will only be affected by mass wasting and 
sedimentation if an existing fault is degraded or buried such that it can no longer be 
identified in the center beam data.  
3.3 Gravity 
Shipboard gravity data was collected at a 1 Hz sampling rate along the SCARF 
transect using a Bell BGM-3 gravimeter.  Corrections were applied for (1) instrument 
calibration, (2) instrument drift, (3) latitude variations, and (4) the Eötvös effect.  We 
filtered the corrected gravity data with a 2-pole low-pass Butterworth filter with corner 
frequency 0.004 per sample and removed outlying data points.  The free-air anomaly 
(FAA) was calculated by subtracting the reference gravity along the GRS80 ellipsoid 
(Moritz, 1980) from the observed gravity.  Our data is in excellent agreement with the 1-
arcminute satellite–derived marine FAA version 24 (Sandwell et al., 2014) (Figure 1c).  
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The mantle Bouguer anomaly (MBA) was calculated by subtracting the water-sediment, 
sediment-crust, and crust-mantle density interfaces from the FAA following the spectral 
method of Parker (1972).  We assume a 6-km thick crustal layer.  Sediment thickness 
(Figure 3b) was taken from Divins (2003), which interpolated sediment thickness from 
compiled isopach maps, ocean drilling records, and seismic reflection data.  To reduce 
edge effects in the calculation of the MBA, we added 500 km of satellite–derived data 
(Sandwell et al., 2014)to each end of the SCARF transect.  Densities used to calculate 
density contrasts for water, sediment, crust, and mantle were assumed to be 1000, 2100, 
2800, and 3300 kg m-3, respectively, with the sediment density taken from (Hamilton, 
1978).  To obtain the residual mantle Bouguer anomaly (RMBA) (Figure 3e), we further 
corrected the MBA for thermal contraction of the oceanic lithosphere assuming a half-
space cooling model (Turcotte and Schubert, 2014) with the magnetically derived ages 
(Figure 2), 𝑇𝑚𝑎𝑛𝑡𝑙𝑒= 1350 ˚C, 𝑇𝑠𝑢𝑟𝑓𝑎𝑐𝑒 = 0 ˚C, thermal expansivity 𝛼 = 5x10
-5 ˚C-1, and 
thermal diffusivity 𝜅 = 10-6 m2 s-1.   
3.4 Gravity-Derived Crustal Thickness 
 The RMBA can be used to estimate relative variations in crustal thickness 
assuming a constant crustal density.  Relative variations in crustal thickness derived from 
this approach have been shown to compare well to constraints from co-located seismic 
studies (e.g., Tolstoy et al., 1993; Hooft et al., 2000; Wang et al., 2011). Here we 
calculated relative crustal thickness variations by downward continuing the de-meaned 
RMBA to a constant depth of 10 km below the sea surface (Kuo and Forsyth, 1988; 
Wang et al., 2011).  To remove short-wavelength noise, we filtered the RMBA before 
downward continuation, using a cosine taper designed such that signals with wavelengths 
less than 25 km were filtered out and signals with wavelengths greater than 45 km were 
fully retained.  Because the average half spreading rate along the SCARF transect is ~14 
km Myr-1, this removes crustal thickness variations occurring at wavelengths less than ~2 
Myr.  We then calculated crustal thickness variations with respect to a 6 km crust (Figure 
3f), corresponding to the average crustal thickness obtained at a nearby ridge segment 
using seismic refraction data (Hooft et al., 2000).  Our results agree well with the 
regional estimates of gravity-derived crustal thickness calculated by Wang et al. (2011).   
3.5 Kafka Dome 
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Along our transect, we observed a dome-shaped bathymetric high at 35˚ 34’ N, 
32˚ 54’ W (Figure 5), which we name Kafka Dome. Kafka Dome was identified as an 
oceanic core complex based on its dome morphology with a topographic prominence of 
~1 km and a ~7 km length widening away from the axis into an elongated ridge. This 
morphology is consistent with the breakaway ridge geometry observed at well-developed 
oceanic core complexes at 13˚20’N and 13˚30’N on the MAR (Figure 5c, Escartín et al., 
2017) and Mt. Dent on the Mid-Cayman spreading center (Hayman et al., 2011).  The 
measured size and topographic height of the dome are likely minimal estimates of the 
original dome structure due to off-axis sedimentation and mass wasting.  We also observe 
a local ~8 mGal increase in the RMBA skewed towards the ridge axis (Figure 5b).  
Similar RMBA increases at other oceanic core complexes are commonly interpreted as 
positive mass anomalies caused by thinner crust in the fault footwall (Tucholke et al., 
1998, 2008). We do not observe corrugations as seen at many near ridge core complexes 
(e.g., Cann et al., 1997), likely due to off-axis sedimentation. Taken together, these 
observations point toward Kafka Dome as a rare example of an inactive off-axis oceanic 
core complex.   
The discovery of a fossil core complex indicates that within the last 10 Ma, 
faulting style at the S. AMAR segment has changed from an oceanic core complex 
regime to a regularly spaced abyssal hill regime characteristic of presently accreting 
seafloor in the vicinity of the Oceanographer Fracture Zone (Escartín et al., 2008). The 
Rainbow Massif and Pot of Gold Massif are the closest known large-offset detachment 
faults (Paulatto et al., 2015; Eason et al., 2016).  The coincidence of Kafka Dome with 
the region of larger fault spacing located at 8–22 Myr on both sides of the ridge axis 
(shaded bars in Figure 3) suggests that this interval may be characteristic of a long-lived 
oceanic core complex regime. 
4.  Time-Series Analysis 
Using the magnetically derived ages and our shipboard geophysical datasets, we 
apply spectral analysis to decompose the bathymetry and gravity data in space and time 
and determine what frequency range(s) hold the most power in our data. Because various 
tectonic and magmatic processes act on different timescales, the spectral power density 
can distinguish the relative importance of these processes.  We also calculate the 
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coherence and admittance between the gravity and simultaneously-observed center beam 
bathymetry data, which we use to estimate the elastic plate thickness, 𝑇𝑒, along the flow 
line.   
4.1 Spectral Analysis  
Time-domain spectral analysis on the bathymetry and RMBA (Figure 6) was 
performed using the multitaper method (Percival and Walden, 1993) with seven tapers.  
We used ages defined by linear interpolation of our magnetic isochron picks.  We 
investigate spectral power in the time domain such that spreading rate changes do not 
produce spurious spectral peaks.  We first de-trended the bathymetry and gravity data in 
the time domain.  To help identify spectral peaks for bathymetry, the spectra were 
calculated on the time-derivative of the bathymetry, which amounts to pre-whitening the 
data (Percival and Walden, 1993). We limited all spectral analysis to wavelengths that 
occur five or more times in the analyzed section of the geophysical transect (e.g., <5.6 
Myr for the two 0–28 Myr regions adjacent to the ridge axis) and were not filtered out via 
preprocessing (<300 kyr for gravity and <10 kyr for bathymetry).  We define a spectral 
peak as a region that has a higher value than the 95th percentile confidence interval of the 
background spectra.  
We separated the transect into three sections for analysis: the entire eastern flank 
(0–28 Ma), the corresponding near ridge western flank (0–28 Ma), and the older, off-axis 
lithosphere (28–51 Ma) on the western flank. The window of the east flank (blue portion 
of Figure 6) is set by the length of our transect. The window of the near-axis west flank 
(red portion of Figure 6) is set equal to the eastern flank for comparison purposes. Further 
west, the cruise encountered stormy weather that added high frequency noise to our 
gravity data that the Butterworth filter was unable to remove, so we omit these from the 
subsequent analysis. Setting these boundaries allows us to employ a standard multi-taper 
method and intuitively present the analysis and confidence intervals. We find that the two 
near-axis sections (red and blue, Figure 6) display similar bathymetry and RMBA power 
spectra.  The off-axis section (orange, Figure 6) lacks the same peaks in the bathymetry 
and has weaker power overall, likely due to mass wasting and sedimentation.  
For the North American (western) 0–28 Ma bathymetry power spectra, broad 
peaks appear at 300-, 390-, 550-, and 950-kyr periods (dashed vertical black lines in 
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Figure 6b). For the African (eastern) bathymetry power spectra, broad peaks appear at 
270-, 340-, 550-, and 950-kyr periods. The near-axis RMBA power spectra show peaks at 
390-, 550-, and 950-kyr periods on both the North American and African plates. Power is 
diffuse as spectral densities lack peaks but remain high at longer periods (> 1 Myr) for 
both the bathymetry and RMBA.  The off-axis North American 28–51 Ma RMBA 
spectral density (orange in Figure 6d) shows a strong peak at 390 kyr and a diffuse peak 
at 650 kyr (dash-dotted line in Figure 6d).  
The shortest period peaks in both the RMBA and bathymetry likely reflect abyssal 
hill spacing. The typical spacing of abyssal hill-bounding faults along the transect is 2–6 
km (Figure 3b).  For a half spreading rate of ~14 mm yr-1, this implies that faulting 
should add power to the bathymetry spectra between 140–420 kyr.  This is consistent 
with the spectral power in the bathymetry between 250–400 kyr, as well as the 390-kyr 
spectral peaks in the RMBA, suggesting that faulting modifies the crustal thickness at 
these periods.  
The 550- and 950-kyr peaks in the RMBA of the near-axis sections and the 650-
kyr diffuse peak in the off-axis section do not correlate with the abyssal hill fabric and 
may instead reflect processes that result in variations in crustal thickness (see discussion 
in Section 5).  The change in RMBA spectral peaks between the younger, near-axis (0–               
28 Ma) and the older, off-axis (28–51 Ma) suggests a change in the tectono-magmatic 
processes causing these peaks. There may also be power at longer wavelengths (e.g., 10–
20 Myr) as seen by the periodicity in the raw RMBA data (Figure 3e); however, the 
section length limits us to interpreting periods in the power spectra less than 5.6 Myr.  
There are no significant peaks in the bathymetry power spectrum at any of the 
Milanković cycle periods (100 kyr, 41 kyr, and 23 kyr) as reported by Crowley et al., 
(2015), supporting the idea that ocean floor bathymetry formed at slow-spreading MORs 
is not sensitive to fluctuations in melt supply triggered by sea level change (Goff, 2015; 
Olive et al., 2015, 2016; Goff et al., 2018). 
4.2 Admittance & Coherence 
Elastic plate thickness, Te, provides an estimate for the thickness of a rigid elastic 
plate (overlying an inviscid half-space) that best fits the observed patterns of lithospheric 
flexure.  It is therefore a useful proxy for the integrated strength of the plate, and a direct 
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control on the morphology of the seafloor (Watts, 2001).   To estimate 𝑇𝑒, we calculated 
the admittance and coherence of the topography and MBA along the entire SCARF 
transect following the approach of (Forsyth, 1985) (Figure 7).   Admittance is defined as 
the transfer function between topography and MBA.  The highest value of admittance is 
reached through isostatic compensation, which produces topography in response to local 
thickening of the crust. Short-wavelength oscillations in crustal thickness, however, tend 
to be flexurally compensated, suppressing strong topographic signals. Thus, admittance is 
usually low in the short-wavelength limit.  Thinner elastic plates will have a larger 
amplitude admittance at shorter wavelengths because they can isostatically compensate 
shorter wavelength topography.   
Coherence is a statistic that characterizes the strength of the association between 
two spectra at different wavelengths.  For an elastic plate, long wavelength topographic 
variations will be isostatically compensated, and thus bathymetry and the MBA will have 
a coherence of 1. On the other hand, short wavelength topography that is not isostatically 
compensated will have a coherence of 0.  For the calculation of admittance and 
coherence, the bathymetry and MBA data were not pre-whitened and the densities of the 
crust and mantle were assumed to be 2800 and 3300 kg m-3, respectively.  For 
comparison, we also calculated theoretical coherence and admittance curves for an 
idealized elastic plate model of a given 𝑇𝑒, assuming a Young’s modulus of 100 GPa, 
Poisson’s ratio of 0.25, a crustal thickness of 6 km, and equal loading on the surface and 
base of the plate.  Estimates of 𝑇𝑒 from coherence are relatively insensitive to changing 
the assumed ratio of loading on the surface and base of the plate and to reasonable 
oceanic crustal thickness variations (4–8 km) (Forsyth, 1985). Coherence and admittance 
estimates of Te are also insensitive to the inclusion or exclusion of the off-axis (28–74 
Ma) data. 
An elastic plate thickness (𝑇𝑒) of 6–12 km best fits both the admittance and 
coherence (Figure 7).  𝑇𝑒 calculated from the admittance and coherence analyses reflects 
the strength of the plate at the time of loading.  Our results are in the range found for 𝑇𝑒 
in the Atlantic based on applying elastic flexure theory to off–axis volcanoes emplaced 
on young (<10 Ma) oceanic crust (Calmant and Cazenave, 1987).  Smith et al. (2008) 
found evidence of highly-rotated low offset faults in the Central Atlantic which would 
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suggest Te < 1 km at ages <1 Myr.  Thus, because our admittance and coherence analyses 
for the entire SCARF transect predicts a 𝑇𝑒 in agreement with young lithosphere, we 
interpret that the loading was applied near, but not on the ridge axes, most likely during 
tectono-magmatic processes associated with the creation of the oceanic lithosphere. 
5.  Discussion  
5.1 Variations in Crustal Thickness 
Gravity-derived crustal thickness varies between 3 and 9 km with a standard 
deviation of 1.0 km assuming a mean of 6 km along the SCARF transect (Figure 3f).  
These fluctuations are consistent with the range of crustal thicknesses observed in seismic 
studies in Atlantic crust away from hotspots (Canales et al., 2000b, 2000a; Hooft et al., 
2000; Lizarralde et al., 2004) as well as previous gravity-derived crustal thickness 
analyses for the Atlantic Ocean (Lin et al., 1990; Detrick et al., 1995; Wang et al., 2011).  
We observe spectral peaks in the near-axis RMBA data at 390-, 550-, and 950-kyr 
periods and diffuse power at periods longer than 1 Myr.  These observations are 
consistent with seismic imaging of oceanic crust, which find crustal thickness variations 
on timescales of 0.5–1 Myr in the Atlantic (e.g., near the Kane fracture zone: Canales et 
al., 2000a).  
Variations in RMBA-derived crustal thickness could be caused by any one of the 
following tectonic and magmatic processes: variations at slow to ultra-slow spreading 
rates, along-segment thickness variations, faults offsetting the Moho, changes in ridge 
geometry and upper mantle flow, magma solitons, or thermal and chemical variations in 
the mantle source region (Figure 8).  Below we discuss these different processes and their 
potential influence on the observed crustal thickness variations along the SCARF 
transect. 
Spreading rate is not a dominant cause of crustal thickness variation. Our data show 
no significant correlation between spreading rate and crustal thickness (Figure A4).  This 
agrees with observations and geodynamic melting models that show crustal thickness is 
not sensitive to spreading rate for spreading rates greater than 10 mm yr-1 (Parmentier and 
Morgan, 1990; Chen, 1992; Behn and Grove, 2015).  
Second, the inferred crustal thickness variations could be due to our transect 
wandering slightly off the flow line, either closer to the middle or edge of the ridge 
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segment.  Indeed, crustal thickness variations between 3 and 9 km have been observed on 
single ridge segments in the North Atlantic (Cannat, 1996; Hooft et al., 2000).  Thus, if 
the transect was not always perfectly aligned with the segment center, this could explain 
some of the variability in our observations. This variation should not have a clear 
expression in the frequency domain due to its stochastic nature, and thus we do not 
consider it to be the primary source of crustal thickness variations along the SCARF 
transect. 
Variations in ridge segment geometry and upper mantle flow have also been theorized 
to affect crustal thickness on both segment and regional scale (e.g., Detrick et al., 1995; 
Hooft et al., 2000; Bonatti et al., 2003). Rearrangement and/or changes in the length of 
segments could therefore bias our one-dimensional transect of crustal thickness 
observations.  The timescales for such changes is typically on the order of millions of 
years (Schouten and Klitgord, 1982; Caress et al., 1988; Tucholke et al., 1997). Segment 
reorientation is observed through changes in the ridge-parallel magnetic lineation.  For 
example, a lineation-perpendicular offset formed by the growth of a fracture zone or the 
rotation of the ridge-parallel magnetic lineations due to ridge rotation or rift propagation 
(e.g., Kleinrock et al., 1997).  Global magnetic data (Meyer et al., 2016) along our 
trackline show no alteration in ridge-parallel magnetic lineations.  Thus, there is no 
evidence of ridge segment length variability on either side of the ridge axis based on 
global magnetic data.  Furthermore, ridge segment rearrangement is not periodic, so if it 
did occur, it would not be expected to manifest as discrete spatial peaks.   
Normal faulting can locally alter crustal thickness by offsetting the base of the crust.  
Previous seismic oceanic crustal thickness studies have shown faulting to be a major 
driver of observed cross-axis crustal thickness variations because crustal thickness 
anomalies are often found with fault scarps directly above them (e.g., Canales et al., 
2000a; Seher et al., 2010).  As shown in Figure 3b, fault spacing within 400 km of the 
ridge axis ranges from 2–6 km along the SCARF transect.  For an average half spreading 
rate of ~14 km Myr-1, the spectral power associated with such faulting should lie in 
periods of 140–420 kyr, coincident with spectral peaks in the bathymetry data between 
250–400 kyr and the RMBA spectrogram peak at 390 kyr.  However, the observed 
faulting periods do not coincide with the additional spectral peaks at 550 and 950 kyr.  In 
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the most extreme case, large-offset (>5 km) detachment faults can cause observable 
crustal thickness variations up to 1–3 km lasting for 1–3 Myr (Tucholke et al., 1998; 
Parnell-Turner et al., 2018).  Detachment faults create strong asymmetry in crustal 
thickness, exposing deep crustal units in the footwall of the fault, while the hanging wall 
can experience emplacement of a complete crustal section (Olive et al., 2010).  Because 
we interpret Kafka Dome as an oceanic core complex in 8 Ma crust east of the ridge axis 
(see Section 3.6), detachment faulting is a potential factor driving crustal thickness 
variations. However, the impact of a detachment fault on crustal thickness should be 
local. In our dataset, this would most likely add diffuse power at periods similar to their 
lifespan (1–3 Myr) instead of generating clear spectral peaks.   
Magma solitons are buoyantly ascending porosity waves of high melt fraction that 
occur in porous two-phase flow such as the mantle-melting column beneath a mid-ocean 
ridge (Scott and Stevenson, 1984).  These solitons could result in periodic crustal 
thickness variations if they carry sufficient melt to the ridge axis.  Compaction and ascent 
timescales for basaltic melt in the sub-ridge mantle depend on the melting column height, 
the melt density contrast, the melt viscosity, the melt fraction, the grain size, and the 
permeability-porosity relationship (McKenzie, 1985).  Depending on the choice of 
parameters, this timescale can range from 104–107 years.  These timescales reflect the 
time necessary to extract melt via compaction once, and provide no requirement that the 
melt extraction process is periodic.  More recent two-phase flow models (Sim et al., 
2018) at intermediate spreading rates (3.5 cm yr-1 half spreading rate) produce stable and 
persistent porosity waves that produce changes in crustal thickness with an amplitude of 
~0.5 km and recurrence time scales on the order of 100s of kyrs.  Further two-phase flow 
modelling is necessary in order to ascertain whether this periodicity exists at slower 
spreading rates and over which range of parameter values.   
Source region heterogeneities, chemical and thermal, have also been invoked to 
explain observed variations in oceanic crustal thickness.  Mantle compositional 
heterogeneity can cause variations in crustal production by enriching or depleting the 
mantle source, which modulates the melting fraction below the ridge (Katz and 
Weatherley, 2012). Thermal heterogeneities associated with mantle hotspots change the 
melt flux of the upwelling mantle.  Bonatti et al. (2003)interpreted a combination of 
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gravity and geochemical data collected along the Vema fracture zone as indicating an 
increase in mantle potential temperature in this region of the Central Atlantic Ocean over 
the last 20 Myr, causing an increase in crustal thickness on the timescale of the 
temperature variations (>10 Myr). However, regional gravity-derived crustal thickness 
calculations (Wang et al., 2011) suggest more complicated trends in this region.   
Plume thermal pulsing has been interpreted to create regional crustal thickness 
variations that are reflected in the V-shaped ridges near the Azores.  However, these V-
shaped ridges do not extend south to the S. AMAR segment and Escartín et al. 
(2001)argue that the melt flux anomaly from the Azores plume stops at approximately 
36˚ N, ~30 km north of the SCARF transect.  Thus, while thermal pulsing can affect 
crustal thickness, there is no strong evidence for thermal source heterogeneities along the 
SCARF transect.   
Trace element and isotopic data in dredged gabbros suggest chemical heterogeneities 
near the SCARF transect caused by influence from the Azores plume or patches of 
former sub-continental mantle lithosphere (Shirey et al., 1987; Bougault et al., 1988).  To 
cause temporal variations of crustal thickness, these source heterogeneities would have to 
pass through the melting column entirely; thus the timescales of variation would depend 
on their size and spacing given a constant mantle upwelling velocity.  For instance, in 
order for the 550- and 950-kyr spectral peaks to correspond to melting anomalies 
associated with mantle source heterogeneities upwelling at a rate of ~14 km Myr-1, these 
heterogeneities would need to have a characteristic size and/or spacing of 7.7 and 13.3 
km.  Larger heterogeneities would cause longer period crustal thickness variations.  
Because we do not have a long time-series chemical dataset near this ridge-segment, we 
lack the ability to determine how much of the crustal thickness variations are due to 
chemical source heterogeneities.   
In summary, diffuse power at longer periods (>1 Myr) along the SCARF transect is 
most likely due to a combination of detachment faulting, mantle source heterogeneities 
(thermal and/or compositional), and/or magma solitons. The lack of peaks at long periods 
is likely due to the lack of periodicity and the temporal independence of these processes, 
allowing the expression of their signals in crustal thickness to constructively or 
destructively interfere.  Faulting is most likely the cause for spectral power in bathymetry 
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and RMBA between 250–400 kyr because this time scale matches the characteristic 
spacing of fault-bounded abyssal hills.  By contrast, only regularly spaced chemical 
source heterogeneities and/or magma solitons can explain the spectral peaks at 550 and 
950 kyr. Further numerical studies are necessary to help estimate the relative importance 
and plausibility of the different factors contributing to the 550- and 950-kyr periods. The 
change in RMBA spectral peaks from 550 and 950 kyr in the younger, near-axis sections 
(0–28 Ma) to a diffuse 650-kyr peak in the older, off-axis section (28–51 Ma) could be 
caused by a change in these tectono-magmatic processes.   
5.2 Variations of Faulting Style and Relation to Magma Supply Variations 
Geophysical modeling shows that the main control on fault spacing is the fraction 
of spreading accommodated by magmatic accretion, M (Buck et al., 2005; Behn and Ito, 
2008; Ito and Behn, 2008; Tucholke et al., 2008; Olive et al., 2015; Liu and Buck, 2018; 
Howell et al., 2019).  Co-located analyses of ocean floor bathymetry and basalt 
geochemistry have validated the importance of magma supply on abyssal hill 
morphology (Roth et al., 2019). With higher M, faults are advected off axis into thicker 
lithosphere more rapidly.  This makes continued slip on the existing fault energetically 
less favorable (Forsyth, 1992; Buck, 1993), resulting in the formation of a new fault near 
the ridge axis, and an overall decrease in fault spacing and fault offset (Behn and Ito, 
2008).  A special case occurs when M approaches 0.5, such that spreading on one side of 
the ridge is accommodated purely by magma intrusion, while extension on the conjugate 
side is entirely accommodated by slip on a long-lived detachment fault whose footwall 
forms an oceanic core complex (Buck et al., 2005). These models predict an inverse 
relationship between fault spacing and crustal thickness.  
These model predictions imply that if Kafka Dome is indeed the footwall of a 
detachment fault, the minimum M observed should be close to 0.5 (e.g., MacLeod et al., 
2009; Schouten et al., 2010)).  The maximum M calculated through fault heave analysis 
is 0.85 (Figure 3c).  This range is in agreement with the overall range in M values (0.45–
0.75) that has been calculated in young lithosphere along the MAR (Ito and Behn, 2008; 
Paulatto et al., 2015). 
The geophysical data collected along the SCARF transect allows us to further 
quantify the relationship between magma supply and fault spacing. The Spearman rank 
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correlation coefficient (Spearman, 1904), r, detects any type of monotonic correlation 
rather than only a specific functional correlation and is less sensitive to outliers.  Values 
of r range from -1 to 1, with larger absolute values indicating that the two variables more 
strongly co-vary according to a monotonically increasing (positive) or decreasing 
(negative) relationship.  The corresponding p-value indicates the probability that the 
relationship is due to randomness. We find a strong and significant negative correlation (r 
=-0.64, p=2.2e-4) between average crustal thickness and fault spacing within 400 km of 
the ridge (Figure 9a). This agrees with previous findings in the Atlantic Ocean of fault 
spacing increasing at the edge of ridge segments where the crust is thinner (Shaw, 1992; 
Shaw and Jian Lin, 1993). Thus, we interpret the variations in fault spacing along the 
flow line (Figure 3b) to reflect variability in magmatic input into the brittle crust of the 
MAR over time. We find no significant correlation between the calculated M value and 
crustal thickness over the same bins (r=-0.254, p=0.19) (Figure 9b). This lack of a 
significant correlation could be due to the coarse resolution of our calculated M values, 
inaccuracies in our heave measurements due to off-axis sedimentation and mass wasting, 
or that M is independent of crustal thickness as observed by Howell et al., (2016). Olive 
et al. (2010) modeled extensional faulting at mid-ocean ridges with separated melt 
accretion rates in the ductile and brittle layers of oceanic crust and showed that faulting is 
only sensitive to the M value in the brittle lithosphere.  Thus, varying amounts of magma 
intrusion in the asthenosphere does not affect faulting style and could result in a 
decoupling of fault style and crustal thickness variations.  
Finally, we note that r statistics can be sensitive to outliers.  For example, 
removing the two data points with high M and high crustal thickness results in a 
nonintuitive negative correlation (r=-0.495, p=0.01), illustrating the weakness of the 
correlation between M and crustal thickness. Thus, while a correlation between M and 
crustal thickness is expected on a global scale—as both are known to increase with 
increasing spreading rate (Dick et al., 2003; Olive et al., 2015)—it is possible that our 
transect did not encounter strong enough fluctuations in magma supply to be clearly 
reflected in both crustal thickness and tectonic fabric. 
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6. Conclusion 
We conducted one of the longest continuous geophysical surveys along a 1400-
km spreading-parallel flow line across the Mid-Atlantic Ridge from 28 Ma on the African 
Plate to 74 Ma on the North American plate.  The transect was analyzed to study co-
variability in bathymetry, gravity, and fault statistics in order to elucidate tectono-
magmatic variability through time at a single slow-spreading ridge segment.  Gravity-
derived crustal thickness varies from 3–9 km along the transect with a standard deviation 
of 1.0 km assuming a mean crustal thickness of 6 km.  Admittance and coherence of 
gravity and bathymetry predict the effective elastic thickness of the lithosphere, 𝑇𝑒, to be 
6–12 km, consistent with other estimates for young oceanic lithosphere and indicating 
that most lithospheric loading that produced relief occurred near, but not on the ridge 
axis.   
Bathymetry and RMBA spectral densities show concurrent peaks on both the 
eastern and western flanks (0-28 Ma) at 390-, 550-, and 950-kyr periods, with diffuse 
power at longer periods (>1 Myr).  We interpret the diffuse power along the transect as 
due to a combination of detachment faulting, mantle source heterogeneities (thermal 
and/or compositional), and variations in upper mantle flow.  The 390-kyr spectral peak 
corresponds to the characteristic spacing of abyssal hill-bounding faults.  By contrast, the 
550- and 950-kyr peaks are more likely explained by short-wavelength mantle source 
heterogeneities and/or magma solitons.  Further off-axis (28–51 Ma), RMBA spectral 
density shows a diffuse peak at 650 kyr instead of 550 and 950 kyr could be caused by a 
change in these tectono-magmatic processes over >10 Myr time periods. Further 
modelling and analysis are necessary to better quantify the characteristic time scales of 
these processes and their parameter dependence.   
Finally, fault statistics and the identification of a newly observed, off-axis oceanic 
core complex suggest M values ranging from 0.5–0.85 along flow line.  We find a 
significant negative correlation between fault spacing and gravity-derived crustal 
thickness, indicating the variations in fault spacing along the flow line reflect variability 
in magmatic input into the brittle crust of the MAR over time.  This implies that future 
statistical analyses of fault populations have the potential to identify variations in mantle 
melting and melt transport at mid-ocean ridges.  In particular, further studies that jointly 
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analyze faulting characteristics and crustal thickness have the potential to elucidate past 
variations in magma production.   
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Figures 
Figure 3.1: Comparison of shipboard and regional data sets along the SCARF cruise 
track.  a) Track line bathymetry (scale in km is shown by white bar) plotted along the 
track line (straight black line) over satellite-derived bathymetry (Weatherall et al., 2015) 
for the region. The inset shows global plate boundaries (black lines) and our track line 
(red line).  b) Shipboard magnetic anomaly (scale in nT is shown by white bar) plotted 
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along the track line over global magnetic anomaly grid EMAG2v3 (Meyer et al., 2016).  
White lines are other shipboard magnetic anomaly tracks from NCEI’s Marine Trackline 
Geophysical database (https://www.ngdc.noaa.gov/mgg/geodas/trackline.html).  c) 
Shipboard free air gravity anomaly (scale in mGal is shown by white bar) plotted along 
the track line against 1 arcminute satellite-derived global free air anomaly version 24 
(Sandwell et al., 2014).    
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Figure 3.2: Comparison of the observed magnetic anomaly along the SCARF transect 
(blue line) and synthetic magnetic anomaly (black line) calculated from the 
magnetostratigraphic scale plotted on the bottom. See section 3.1 for synthetic calculation 
method. Synthetic profile is vertically translated by -700 nT for illustration purposes.  
Isochron picks are labeled and represented as dashed grey lines.   
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Figure 3.3: Shipboard geophysical datasets and derived geophysical parameters along 
the SCARF transect.  a) Track line bathymetry (black) with picked fault locations (red 
dots, displayed 1 km shallower than picked location). The location of the observed 
oceanic core complex, Kafka Dome is marked by the blue star, displayed 0.7 km deeper 
than the picked location.  b) Binned fault spacing (open circles) and interpolated 
sediment thickness from compiled isopach maps, ocean drilling records, and seismic 
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reflection data (red line; Divins, 2003). Grey regions denote potential oceanic core 
complex regimes located symmetrically across the ridge axis. c) M (circles) calculated as 
described in Section 3.2. d) Half spreading rates calculated from our magnetic anomaly 
derived ages (black line) and from an interpolated global age grid (Müller et al., 2008).  
e) Calculated residual mantle Bouguer anomaly (RMBA).  f) Downward continued 
crustal thickness variations calculated from the RMBA assuming an average crustal 
thickness of 6 km.    
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Figure 3.4: Cumulative frequency distribution of fault throw for the entire SCARF 
transect (solid black line), as well as for only those faults within 200 km (blue) and 400 
km (red) of the ridge axis.  The throw distribution from near-ridge picked faults on the 
Chile Ridge (dashed black line) is shown for comparison.  Straight lines in this plot 
indicate an exponential fault distribution, which is predicted for natural normal fault 
populations (see Section 3.2).  We interpret the difference in the fault population between 
those located within 400 km of the ridge to that calculated for the entire transect to be due 
to the increasing effects of sedimentation and mass wasting.  Thus, we limit our 
interpretations to fault statistics within 400 km.  The change in slope of the fault 
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distributions for throws > 0.6 km is likely due to the low number of observed high throw 
faults in our dataset.  
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Figure 3.5: a) Shaded bathymetry for our observed oceanic core complex, Kafka Dome. 
White line denotes the ship track. b) Calculated RMBA along the track line showing an 8 
mGal local increase over the Kafka Dome, characteristic of many oceanic core 
complexes. c) Bathymetry from oceanic core complex 13˚20’ N (Escartín et al., 2017) for 




Figure 3.6: a) Track line bathymetry separated into four sections.  b) Power spectral 
density of pre-whitened bathymetry for the three colored sections.  c) Calculated residual 
mantle Bouguer anomaly (RMBA) separated into the same sections.  d) Power spectral 
density of pre-whitened RMBA.  The approximate 5th to 95th percentile confidence 
interval from the spectral method is indicated by the bottom and top of the black bar in 
the upper right corner of b) and d) relative to a given value (circle). Vertical dashed lines 
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show interpreted concurrent peaks between the east (red) and the near-axis west (blue) at 
390-, 550-, and 950-kyr periods.  Dash-dotted line in d) shows the interpreted diffuse 
peak at 650 kyr for the 28–51 Ma west flank RMBA. Off-axis data shows a different 




Figure 3.7: a) Calculated admittance (black line) plotted alongside theoretical admittance 
curves for different values of effective elastic thickness, 𝑇𝑒.  b) Calculated coherence 
(black line) plotted alongside theoretical coherence curves for various values of 𝑇𝑒.  Both 





Figure 3.8: Schematic diagram depicting potential causes for oceanic crustal thickness 





Figure 3.9: a) Binned fault spacing versus binned crustal thickness for all bins less than 
400 km from the ridge.  b) Binned crustal thickness against M for all bins within 400 km 
of the ridge.  Overlapping bins are 100 km wide every 25 km.   
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Chapter 4:  
WISTFUL: Whole-Rock Interpretative Seismic Toolbox for 
Ultramafic Lithologies  
 143 
Abstract 
 Seismic tomography is the highest-resolution, deepest-reaching geophysical 
measurement of the Earth’s mantle.  Unfortunately, the interpretation of seismic wave 
speeds is not always unique. One approach to quantify the range of temperatures and 
compositions that are consistent with a given seismic wave speed at a given depth 
involves forward modelling wave speeds from bulk compositions using thermodynamic 
calculations. Here, we introduce the Whole-Rock Interpretative Seismic Toolbox for 
Ultramafic Lithologies (WISTFUL), a new toolbox to convert mantle seismic wave 
speeds into best-fit temperature, density, and composition. WISTFUL consists of a 
database of 4333 peridotites and 481 pyroxenites, their elastic moduli, mineral modes, 
and seismic wave speeds, and a set of MATLAB® functions to aid in interpreting mantle 
seismic wave speeds. WISTFUL includes functions to correct the elastic seismic wave 
speeds for anelastic effects and to invert seismic wave speed in terms of temperature and 
composition. In addition, WISTFUL contains three general user interfaces, one which 
plots relationships between calculated parameters, one which calculates seismic wave 
speeds along different geotherms, and one that inverts for best-fit temperature and 
properties using the inversion functions. We utilize Perple_X, a Gibbs free energy 
minimization routine, to calculate the mineral assemblages and elastic seismic wave 
speeds from ultramafic bulk compositions. Two dominant sources of uncertainty exist: 
(1) uncertainty in the elastic property measurements and mixing equations to determine 
the bulk properties, and (2) uncertainty in the predicted mineral assemblage and 
composition. Regarding the first source of uncertainty, we show experimental seismic 
wave speed measurements on ultramafic lithologies are reproducible with updated 
mineral endmember moduli and mixing methodologies. To constrain the second source of 
uncertainty, we compare predicted mineral assemblages and seismic wave speeds for 130 
well-studied peridotite and pyroxenite xenoliths using five sets of solution models to the 
observed modal assemblages and estimated seismic wave speeds at the last-equilibrated 
temperature and pressure. We find that the Jennings & Holland (2015) solution model 
best reproduces xenolith assemblages and predicted wave speeds (0.5% root-mean 




Mantle dynamics are dominantly controlled by variations in mantle density 
(McKenzie, 1969; Hager and O’Connell, 1981; Grand et al., 1997). For example, the 
negative buoyancy of cold, dense oceanic lithosphere is a primary driving force of plate 
tectonics on Earth (Forsyth and Uyeda, 1975; Becker and O’Connell, 2001; Conrad and 
Lithgow-Bertelloni, 2002). In the upper mantle, it is thought that density variations are 
mainly controlled by temperature and to a lesser degree by composition (Lee, 2003; 
Mooney and Kaban, 2010). Temperature is also the strongest control on mantle rheology 
(Karato and Wu, 1993; Hirth and Kohlstedt, 2003; Bürgmann and Dresen, 2008). Thus, 
quantitative constraints on temperature and compositional variations in the Earth’s mantle 
are essential to improving our understanding of the large-scale structure and dynamics of 
the upper mantle. 
The speed with which seismic waves travel through rocks is controlled by the 
stable mineral assemblage, as well as the presence or absence of fluids and/or melt 
(Fowler, 2004). The elastic moduli and the stable mineral assemblage change with 
pressure (P), temperature (T), bulk composition, as well as oxygen fugacity (Green and 
Ringwood, 1970; Stixrude and Lithgow-Bertelloni, 2011; Holland et al., 2018). 
Additionally, at high temperatures (>800 ˚C), anelastic reduction in shear modulus 
becomes important and is controlled by mantle temperature, pressure, grain size, wave 
frequency, and oxidation state (Karato, 1993; Faul and Jackson, 2015; Cline et al., 2018). 
Recent improvements to instrumentation, instrument coverage density, computing power, 
and algorithms have led to a unprecedented increase in the resolution and certainty of 
regional, as well as global, seismic tomographic models (e.g., Kárason and van der Hilst, 
2000; Romanowicz, 2003; Rawlinson et al., 2010; Ho et al., 2016; Shen and Ritzwoller, 
2016; Golos et al., 2020).  
Our goal is to make a validated, thermodynamically-consistent tool (WISTFUL, 
Whole-rock Interpretative Seismic Toolbox for Ultramafic Lithologies) to quantitatively 
convert mantle seismic wave speeds into best-fit temperature, composition, and density. 
WISTFUL calculates anharmonic seismic wave speeds for a database of 4877 ultramafic 
lithologies at variable P, T conditions using an updated database of elastic moduli and 
thermodynamic modelling to determine the mineral assemblages. Users can choose one 
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of two implementations of anelasticity. WISTFUL utilizes a set of MATLAB® functions 
to compare input mantle seismic wave speeds with the database of calculated seismic 
wave speeds in order to find the best-fit temperature, composition, and density given 
pressure and choice of anelasticity. Along with companion functions, WISTFUL contains 
three MATLAB® general user interfaces (GUIs). The first plots relationships between 
parameters like elastic moduli, composition, and density. The second plots seismic wave 
speeds along various geotherms. The third visualizes the inversion process best-fit 
temperature and properties using the inversion functions. 
The first part of this chapter describes previous work on the interpretation of 
seismic wave speed in terms of composition and temperature. The second part constrains 
the error inherent to the forward calculation of seismic wave speeds from bulk 
compositions in order to show the robustness of our methodology. The final part of the 
chapter describes the dataset behind WISTFUL and its MATLAB® functions and GUIs.  
This toolbox is provided via a supplement, and future versions will be update online 
(github.com/wshinevar/WISTFUL). 
Previous Work 
There are two general approaches to interpret seismic wave speeds: (1) 
comparison with laboratory measurements of seismic wave speed for different 
compositions, and (2) comparison with seismic wave speeds calculated using mineral 
assemblages and elastic properties. Early work focused on the first of these approaches, 
interpreting mantle seismic wave speeds focused on understanding what potential rock 
types produced similar wave speeds to the observations (Birch, 1960; Christensen, 1966). 
More recent studies focused on compiling rock types and/or regional samples to link 
wave speeds directly to composition (Miller and Christensen, 1994; Kelemen and 
Holbrook, 1995; Kern et al., 1996). Studies have analyzed mantle wave speeds using 
elastic parameters estimated from experiments to determine mantle temperatures (Goes et 
al., 2000; Goes and van der Lee, 2002). A limitation of these approaches is that 
interpretations are restricted by the existing laboratory measurements of seismic wave 
speed, which are limited and do not cover all known rock compositions. In addition, 
laboratory measurements of seismic wave speed for rock samples can be hampered by 
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secondary alteration that may not be present in the lower crust and mantle (Rudnick and 
Fountain, 1995; Gao et al., 2000).  
The alternative approach is to calculate seismic wave speeds by averaging the 
elastic moduli of individual minerals that constitute a rock in appropriate proportions. 
Jordan (1979) calculated modal assemblages and elastic properties of ultramafic rocks 
using major-element compositions of garnet lherzolites assuming mineral norms, mineral 
partition coefficients, and mineral elastic properties to investigate the relationship of 
density and elastic properties with mantle fertility. Combining these approaches, Fountain 
and Christensen (1989) compiled measurements of minerals and rocks, xenolith 
observations, and seismic wave speeds to improve interpretations crustal and mantle 
composition beneath the continental United States. More recent studies compiled 
laboratory mineral elastic moduli measurements to aid the calculations of seismic wave 
speeds for an input mineral assemblages (Hacker et al., 2003a; Hacker and Abers, 2004; 
Abers and Hacker, 2016). Other studies have calculated the physical properties of 
xenoliths and/or ultramafic rocks to better understand compositional effects on elastic 
properties (Lee, 2003; Schutt and Lesher, 2006, 2010; Afonso et al., 2010) and mantle 
anisotropy (Tommasi et al., 2004, 2008; Baptiste et al., 2012). A limitation to this 
mineral averaging methodology is that the estimated mineral assemblages are not 
necessarily in thermodynamic equilibrium, potentially leading to misinterpretation of 
seismic wave speeds.  
A solution to this limitation uses thermodynamic modelling to predict the 
equilibrium mineral assemblages for a given bulk rock composition over a range of 
pressure-temperature conditions. The seismic wave speed is then calculated for each 
specific mineral assemblage, accounting for wave speed variations due to mineral 
compositional variations and phase transitions (Helffrich et al., 1989; Sobolev and 
Babeyko, 1989, 1994). Sobolev et al. (1996, 1997) built upon this methodology by 
incorporating the effects of anelasticity and partial melt to the interpret of mantle seismic 
wave speeds beneath the Massif Central (France). The combination of thermodynamic 
modelling in conjunction with laboratory-constrained mineral elastic moduli and 
densities have been used to interpret the continental lower crust (Sammon et al., 2020), 
the stability of arc lower crust (Behn and Kelemen, 2006; Jagoutz and Behn, 2013), the 
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mantle wedge at subduction zones (Hacker et al., 2003a, 2003b), cratonic lithospheric 
mantle (Begg et al., 2009), and continental Moho temperatures (Schutt et al., 2018). To 
address the potential influence of sampling bias in compositional-wave speed relations, 
Behn and Kelemen (2003) applied thermodynamic modelling and compiled elastic 
moduli for a synthetic composition database of anhydrous igneous and meta-igneous 
rocks.  
With increasing computational resources, recent work has incorporated other 
geophysical measurements, e.g., topography and gravity, to better constrain the 
composition and/or density of the mantle during seismic inversions (Perry et al., 2003; 
Simmons et al., 2009, 2010; Kaban et al., 2014; Tesauro et al., 2014). Other authors have 
utilized thermodynamic calculations of mantle compositions in the seismic tomographic 
inversion to estimate mantle compositions (Khan et al., 2011; Zunino et al., 2016). 
Similarly, Afonso et al. (2013a, 2013b, 2016) utilized probabilistic joint inversions built 
on the forward-modeling of LitMOD (Afonso et al., 2008; Fullea et al., 2009; Kumar et 
al., 2020), integrating seismic delay times, gravity data, geoid height, topography, and 
heat flow to decipher the most likely compositional and thermal state of the mantle. 
Further work has added long wavelength resistivity measurements to inversions in order 
to estimate the water content throughout the mantle (Khan et al., 2015; Khan, 2016).  
A detriment of these joint-inversions is that the addition of gravity data does not 
necessarily increase the accuracy of the inversion due to the non-uniqueness of gravity 
solutions (Blom et al., 2017). Another possible problem is the requirement of regional 
thermal models, which often contain high uncertainty from error in surface heat flow 
measurements, as well as uncertainty of heat production in the continental crust (Pollack 
and Chapman, 1977; Chapman, 1986; Jaupart and Mareschal, 2007). Furthermore, the 
uncertainties in many thermodynamic models are often unconstrained, and few studies 
have investigated how these uncertainties propagate into geophysical parameters (e.g., 
Afonso et al., 2013a; Connolly and Khan, 2016).  Also, as thermodynamic models and 
geophysical parameters like elastic moduli or density are further constrained, the entire 
inversion methodology must be repeated.  
To improve on these previous studies and methodologies, WISTFUL aims to 
investigate the uncertainty present in the forward calculations of ultramafic seismic wave 
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speeds in order to create a post-inversion methodology for quantitatively converting 
mantle seismic wave speeds into best-fit temperature, composition, and density. 
Uncertainty in Seismic Wave Speed Forward Calculations 
Here we discuss the uncertainty inherent to the methodology of calculating 
seismic wave speeds from bulk compositions using thermodynamic models. Two sources 
of error are discussed here: 1) the error in the elastic property measurements and mixing 
equations, and 2) error in the predicted mineral assemblage and composition. We 
examine at the error in elastic property measurements and mixing equations by 
comparing measured seismic wave speeds of ultramafic samples with wave speeds 
calculated using mixing equations and elastic moduli used in our approach. We then 
estimate error in predicted mineral assemblages and predicted seismic wave speeds by 
comparing calculated mineral assemblages and wave speeds from our thermodynamic 
calculations to a compilation of xenoliths with wave speeds calculated directly from the 
reported mineral assemblage and compositions.  
All thermodynamic calculations were conducted in the Gibbs-free-energy 
minimization program Perple_X version 6.9.1 (Connolly, 2009) downloaded on April 
15th, 2021. Perple_X calculates stable mineral assemblages and compositions using a set 
of chosen thermodynamic solution models for an input bulk composition. From these 
calculated mineral assemblages, aggregate elastic moduli are calculated in Perple_X in 
one of two ways. The first calculates the bulk modulus of each mineral endmember 
present from the Gibbs energy equation. Shear moduli is then calculated from the bulk 
moduli assuming a Poisson’s ratio. Mineral moduli are then mixed together to calculate 
the aggregate elastic moduli. The second way Perple_X calculates the elastic moduli 
using the input elastic moduli from experimental observations and then mixing them to 
calculate aggregate moduli. Seismic wave speed is then calculated using the aggregate 
elastic moduli and density. One benefit of Perple_X is that a variety of thermodynamic 
databases and mineral solution models can be used. Another benefit is that the elastic 
moduli data in the thermodynamic database can be edited to incorporate new 
measurements. The integration of thermodynamic calculations and moduli estimation in a 
single program of thermodynamic calculations allows for a simple, integrated workflow.  
Calculating Seismic Wave Speeds 
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To calculate the elastic moduli of a mineral, Perple_X uses a Reuss average 












where 𝑉𝑒𝑛𝑑𝑚𝑒𝑚𝑏𝑒𝑟 is the endmember molar volume, 𝑋𝑒𝑛𝑑𝑚𝑒𝑚𝑏𝑒𝑟 is the endmember 
molar fraction, 𝑉𝑚𝑖𝑛𝑒𝑟𝑎𝑙 is the molar volume for the mineral solid solution, and 𝐺 is the 
adiabatic shear modulus for the written superscript. Bulk rock elastic moduli are 












where 𝐹𝑚𝑖𝑛𝑒𝑟𝑎𝑙 is the volume fraction of each mineral. Both averages are equivalent for 
the adiabatic bulk modulus (K) by replacing the mineral and endmember shear moduli 

















where 𝑉𝑠 is the shear wave speed, 𝑉𝑝 is the primary wave speed, 𝜌
𝑟𝑜𝑐𝑘 is the bulk rock 
density, and 𝐾𝑟𝑜𝑐𝑘 is the adiabatic bulk moduli for the bulk rock.  
For seismic wave speed calculations in WISTFUL, we utilize elastic moduli from 
the literature where available (compiled by Abers and Hacker, 2016) along with updated 
literature data for mineral endmembers used in either the solution models or calibration 
calculations not included in previous compilations (Table 1). Unlike Abers and Hacker 
(2016), Perple_X uses linear moduli derivatives with respect to temperature and pressure 
when using experimental bulk moduli. Thus, linear elastic moduli temperature derivatives 
for mineral endmembers taken from Abers and Hacker (2016) were fit to data between 25 
and 600 ˚C at 1 GPa. When no experimental observations exist, the bulk modulus and the 
bulk modulus pressure and temperature derivatives are calculated from the Gibbs free 
energy (c.f. Bina and Helffrich, 1992) over a range of 200–1400˚C and 0.1–6 GPa using 
the Perple_X program frendly and then fit to an explicit linear form. One exception to 
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this was the garnet endmember knorringite (Mg3Cr2(SiO4)3), as no elasticity data existed, 
so we approximated it as the same bulk and shear modulus as garnet endmember 
uvarovite (Ca3Cr2(SiO4)3) (Table 1). For mineral endmember for which an experimental 
measurement of the bulk modulus at room pressure and temperature exists, but no data 
exists on pressure and/or temperature derivative, we utilize the ambient experimental 
bulk modulus along with derivatives fit as described above.  
Shear moduli cannot be thermodynamically derived.  If no shear moduli data are 
input to Perple_X, the program calculates the bulk shear modulus assuming a constant 
Poisson’s ratio for all minerals. Poisson ratios for mantle mineral endmembers can vary 
from 0.20 to 0.35 at room temperature and pressure and can change up to ~8% between 
ambient conditions and 800˚C at 1 GPa. Thus, the assumption of constant Poisson’s ratio 
to calculate shear modulus for all minerals increases the uncertainty on these calculations. 
To minimize this error, we utilize all available experimental shear modulus and 
derivatives. If shear modulus data at ambient condition exists without pressure and/or 
temperature derivatives, we estimate the pressure and/or temperature shear modulus 
derivatives from the bulk modulus derivatives to maintain the ambient conditions 
Poisson’s ratio. If no shear modulus data exists for an endmember composition, we 
utilize the shear modulus data of the closest ionic endmember (Table 1). This approach 
gives each mineral endmember our best estimate of that mineral’s Poisson’s ratio.  
 Figure 2 shows the deviation of bulk moduli from experimental observations and 
the bulk moduli calculated using the Holland and Powell (2011) thermodynamic database 
at 700˚C and 1 GPa for relevant mantle mineral endmembers. While there is generally 
good agreement (root mean squared error (RMSE) on bulk moduli of 13.3 GPa for 
mantle minerals), certain moduli can be drastically overpredicted like Mg-tschermak by 
60 GPa or underpredicted like almandine by 26 GPa. Most thermodynamically calculated 
bulk moduli underpredict the experimental observations. This error has a large impact on 
seismic wave speed, making it vital to use all available experimental moduli for 
endmembers to minimize the error in calculating seismic wave speeds. 
 To validate the aforementioned mixing calculations and moduli for ultramafic 
minerals, we compiled multi-directional seismic wave speed measurements for a variety 
of ultramafic rocks with reported modal assemblages (Birch, 1960, 1961; Simmons, 
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1964; Christensen, 1966, 1974, 1978; Mao et al., 1970; Christensen and 
Ramananantoandro, 1971; Babuška, 1972; Kroenke et al., 1976; Peselnick and Nicolas, 
1978; O’Reilly et al., 1990; Miller and Christensen, 1994; Kono et al., 2004, 2009; 
Prelicz, 2005). For a reported mineral composition, we decompose the minerals into the 
mineral endmembers following the Jennings & Holland (2015) solution models and 
calculate the seismic wave speed following the same approach as Perple_X (described 
above). In some studies, orthopyroxene and/or clinopyroxene are present in the 
measurement samples but no mineral chemical compositions are provided. When 
orthopyroxene is reported without mineral composition, we calculate orthopyroxene 
composition from the olivine composition assuming orthopyroxene is purely enstatite-








𝑂𝑝𝑥 = 1.15 
based on experimental studies (von Seckendorff and O’Neill, 1993). 𝑌𝑀𝑔 or 𝑌𝐹𝑒 are the 
molar fraction of Mg or Fe in the respective superscript. When clinopyroxene is reported 
without mineral composition, we calculate clinopyroxene composition from the olivine or 
orthopyroxene compositions assuming clinopyroxene is purely diopside-hedenbergite and 









𝑂𝑝𝑥 = 1 in line 
with experiments and field observations with equilibration temperatures 1000–1200˚C 
(Mori and Green, 1978; Kretz, 1982). We compare the highest-pressure measurements 
(often 1 GPa) to minimize the effects of cracks or porosity on the measurements with the 
calculated wave speed. Triaxial measurements were averaged to obtain the isotropic wave 
speeds.  
Overall, there is good agreement between the laboratory-derived wave speed data 
and wave speeds calculated using reported mineral assemblage and mineral endmember 
moduli, with a root-mean squared error (RMSE) of 0.11 km/s (Figure 3). This error could 
be due to miscounting of mineral modes, experimental error for the seismic wave speed 
measurements due to remnant porosity, uncertainty within the elastic moduli for each 
endmember, and uncertainty on the exact compositions of each mineral for measurements 
that only report olivine composition. Altogether, we interpret this low error (~1.3%) as 
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justification for our choice of the elastic moduli mixing approach described above and 
moduli data for ultramafic assemblages.  
Thermodynamic Solution Model Error Validation 
 In addition to the error discussed above, the other error in the forward calculation 
of seismic wave speeds from bulk composition is the error in correctly predicting the 
mineral assemblage, composition, and the effect of these uncertainties on predicting 
seismic wave speed. A previously used methodology to validate thermodynamic solution 
models, utilized by Afonso et al. (2013a), compared predicted modes using Stixrude and 
Lithgow-Bertelloni (2011) to point-counted estimates of ten garnet peridotite xenoliths (6 
lherzolites, 4 harzburgites). They found that the thermodynamic calculations at the 
pressure-temperature conditions predicted by mineral thermobarometers mostly 
reproduced the modal proportions within counting error derived for the thin section 
estimates. Afonso et al., (2013a) found that this error did not greatly affect the predicted 
wave speeds or densities. A previously noted limitation of comparing thermodynamic 
models with xenoliths is the small dataset of samples that have detailed laboratory 
measurements (e.g., modal assemblage and pressure-temperature (P-T) estimates). 
Another limitation is that there is no spinel peridotite mineral barometer, so previous 
xenolith-thermodynamic model comparisons were limited to the garnet stability field and 
contained no spinel bearing peridotites. Furthermore, no constraints on pyroxenites were 
made. The benefits of comparing thermodynamically predicted mineral assemblages with 
xenoliths rather than modal assemblages of petrologic experiments is that most 
experimental results are used as constraints to formulate thermodynamic models. 
Therefore, any thermodynamic model validation obtained through comparison to 
petrologic experiments is circular if the experiments were used to calibrate the model. 
 Fortunately, with advances of electron-backscatter diffraction (EBSD), more 
peridotite and pyroxenite xenoliths have been studied in detail with modal assemblage 
estimates. We improve and expand upon this approach by: 1) expanding the xenolith 
database to compare with a larger composition and pressure-temperature range, including 
spinel-garnet peridotites, spinel peridotites with geotherm-based barometry, and 
pyroxenites, and 2) exploring multiple different solution models and oxygen states when 
the solution models utilize Fe2O3 in order to find the most reliable solution model.  
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We compiled 130 xenoliths with the following attributes: 1) a pressure-
temperature estimate, 2) less than 1 vol. % hydrous phase (e.g., phlogopite or amphibole), 
3) measured compositions for all minerals, 4) major-element bulk composition that are 
either measured or calculated from mineral composition and mode, and 5) a mineral 
modal assemblage that is either measured via electron-backscatter diffraction (EBSD) or 
calculated by least-squares regression from bulk composition and mineral compositions 
to minimize the modal assemblage error. Sample data were compiled from (Lee and 
Rudnick, 1999; Falus et al., 2008; Ionov et al., 2010; Baptiste et al., 2012; Tommasi and 
Ishikawa, 2014; Demouchy et al., 2015). If a bulk composition was calculated from 
mineral mode and composition, we used the following densities to convert vol. % to wt. 
% for the major minerals based on Abers and Hacker (2016): olivine 3340 kg m-3, 
orthopyroxene 3280 kg m-3, clinopyroxene 3310 kg m-3, spinel 3850 kg m-3, and garnet 
3800 kg m-3. Ninety-nine (76%) of these xenoliths are peridotites (>40 vol. % olivine 
normalized to olivine-orthopyroxene-clinopyroxene); the remaining 31 (24%) are 
pyroxenites (<40 vol. % olivine). We note that none of these peridotites contain 
plagioclase, therefore providing no test in the shallowest part of the mantle (~20 km 
depth, Borghini et al., 2010). Most of these xenoliths come from continental regimes with 
the exception of oceanic and plume influenced mantle xenoliths from the Ontong Java 
plateau (Tommasi and Ishikawa, 2014). P-T estimates for these xenoliths cover pressures 
from 1.2–6.8 GPa and temperatures of 656–1414 ˚C.  
Solution models for olivine, orthopyroxene, clinopyroxene, plagioclase, spinel 
and garnet were investigated (Table 2). Melt solution models were excluded from the 
comparison calculations. Oxidation state is important for mantle xenoliths, as more 
oxidized mantle will further stabilize ferric iron bearing phases like pyroxene, spinel, and 
garnet. Direct measurements on primitive peridotites suggests mantle Fe3+/∑Fe of 3.5 
mol. %, but can vary between 1 and 6 mol. % (Canil et al., 1994, grey box Figure 4) and 
varies with the relative depletion of the peridotite. This estimate (>3 mol. %) is supported 
by measurements of Fe3+/∑Fe contents in primary MORB (Cottrell and Kelley, 2011). 
Mineral assemblages and elastic seismic wave speeds were calculated for each xenolith at 
its P-T estimate for each set of solution models over a range of oxidation states (0–10 
mol. % Fe3+/∑Fe, colored lines, Figure 4) in addition to a set of calculations where the 
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mol. % Fe3+/∑Fe was constrained for each sample by the observationally derived 




= 14.7 − 0.3 MgO, 
(5) 
where MgO is the bulk rock MgO content in wt. % (triangles, Figure 4). The Stixrude 
and Lithgow-Bertelloni (2011) (SLB, green square, Figure 4) solution models do not 
incorporate ferric iron in their calculations. 
To identify which set of solution models best match the observed mineral 
assemblage, a root-mean-square error (RMSE) was calculated for each mineral mode 
(olivine, orthopyroxene, clinopyroxene, garnet, and spinel) and summed for each 
composition. This phase RMSE was averaged over all xenoliths to estimate phase error 
(Figure 4a). The SLB solution models provides the lowest phase RMSE (11.8 %), 
followed by the Jennings and Holland (2015) (JH, orange line and triangle, Figure 4) 
solution models at variable Fe3+/∑Fe and 6–7 mol. % Fe3+/∑Fe (12.3 %). Although the 
SLB database produces slightly lower phase RMSE, the SLB models simplify certain 
phase transitions like the garnet-spinel transition due to the lack of Fe2O3 and Cr2O3, 
which allow for higher-pressure spinel stability as well as spinel-garnet co-stability 
(Klemme, 2004). This simplification may cause misinterpretation at shallow mantle 
conditions. 
On average, the mineral assemblage is well-predicted well by the for Jennings and 
Holland using variable Fe3+/∑Fe (Figure 5). The JH solution models predict olivine well 
but tend to overpredict garnet and underpredict clinopyroxene and orthopyroxene in 
pyroxenites. Due to the small volume amount of spinel stable in peridotites, spinel error 
does not strongly contribute to the phase RMSE. The JH solution models often 
underpredicts the spinel mode for spinel bearing peridotites, predicting no spinel stable 
for 30 spinel-bearing samples. 20 of these 30 samples also have no observed garnet, and 
thus have estimated pressures based on geotherms and geothermometers. Thus, this 
modal error for all solution models could be due to over-estimation of equilibration 
pressure. The JH solution models also predict spinel to be stable in 5 xenoliths where 
none was observed. Only 3 of these samples have garnet present, so this mismatch could 
also be due to error in the pressure estimates.  
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Equally important to correctly predicting the phases is correctly predicting the 
elastic wave speeds. Because mineral composition and mineral mode both affect elastic 
moduli and density (and therefore seismic wave speed), we also compared seismic wave 
speeds calculated by Perple_X for each solution model with seismic wave speeds 
calculated using mineral compositions in each xenolith at the equilibrium P-T conditions. 
To calculate wave speeds from mineral compositions and modes, minerals were 
decomposed into endmembers by normalizing the mineral compositions in wt. % into 
molar formula, after which the formula were decomposed into mineral endmembers 
following Wood and Banno (1973) and Holland et al. (2018). All Ni and Mn 
endmembers were considered to have the same elastic moduli as the Mg endmembers for 
these calculations when Ni and Mn were measured in the xenoliths with the exception of 
spessartine. Elastic parameters and densities were taken at the specified P-T conditions 
for each endmember mineral and then averaged following the methodology used in 
Perple_X (see Calculating Seismic Wavespeeds). Using this expected Vp and Vs for each 
xenolith and one produced by Perple_X for the bulk composition, we calculated an 
RMSE for both elastic wave speeds to estimate the deviation caused by both the phase 
error as well as the mineral composition error (Figures 4b,c). 
The variable Fe3+/∑Fe JH models provide the lowest Vp RMSE (0.04 km/s, 
Figure 4b) and Vs RMSE (0.02 km/s, Figure 4c), both roughly 0.5% assuming a mantle Vp 
and Vs of 8.0 km/s and 4.5 km/s, respectively (Figure 6). This uncertainty in the forward 
calculation of seismic wave speed is similar to the uncertainty in recent seismic models. 
For instance, bootstrapping analyses of a recent continental scale seismic model 
MIT20_PS (Golos et al., 2020) suggest average errors of approximately 0.1 % in Vp  and 
0.2 % in Vs, with error for both Vp and Vs rarely exceeding 0.5 % and similar uncertainties 
in Vs were calculated for EMC-US.2016 (Shen and Ritzwoller, 2016). The lowest error is 
the Holland et al. (2018) model does similarly well with Vs (0.02 km/s, 0.5 %), but 
significantly worse with Vp (0.10 km/s, 1.25 %). The SLB models produce a 0.06 km/s 
error in both Vp and Vs (0.75 and 1.33 %, respectively).  
Overall, we prefer the JH solution models at either variable or constant 6 mol. % 
Fe3+/∑Fe to minimize the seismic and phase RMSE. These two options minimize the 
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errors in the wave speeds and modal assemblages, and agree with available constraints on 
mantle oxidation state.  
There are other possible sources of error in this comparison besides errors in the 
thermodynamic solution models: error in the xenolith P-T estimates, errors in the mineral 
modes estimates, errors in bulk composition, error in mineral composition, and errors in 
oxidation state. Most thermobarometric estimates report 2σ errors of 4–6 kbar and 100˚C 
(Nickel and Green, 1985; Brey and Köhler, 1990). Furthermore, the xenolith assemblages 
may not record the same equilibration conditions as the mineral thermobarometry. While 
errors should be minimal in point counting, the mineral assemblage in a thin section may 
not represent the entire equilibrium system. Similarly measured bulk compositions may 
not reflect the equilibrium bulk composition for the sample. Conversely, if the bulk 
composition and/or modal assemblage is calculated from the mineral compositions, 
variability in the mineral compositions will produce errors, especially for lower 
concentration elements like Cr2O3. Further analysis is needed to constrain the effects of 
these errors on our validation.  
WISTFUL 
 With the methods, errors, and assumptions associated with calculating seismic 
wave speed using thermodynamic calculations and elastic moduli in mind, we now 
describe WISTFUL (Whole-Rock Interpretative Seismic Toolbox for Ultramafic 
Lithologies), discuss the composition database used for our seismic wave speed 
calculations, as well as how to use the associated functions and GUIs. All database files, 
functions, and MATLAB® GUIs are listed in Table 1 and available in a compressed 
folder in the supplement. The most recent up-to-date version is hosted on 
(https://github.com/wshinevar/WISTFUL). To use the functions and GUIs, place the 
directory containing all .m code files and .mat database files on your MATLAB® search 
path or in your current directory. The codes were tested using MATLAB® 2021a.  
Compositional Database 
 Major element compositions for ultramafic rocks were compiled by downloading 
all rocks labeled as peridotite, dunite, lherzolite, harzburgite, xenolith peridotite, 
pyroxenite, and wehrlite from the EarthChem (http://portal.earthchem.org/) and 
GEOROC (http://georoc.mpch-mainz.gwdg.de/georoc/) databases on January 24th 2019. 
 157 
Duplicate compositions were removed. We added the whole-rock compositions from 
Beni Bousera Massif from (Gysi et al., 2011). We filtered the downloaded compositions 
for samples for which Al2O3+CaO+K2O+MgO+MnO+Na2O+SiO2+TiO2+FeO
T summed 
to 98.5–101.5 wt%. Figure 7 shows single-oxide histograms for the entire database. 
Before thermodynamic calculations, the compositional data was renormalized to 100 
wt% into the NCFMASOCr system for the JH solution models. If a composition was 
missing a measurement, that value was assumed to be zero for the sum. No equilibration 
temperature cutoff was used for the thermodynamic calculations. Each composition has 
seismic wave speed calculated from 200–1600 ˚C and 0.5–6 GPa over a 157x157 grid.  
Database Files 
1) WISTFUL_compositions_clean.mat,  
This file contains the oxide composition for each rock in the database in wt. % along 
with calculated Mg # and location data when available. 
2) WISTFUL_densities_clean.mat 
This file contains the densities [kg m-3] for all samples over the investigated range of 
pressure and temperature. 
3) WISTFUL_parsed_modes_clean.mat  
This file contains the parsed modal assemblage (olivine, orthopyroxene, 
clinopyroxene, garnet, spinel, other) [vol. %] for all samples over the investigated range 
of pressure and temperature. 
4) WISTFUL_rockType.mat 
This contains the rock-type defined by the renormalized olivine-orthopyroxene-
clinopyroxene ternary using the calculated modes at 800˚C and 2 GPa (Figure 8), 
resulting in 4333 peridotite compositions and 481 pyroxenite compositions. Number 
interpretations of the rock type can be found in the readme.md file.  
5) WISTFUL_speeds_moduli_clean.mat. 
This contains the anharmonic shear and bulk modulus [Pa] as well as the Vp and Vs 
[km s-1] for each rock in the database over the pressure [bars] and temperature [K] range.  
MATLAB function files 
1. fitClosestX.m 
 158 
One way to invert for temperature from a given seismic wave speed is to find the 
temperature at which the seismic misfit of the closest X samples is minimized. A misfit 
value, 𝑌, is determined at an input pressure for every temperature and every WISTFUL 
peridotite between the seismic wave speed input (one or two of 𝑉𝑆, 𝑉𝑝, and (𝑉𝑝/𝑉𝑠)) and 
those predicted for each composition in the WISTFUL database (𝑉𝑠𝑊𝐼𝑆𝑇𝐹𝑈𝐿 , 𝑉𝑝𝑊𝐼𝑆𝑇𝐹𝑈𝐿 , 















At each temperature, an average misfit (?̅?𝑋) is calculated as the mean of the X 
smallest misfits. The best-fit temperature (𝑇𝐵) is defined as the temperature with the 
minimum ?̅?𝑋. We define the uncertainty of 𝑇𝐵 to be half of the range of all temperatures 





𝑇𝐵 ,  (7) 
where the superscript T denotes the temperature for ?̅?𝑋, and  𝜎𝑌𝑋
𝑇𝐵  is the standard 
deviation of the X smallest misfits at 𝑇𝐵. 
2. fitPropertyClosestX.m 
Along with finding the best-fit temperature, one can also find the best-fit of a given 
property. For instance, the best-fit density, 𝜌𝐵, Mg # (𝑀𝑔#𝐵), or other compositional 
parameter desired, is then calculated as the average of the that parameter from the X 
closest samples weighted by the reciprocal of the misfit of those samples at the best-fit 











where subscript i denotes one of the closest X samples. We estimate the uncertainty for 
𝑀𝑔#𝐵 as the average of the standard deviation of Mg # weighted by ?̅?𝑋
𝑇. These 
uncertainty estimates account for the distribution of wave speed misfit between the 
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seismic and WISTFUL models, as well as the coarseness of the temperature values of the 
grid search.   
3. numWithinError.m 
Another routine to invert temperature from seismic wave speeds is to see how many 
samples at are within a specified error for a given seismic wave speed within a given 
pressure and temperature range. This function calculates the number of WISTFUL 
samples that fit within error bounds for a given seismic wave speed at each temperature. 
It then calculates the best-fit temperature with uncertainty from the mean and standard 
deviation of a Gaussian distribution fit to the number of samples within the given error 
bounds. 
4. fitPropertyNumWithin.m 
This function returns a weighted average and standard deviation of an input property, 
e.g., Mg #, for all samples within error of a searched seismic wave speed at a given 
pressure and temperature. The mean and standard deviation is weighted by the inverse of 
the misfit as described above in fitPropertyClosestX.m. 
In addition to these functions, we provide two MATLAB® scripts to as examples 
to use the above functions from command line with the correct results to ensure the 
database files are loaded properly.  
1) exampleClosestX.m 
This script shows an example use of the fitClosestX.m and fitPropertyClosetsX.m 
along with the expected outputs to ensure the database files are loaded correctly.  
2) exampleNumWithin.m  
This script shows an example use of the numWithinError.m and 
fitPropertyNumWithin.m along with the expected outputs to ensure the database files are 
loaded correctly.  
Anelastic Corrections 
 Olivine behaves anelastically at high temperature (>900˚C) (Faul and Jackson, 
2005, 2015; Jackson and Faul, 2010). Here, we assume that anelasticity only affects the 
shear modulus and that anelasticity calibrated on olivine samples can be applied to all 
ultramafic rocks. For our databases, we allow users to choose between the extended-
Burgers model fit of (Jackson and Faul, 2010) which combines a Maxwell element as 
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well as a background element. This combination has been found to best fit laboratory 
data as well as fit well attenuation estimates from geodetic and seismic measurements 
(Lau and Faul, 2019). This Jackson and Faul (2010) anelasticity excludes the effects of 
water, supported by (Cline et al., 2018), but in contrast to previous experiments (Aizawa 
et al., 2008). Comparisons of measured and predicted quality factors prefer the inclusion 
of a water dependence to predict the G discontinuity (Behn et al., 2009; Karato and Park, 
2018; Ma et al., 2020; Mark et al., 2021). Thus, we also allow the user to use the power-
law fit of Behn et al. (2009) which incorporates a water dependence. We note the power-
law anelasticity fails to fit experimental observations at low quality factors (Q-1>0.1) 
(Jackson and Faul, 2010). Further experiments are necessary to fully quantify the effects 
of water. Observed increase of anelasticity (Cline et al., 2018) due to oxidation is also not 
considered here due to the slight variation present in the database. Seismic wave speed 
for all database compositions is available in uncorrected format along with the following 
MATLAB® functions and live script to calculate anelastic corrections: 
1. behn2009shear.m, creep10.m, J1anel.m, J1p.m, J2anel.m, J2p.m 
These functions calculate the anelastic effects on the shear moduli described in 
the next section. The latter five functions are shared courtesy of Ulrich Faul.  
2. calculateWaveSpeedFiles.mlx 
This live script loads in the uncorrected moduli in order to apply the user’s choice 
of anelastic correction. It then saves the corrected database as a new .mat file (Figure 9).  
General User Interfaces 
 In addition to these functions, we create three GUI’s to help further investigate the 
compositional database and WISTFUL designed with the MATLAB® App Designer.  
Relations 
 WISTFUL_relations.mlapp launches a GUI which allows the user to investigate 
the distribution or relationship of two parameters at a given pressure and temperature 
(Figure 10). By default, the GUI loads the elastic seismic moduli. If one wishes to apply 
an anelastic correction, one must create a corrected wave speed file (see 
calculateWaveSpeedFiles.mlx) and load it into the GUI using the load button in the top 
left corner. Once loaded, the text under the load button will display the name of the 
loaded file.  
 161 
Two different plots can be made with this GUI. 1) One can plot a histogram to see 
the distribution of a given parameter at a chosen temperature and pressure. 2) One can 
plot a relationship between two parameters. The plotted parameters are chosen in the drop 
down menus on the left side.  Plotted samples can be restricted by rock type or by a 
single compositional constraint using the rock type and additional constraints check 
boxes. The figure only updates when you hit the “Plot!" button, at which point the text to 
the left of the figure will state how many samples are plotted. The only exception to this 
is to the change axes interface in the bottom right hand portion. The “Export data to 
workspace” button allows for further investigation of the plotted datasets outside of the 
GUI. The steps required to reproduce the image seen in Figure 10 are detailed in caption. 
Geotherm Profiler 
 WISTFUL_profiles.mlapp launches a GUI which allows the user to investigate the 
seismic property of any given subset of rocks along a range of geotherms (Figure 11). By 
default, this GUI loads the elastic seismic moduli. As described above, if one wishes to 
apply an anelastic correction, one must create a corrected wavespeed file using 
calculateWaveSpeedFiles.mlx and use the load button in the top left corner. Regularly 
used geotherms such as a half-space cooling geotherm, a plate model geotherm, a 
continental geotherm with a constant heat production value are precoded into the GUI 
with the flexibility for users to specify parameters including ocean age, surface heat flux, 
or crustal heat productivity. Further input is allowed through the loading of a user-
generated geotherm. For this functionality, the user must load a .mat file with vector files 
for depth [km], pressure [bars], and temperature [˚C] named as z, p, and t (case-
sensitive). The loaded geotherm will be saved in the GUI until closed or another 
geotherm is loaded. The user can choose what rock types to plot, what property to plot, 
and what uncertainty to plot (mean only, range, mean with one or two standard 
deviations) using the drop-down menus on the left. The user can also further select which 
rocks to plot by adding a single compositional constraint if desired. The “Plot!” button 
plots the input request. The axes can be changed by the max depth plotted, as well as the 
“Set Axes” functionality in the bottom right. The “Export data to workspace” button 
allows for further investigation of the plotted data outside of the GUI. The steps required 
to reproduce the image seen in Figure 11 are detailed in caption. 
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 Inversion 
 WISTFUL_profiles.mlapp launches a GUI which allows the user to invert for 
best-fit temperature and property using either of the fitting functions described above 
(Figure 12). Similar to the other GUI’s, the user can load their choice of anelastic 
corrections and choose the rock type or compositional constraints for this inversion. For 
the inversion, the user can choose to fit to Vp, Vs, or some combination. The user can also 
choose the temperature range to look over as well as the extra property to fit. Once the 
options are chosen, the “Fit!” button plots the average RMSE using closest X or the 
number of samples within error using the number within X in the top middle figure. The 
bottom plot depicts the best fit composition for each temperature. A text box on the left-
hand side states how many samples are being used in the inversion due to the constraints 
given. The best-fit temperature and property value along with uncertainty are displayed 
beneath the middle figures. Furthermore, the user can plot the histogram of the data at 
any single temperature using the “Plot Histogram!” button under the rightmost figure for 
any chosen temperature. After hitting the “Fit!” button, the “Temperature for Histogram” 
edit box will default to the best-fit temperature from the inversion. The “Export data to 
workspace” button allows for further investigation of the plotted data outside of the GUI. 
The steps required to reproduce the image seen in Figure 12 are detailed in caption.  
Summary 
 With recent increases in tomographic resolution and inversion methodologies, a 
challenge for geoscientists is interpret these new models in terms of temperature and 
composition. In order to constrain the temperatures and compositions that are consistent 
with a given seismic wave speed involves forward modelling wave speeds from bulk 
compositions. To calculate seismic wave speeds from bulk composition, we here use the 
Gibbs free-energy minimization program Perple_X (Connolly, 2009). We updated the 
Perple_X moduli database to include up-to-date bulk and shear moduli (Table 1).  
To constrain error present in these forward calculations, we investigate the two 
dominant sources of uncertainty: 1) uncertainty in the elastic property measurements and 
mixing equations to determine the bulk properties, and 2) uncertainty in the predicted 
mineral assemblage and composition. Regarding the first, we found experimental seismic 
wave speed measurements on ultramafic samples are reproducible with the updated 
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mineral endmember moduli and mixing methodologies within laboratory measurement 
error. To constrain the second uncertainty, we compare predicted mineral assemblages 
and seismic wave speeds for 130 well-studied peridotite and pyroxenite xenoliths using 
five sets of solution models to the observed modal assemblages and estimated seismic 
wave speeds at the last-equilibrated temperature and pressure. We tested five sets of 
solution models against well-studied xenoliths with bulk and mineral compositions, as 
well as modal assemblages, and find that the Jennings and Holland (2015) solution model 
database best reproduces ultramafic phase assemblages and elastic seismic wave speeds 
(~0.5 % in Vp and Vs).  
With these errors in mind, we present WISTFUL (Whole-rock Interpretative 
Seismic Toolbox for Ultramafic Lithologies). Using the Jennings and Holland (2015) 
solution models with either constant or oxygen fugacity based on the MgO content of the 
composition, we calculate the anharmonic elastic seismic wave speeds for a compiled 
database of 4877 ultramafic whole-rock compositions. To correct for the calculated 
seismic wave speeds for anelastic effects, we include a live script to apply corrections 
from Jackson and Faul (2010) and Behn et al. (2009). WISTFUL includes a set of 
functions that invert for best-fit temperature and property by investigating either the 
closest X samples or the temperature at which the most samples are within error of a 
given wave speed. Lastly, three easy-to-use GUIs (relationships, geotherm profiles, and 
inversion) can be utilized as educational classroom tools in undergraduate and graduate-






Figure 4.1: Workflow for WISTFUL.   
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Figure 4.2: Experimental bulk moduli (Kobs) plotted against thermodynamically derived 
bulk moduli (KThermo) for mantle mineral phase endmembers with experimental data at 
500˚C and 1 GPa using the (Holland and Powell, 2011) database. Abbreviations: acm, 
acmite; alm, almandine; andr, andradite; cats, Ca-tschermak; di, diopside; en, enstatite; 
fa, fayalite; fo, forsterite; gr, grossular; hed, hedenbergite; herc, hercynite; jd, jadeite; 
mgcr, magnesiochromite; mgts, magnesium-tschermak; mt, magnetite; py, pyrope; ski, 
skiagite; sp, spinel; usp, ulvospinel; uv, uvarovite.  
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Figure 4.3: Vp calculated for ultramafic rocks from modal assemblage, modal 
composition, and predicted mineral moduli versus laboratory measured Vp. See Section 2 
for details. Estimated error in both directions shown in bottom right.    
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Figure 4.4: Root-mean squared error (RMSE) for phase and seismic wave speed for all 
the solution models as a function of Fe3+/∑Fe. Grey box shows the range of observed 
Fe3+/∑Fe in ultramafic rocks (Canil et al., 1994). Stixrude & Lithgow-Bertelloni (2011) 
is constant since it does not include Fe2O3 in its solution model.   
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Figure 4.5: Mineral proportions for all xenoliths at their equilibrium conditions 
calculated using the Jennings & Holland (2015) solution models and variable Fe2O3/FeO
T 




Figure 4.6: Seismic wavespeeds for all xenoliths at their equilibrium conditions 
calculated using the Jennings & Holland (2015) solution models variable Fe3+/∑Fe 
plotted against the seismic wavespeeds calculated from the observed mineral modes and 
compositions.   
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Figure 4.7: Compositional histograms for the ultramafic database.  
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Figure 4.8: The ultramafic database plotted in the renormalized in the olivine-
orthopyroxene-clinopyroxene ternary. Modes calculated at 800 ˚C and 2 GPa.    
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Figure 4.10: Snapshot of relationships GUI plotting a scatter plot of harzburgites density 
against Al2O3 at 1000 °C and 2 GPa. To reproduce this figure, load 
WISTFUL_relationships.mlapp. Choose the axes data, temperature, and pressure as 
shown. Limit the rock types plotted to only harzburgites. Click the add a compositional 
constraint button and then select the drop-down menu, minimum, and maximum below as 




Figure 4.11: Snapshot of geotherm profiles GUI. To reproduce this figure, first create a 
wave speed file using calculateWaveSpeedFiles.mlx corrected for 10 mm grainsize, 100 
ppm COH, and 45 s period using the Behn et al. (2009) anelasticity. Afterwards open 
WISTFUL_profiles.mlapp. Using the Load Speed File button, load in the corrected speed 
file described above. Then, set the text boxes and drop downs to be as shown. Finally, hit 




Figure 4.12: Snapshot of inversion GUI.  To reproduce this figure, first open 
WISTFUL_inversion.mlapp. Set the text and check boxes to be as seen to the left of the 
figures, with all types of peridotites checked. Then, set the text boxes and drop downs to 
be as shown. Afterwards, hit the Plot! button to plot the middle figures. Once plotted the 
Temperature for Histogram box will be automatically updated to the best-fit temperature. 
































































































19 3.619 -0.00651 852 1.92 -0.00592 
Pericl













17 5.817 -.01211 13018 2.853 -.00863 
Table 4.1: Newly input elastic moduli and derivatives used in the seismic wave speed 
calculations. Notes and references: 1) Derived from thermodynamic properties, 2) Taken 
from nearest endmember, 3) Fit to maintain ambient pressure-temperature Poisson’s 
ratio, 4) Sharp et al. (1987), 5) Peercy and Bass (1990), 6) Zhang et al. (1999) 7) Bass 
(1989), 8) Jiang et al. (2004), 9) Pavese et al. (2001), 10) Woodland et al. (1999), 11) 
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Vasiukov et al. (2018), 12) Gréaux and Yamada (2019), 13) Wang and Ji (2001), 14) Fan 
et al. (2019), 15) Xiong et al. (2015) 16) Syono et al. (1971) 17) Nestola et al. (2014) 18) 




Table 4.2: List of solution models sets used for xenolith comparisons. References are 
given for the solution models not taken from the set reference. The Holland and Powell 
(2011) thermodynamic database was used for all the calculations with the exception of 
the Stixrude and Lithgow-Bertelloni (2011). We used 0 wt. % H2O for our calculations 
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Olivine O(HP) O(HP) (Holland 
and Powell, 1998) 




















Garnet Gt(HP) CrGt 
(Malaspina et al., 
2009; Ziberna et 
al., 2013) 
Gt_maj Grt(JH) Gt(HGP) 
Spinel Sp(HP)  CrSp (Klemme et 
al., 2009) 















behn2009Shear.m Function to calculate Behn et al. (2009) 
anelasticity. 
calculateWaveSpeedFiles.mlx Live function to apply anelastic 
corrections to the database. 
creep10.m, J1anel.m, J1p.m, J2anel.m, 
J2p.m 
Functions to calculate Jackson and Faul, 
(2010) anelasticity written by Uli Faul. 
findClosestX.m Function to find the closest X samples to a 
input seismic wave speed at a pressure 
and temperature range. 
fitPropertyClosestX.m Function to find best fit property with 
output from findClosestX.m. 
fitPropertyNumWithin.m Function to find best fit property with 
output from numWithinError.m. 
numWithinError.m Function to find the number of samples 
within error from seismic data at a given 
pressure and temperature range.  
README.txt A readme file with units and descriptions 
of all files in WISTFUL. 
WISTFUL_compositions_clean.mat Compositional database with latitude and 
longitude of samples. 
WISTFUL_densities_clean.mat Database with densities.  
WISTFUL_inversion.mlapp Inversion GUI.  
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WISTFUL_parsed_modes_clean.mat Database with modes. 
WISTFUL_profiles.mlapp Geotherm Profile GUI.  
WISTFUL_relations.mlapp Relations GUI.  
WISTFUL_rockType.mat Database file with rock type information. 




Table 4.3: Functions, files, and databases. 
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Chapter 5:  
Mantle Thermochemical Variations beneath the Continental 





Constraining the thermomechanical state of the mantle beneath the continental United 
States is vital to understand the density stability of the mantle lithosphere. Recent studies 
have shown the potential of combining high-resolution seismic inversions with 
petrologically informed forward-calculations of seismic wave speed to better constrain 
the thermomechanical state of the mantle. Here we apply the Whole-rock Interpretive 
Seismic Toolbox For Ultramafic Lithologies (WISTFUL, Chapter 4) to analyze 
MITPS_20 (Golos et al., 2020), a joint body and surface wave tomographic inversion for 
Vp and Vs with high resolution in the shallow mantle. We evaluate MITPS_20 to 
constrain temperature and compositional variations at 60 and 80 km depth in the mantle 
lithosphere using two different anelastic corrections. We infer temperature variations 
beneath the continental United States up to 800–900°C at 60 km and 80 km. East of the 
Rocky Mountains, the mantle lithosphere is generally cold (350–850°C, 60 km), with 
higher temperatures (up to 1000°C, 60 km) on the Atlantic coastal margin. Long-
wavelength thermal variations are present in these regions, some correlated with surface 
expressions of rifting events. By contrast, the mantle lithosphere west of the Rocky 
Mountains is hot (often >1000 °C at 60 km and >1200 °C at 80 km), with highest 
temperatures found under Holocene volcanoes. We find our temperature and composition 
estimates agree well with constraints from recently (<10 Ma) erupted mantle xenoliths in 
the southwestern US.  The two anelasticity corrections predict significantly colder mantle 
temperatures at 60 km depth than does primary magma thermobarometry. This 
discrepancy is most likely due to the differences in sampling resolution between seismic 
and geochemical methodologies, as well as errors in the anelastic formulations. In 
agreement with previous work, we find that the chemical depletion predicted by our 
model does not fully compensate the density difference due to temperature between the 
eastern and western United States. Using Rayleigh-Taylor instability analysis, we 
estimate the timescales for lithospheric delamination. While the shallow North American 
cratonic lithosphere is currently density unstable, it is too cold to delaminate in 
reasonable timescales as long as there exists pervasive lithospheric compositional 
buoyancy.   
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Introduction 
The North American continent consists of an amalgamation of continental and arc 
fragments originating over the course of Earth’s history (Hoffman, 1988; Whitmeyer and 
Karlstrom, 2007). To first order, geologic and geophysical observations divide the 
continental United States in two geologic provinces (or regions): the tectonically active 
western region and the stable eastern region, broadly separated by the Rocky Mountain 
Front. Surface strain rate is only detectable in the west (Kreemer et al., 2014), in line with 
the dominant western locations of historically recorded high magnitude (>6.0) seismic 
activity (Stover and Coffman, 1993; Petersen et al., 2020). Heat flow is highest in the 
west, with lowest values in the Archean cratons in the east (Morgan and Gosnold, 1989; 
Williams and Deangelo, 2011), and Holocene volcanism occurs exclusively in the west of 
the continental United States (Venzke, 2013). The west is dominated by high relief with 
long-wavelength negative Bouguer gravity anomalies, in contrast to the low relief and 
short-wavelength positive Bouguer gravity anomalies in the east (Woollard, 1965; Kane 
and Godson, 1989; Phillips et al., 1993; Danielson and Gesch, 2011). Coherence  
between Bouguer gravity anomalies and topography predict thin elastic thicknesses in the 
west and thick elastic thicknesses in the east (Bechtel et al., 1990; Audet and Bürgmann, 
2011). In addition, mantle seismic wave speeds drastically differ between the two 
regions, with slow seismic wave speeds in the west and fast seismic wave speeds in the 
east (Schmandt and Lin, 2014; Shen and Ritzwoller, 2016; Golos et al., 2020). Similarly, 
the depth at which mantle seismic anisotropy aligns with absolute plate motion is 
significantly shallower in the west compared to the east (Yuan and Romanowicz, 2010; 
Yuan et al., 2011).  
Temperature exerts the dominant control on rheology (Karato and Wu, 1993; 
Hirth and Kohlstedt, 2003), density (Afonso et al., 2005; Abers and Hacker, 2016), and 
mantle seismic wave speed (Cammarano et al., 2003; Abers and Hacker, 2016).  Thus, 
taken together, these observations point toward elevated shallow mantle temperatures in 
the western US compared to colder temperatures in the east (Pakiser, 1963; Humphreys 
and Dueker, 1994; Goes and van der Lee, 2002; Mooney and Kaban, 2010).  This 
variation in mantle temperature has been related to the age of the lithosphere as the 
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shallow mantle cools with time (Pollack and Chapman, 1977; Chapman, 1986; Goes et 
al., 2020).  
Re-Os dating, as well as isotopic measurements, suggest that the shallow cratonic 
mantle is as old as the surface rocks (Lee, 2006). In order for cratonic mantle to remain 
buoyant and persist over billions of years, the density increase due to cooling has been 
hypothesized to be balanced by a density decrease due to the depletion of the mantle 
through melting (Jordan, 1975, 1979; Oxburgh and Parmentier, 1978; Griffin et al., 
2003). The density structure associated with the combined effects of composition and 
temperature is therefore vital to the force balance within the North American lithosphere 
(Zoback and Mooney, 2003; Flament et al., 2013; Becker et al., 2014). Some petrologic 
studies have supported this isopycnic hypothesis through density estimates from 
Kaapvaal xenolith compositions along modern calculated geotherms (Kelly et al., 2003). 
Other studies from various fields have argued that the density increase due to cooling is 
not fully compensated by composition in other cratons (Forte et al., 1995; Shapiro et al., 
1999a; Kaban et al., 2003; Schutt and Lesher, 2006; Eaton and Claire Perry, 2013).  
The goal of this chapter is to interpret the MITPS_20 seismic tomographic model 
(Golos et al., 2020) in terms of temperature, composition, and density using WISTFUL 
(Whole-Rock Interpretive Seismic Toolbox For Ultramafic Lithologies) (Chapter 4). 
MITPS_20 incorporates both body and surface wave data from the USArray, giving 
improved vertical and lateral resolution within the crust and upper mantle for both Vp and 
Vs. WISTFUL is a set of seismic wave speeds calculated over a pressure-temperature (P-
T) grid for a large database of more than 4800 ultramafic bulk compositions. WISTFUL 
incorporates an up-to-date integration of laboratory measurements of elastic moduli, new 
thermodynamic solution models and databases chosen to best-fit the mineral modes of 
well-studied mantle xenoliths, and two different experimental calibrations of olivine 
anelasticity. In this chapter, we first discuss the methodology of the seismic model and 
WISTFUL. Based on the two anelastic formulations, we report temperature, composition, 
and density for the continental United States and eastern Canada. We then compare the 
thermochemical results at 60 and 80 km with surface geologic regions and features. 
Using our calculated density, composition, and temperatures, we investigate the relative 
chemical and thermal buoyancy of cratonic lithosphere. To corroborate our model 
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interpretation, we compare our results with chemistry and thermobarometry from 
xenoliths as well as magmatic temperatures. Lastly, we calculate the compositional 
buoyancy of the shallow mantle beneath the cratonic United States and discuss the 
stability of continental cratonic mantle.  
Geological setting and previous study results 
Geologic mapping and geochronology show the west of the Rocky Mountains 
experienced recent orogenesis (Laramide Orogeny, 75–35 Ma, English and Johnston, 
2004; Amato et al., 2017) and is an active plate boundary, while the east last experienced 
internal deformation during the Neoproterozoic due to the Mid-Continental Rift (1100 
Ma, Van Schmus and Hinke, 1985) and Grenville Orogeny (ca. 1300–980, McLelland et 
al., 2010). More recent eastern tectonism has occurred on the eastern margin of North 
America, including the Acadian Orogeny (375–335 Ma, Murphy and Keppie, 2005), 
Alleghenian Orogeny (325–260 Ma, Dallmeyer et al., 1986; Secor et al., 1986), rifting 
related to the  opening of the central Atlantic Ocean with the intrusion of the Central 
Atlantic Magmatic Province (~200 Ma,  Labails et al., 2010; Marzoli et al., 2018), and 
the opening of the Gulf of Mexico (~200 Ma, Bird et al., 2005). 
Recent improvements in seismometer coverage, seismic tomographic inversion 
methodology, as well as methods for wave speed interpretation over the last few decades, 
have led to many new studies of the thermochemical state of the mantle lithosphere 
beneath the United States. For instance, some authors have interpreted the temperature of 
the mantle beneath the continental United States assuming a single composition, finding a 
500°C variation in Moho temperature (Schutt et al., 2018) or mantle temperature in the 
shallow mantle (Goes and van der Lee, 2002). Perry et al. (2003) utilized a topography-
gravity inversion to derive a three-dimensional scaling relationship between seismic wave 
speed and density, which was subsequently applied to seismic models to estimate the 
temperature and chemical depletion beneath the cratonic United States.  They found a 
maximum temperature perturbation of ~500°C and maximum Mg # (100 x mol. Mg/(mol. 
Mg + mol. Fe)) variation of ~2 at 150 km depth. Simmons et al. (2009, 2010) 
incorporated mineral properties and geodynamical observations to better constrain global 
mantle density structure by allowing their seismic inversion to use a three-dimensional 
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scaling relationship between density and wave speed, and found a ~600°C variation 
beneath North America at 100–175 km.  
More recent work has taken an iterative, probabilistic approach to inverting 
seismic wave speed and composition using other geophysical data, e.g., topography and 
gravity (Kaban et al., 2014; Tesauro et al., 2014), finding even larger, 800°C maximum 
temperature differences at 100 km depth. Other authors have utilized thermodynamic 
calculations of mantle compositions to jointly invert for composition, making the entire 
inversion thermodynamic consistent (Khan et al., 2011), and resulting in a significantly 
lower 200°C maximum temperature variation at 100 km. Similarly, Afonso et al. (2013a, 
2013b, 2016) utilized probabilistic joint inversions to investigate the mantle 
thermochemical state in the western-central United States based on the forward-modeling 
of LitMOD (Afonso et al., 2008; Fullea et al., 2009).  These studies integrated seismic 
delay times, gravity data, geoid height, topography, and heat flow and found a >500°C 
difference at 55 km depth between the Rio Grande Rift and Proterozoic provinces east of 
the Rocky Mountain Front.  
Methodology 
Here we apply WISTFUL to the 60 and 80 km depth slices of MITPS_20 (Golos 
et al., 2020) (Figure 1). The MITPS_20 tomographic model is generated from a joint 
inversion of P, Pn, and S body wave travel times as well as Rayleigh wave phase 
velocities at periods ranging from 5–290 s. Incorporating both body and surface wave 
data affords good vertical and lateral resolution within the crust and upper mantle for Vp 
and Vs (Golos et al., 2020). Combining Vp and Vs drastically improves the interpretation 
constraints of thermal and compositional variation compared to Vp or Vs alone (Lee, 2003; 
Afonso et al., 2013a). This improved vertical and horizontal resolution and the 
availability of jointly constrained Vp and Vs make MITPS_20 a prime model to utilize in 
order to investigate the compositional and thermal variations beneath the continental 
United States. 
Checkerboard tests provide a qualitative diagnostic value of horizontal resolution, 
especially where resolution is poor (Lévěque et al., 1993; van der Hilst et al., 1993). We 
only interpret MITPS_20 in regions that recover recognizable structure in checkerboard 
tests, thus removing western Canada. We limit our investigation to the 60 and 80 km 
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model depth slices, as they are the best resolved depths in the mantle (Golos et al., 2020). 
As MITPS_20 recovers 1.5°x1.5° checkerboards at 60 and 80 km, we aim to interpret 
anomalies at least that size.  Depth slices estimate wave speeds over thicknesses of ± ~10 
km. 
MITPS_20 solves for the relative variations in Vp and Vs (𝛿𝑉𝑝, 𝛿𝑉𝑠). From 
synthetic data inversions, scaling parameters (𝛼𝑝 and 𝛼𝑠) are derived to compensate for 
the effects of inversion regularization to find the scaled relative variations in Vp and Vs: 
 𝛿𝑉𝑠𝑠𝑐𝑎𝑙𝑒𝑑 = 𝛿𝑉𝑠𝛼𝑠, 
𝛿𝑉𝑝𝑠𝑐𝑎𝑙𝑒𝑑 = 𝛿𝑉𝑝𝛼𝑝. 
 (1) 
(2) 
After scaling, the relative variations are converted to absolute 𝑉𝑠𝑀𝐼𝑇𝑃𝑆 and (𝑉𝑝/𝑉𝑠)𝑀𝐼𝑇𝑃𝑆 
(Figure 9a, b) using  
 𝑉𝑠𝑀𝐼𝑇𝑃𝑆 = (1 + 𝛿𝑉𝑠𝑠𝑐𝑎𝑙𝑒𝑑)𝑉𝑠𝑟𝑒𝑓 












where 𝑉𝑝𝑟𝑒𝑓and 𝑉𝑠𝑟𝑒𝑓 are from a modified version of the AK135 reference model 
(Kennett et al., 1995). As 𝑉𝑝𝑟𝑒𝑓/𝑉𝑠𝑟𝑒𝑓 for AK135 is greater than interpretable values 
obtained from WISTFUL (1.793 at 60 km compared to 1.73–1.77, Figure 2), we choose 
independent reference values,  (𝑉𝑝/𝑉𝑠)𝑟𝑒𝑓 (1.752 at 60 km and 1.753 at 80 km), 
constraining the absolute 𝑉𝑝/𝑉𝑠 to fall within interpretable values. 
To interpret these seismic wave speeds in terms of temperature, density, and 
composition, we utilize the “number within error” approach from WISTFUL. In this 
approach, pressure is calculated at each point in the depth slice assuming a crustal 
thickness from (Schmandt et al., 2015) with an average density of 2800 kg m-3 and an 
average mantle density of 3300 kg m-3. Using the calculated pressure at each grid point, 
we calculate the number of peridotites with Mg # > 85 within 0.5% distance of the Vs and 
0.5% distance of Vp/Vs for temperatures between 300 and 1600˚C. Mg # (molar 
Mg/(Mg+Fe)) is an estimate for the depletion of the mantle with more depleted samples 
having higher Mg # due to the preference of FeO to partition into the melt (Hess, 1989). 
Peridotite xenolith compositions ranging from Mg# 86–95 (Pearson et al., 2003), and 
most primitive mantle estimates range from Mg# 89–90 (Jagoutz et al., 1979; 
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McDonough and Sun, 1995; Workman and Hart, 2005). There is a correlation in Mg # 
and Vp/Vs of peridotites in the garnet-stability field where more depleted peridotites have 
a lower Vp/Vs (Lee, 2003; Afonso et al., 2010). This correlation is weaker in the spinel-
stability field and at high temperatures due to the pronounced effect of anelasticity 
(Afonso et al., 2010). Another compositional sign of depletion or fertility is Al2O3 
content in peridotite because melt extraction results in the depletion of Al2O3-rich phases 
like clinopyroxene, spinel, and garnet, leaving behind orthopyroxene and olivine 
(Kushiro, 2001; Lee et al., 2011).  Unlike Mg #, which has a strong effect on the shear 
modulus of all mantle minerals, changing the aluminum content of a peridotite has less 
determinate effect on its seismic wave speed, and thus Al2O3 contents have larger 
uncertainty (and thereby relative error) in the WISTFUL fits. We utilize the calculated 
0.5% root-mean square error for forward calculations in WISTFUL, as our uncertainty 
constraint because it is larger than the average uncertainty from MITPS_20 (~0.2 % in Vp 
and Vs based on bootstrapping analyses (Golos et al., 2020)).  
The best-fit temperature and uncertainty are defined as the mean and standard 
deviation of a Gaussian distribution fit to the temperature-samples within error 
distribution. The best-fit composition or density and its uncertainty is defined as the mean 
and standard deviation at the best-fit temperature of all the peridotites, weighted by the 













where (𝑉𝑠𝑀𝐼𝑇𝑃𝑆, (𝑉𝑝/𝑉𝑠)𝑀𝐼𝑇𝑃𝑆) and (𝑉𝑠𝑊𝐼𝑆𝑇𝐹𝑈𝐿 , (𝑉𝑝/𝑉𝑠)𝑊𝐼𝑆𝑇𝐹𝑈𝐿) are the seismic wave 
speeds and ratios for MITPS_20 and the WISTFUL peridotites respectively. 
Temperature, density, and composition estimates are only calculated for wave speeds that 
have at least 20 peridotite wave speeds within error. This procedure is repeated for every 
point in the seismic model, and in this way equivalent “temperature tomography” and 
“composition tomography” maps are generated. As WISTFUL weights compositional 
estimates by the inverse of the misfit for each composition averaged, a lower Vp/Vs given 
the same Vs will generally predict a more depleted composition (Figure 2). The 
magnitude of this effect varies depending on the temperature and absolute seismic wave 
speeds. 
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In order to interpret mantle seismic wave speeds, one must correct for the 
anelastic behavior of olivine at high temperatures (Faul and Jackson, 2015). We choose 
to investigate two anelasticity models: the extended-Burgers model of Jackson and Faul 
(2010) hereafter referred to as JF2010 and the power-law formulation of Behn et al. 
(2009) hereafter referred to as B2009. (See Chapter Four for discussion concerning these 
anelasticities). We assume that olivine anelasticity applies to all minerals present. For 
anelastic corrections, we correct the dominant seismic period calculated from MITPS_20 
(45 s for 60 km, 70 s for 80 km). We choose a grain size of 1 cm, in line with grain sizes 
for hot, annealed mantle (Van der Wal et al., 1993), old cratonic xenoliths (Baptiste and 
Tommasi, 2014; Pokhilenko et al., 2014), and Cenozoic xenoliths from the western 
United States (Li et al., 2008b). For the B2009 formulation, we choose an olivine water 
content of 50 H/106 Si (~7 ppm H2O) to approximate dry mantle peridotite, in line with 
average olivine water contents observed in mantle xenoliths from the western continental 
United States (Grant et al., 2007; Li et al., 2008b) and globally (Demouchy and Bolfan-
Casanova, 2016). At low-temperatures (< 800ºC) where no anelasticity is predicted, both 
models produce the same results (Figure 2). The B2009 anelastic corrections changes the 
wave speed at >900°C and results in an exponential Vs - Vp/Vs slope as a function of 
temperature. The JF2010 anelasticity changes the predicted wave speeds at ~800°C, and 
results in a gentler, more linear slope in Vs - Vp/Vs as a function of temperature. In all 
following figures, results with the B2009 anelasticity will be plotted on the left, while the 
JF2010 anelasticity will be plotted on the right.  
Results 
 In this section, we will first discuss the model results of temperature and model 
uncertainty (Figure 3, 4). We will then briefly discuss composition in terms of best-fit Mg 
# (Figure 5) and Al2O3 content (Figure 6) as well as their respective uncertainties. We 
will lastly discuss best-fit density and uncertainty (Figure 7).  
Temperature  
 As expected, we find the mantle beneath the Northern Cordillera United States to 
be hot relative to the cold, central and eastern United States (Figure 3). At 60 km, 
temperatures range from 350–1300°C using B2009 and 350–1200°C for JF2010 (Figure 
4 top). Mean 1σ temperature uncertainty is 61°C for B2009 and 48°C for JF2010. At 80 
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km, temperatures range from 500–1400°C for B2009 and 500–1350°C for JF2010 
(Figure 4 bottom). Mean 1σ temperature uncertainty is ~55°C for B2009 and ~40°C for 
JF2010. At temperatures for which the anelasticities differ (T >800 °C), B2009 predicts 
on average 90°C hotter temperatures at 60 km and 100°C at 80 km compared to JF2010. 
The maximum predicted temperature difference is 150°C when B2009 predicts 1200°C 
and JF2010 predicts 1050°C. Despite these differences, the structure of the temperature 
field is similar between the two models. High temperature anomalies tend to align with 
locations of Holocene volcanism in the western United States (triangles, Figure 3, orange 
bars, Figure 4, Venzke, 2013) and with alkaline and carbonatite rocks younger than 1 Gyr 
(circles, Figure 3). This is expected as alkaline and carbonatite rocks derive from high-
pressure and/or volatile-rich mantle melting (Takahashi and Kushiro, 1983; Hess, 1989), 
often associated with intraplate volcanism due to rifting or plumes. 
 The cratonic United States west of the Grenville Front is cold, but not 
heterogeneous in its temperature structure (350–850°C at 60 km, 500–1000°C at 80 km 
based on B2009). The coldest temperatures at both 60 and 80 km depth are found in the 
Archean Superior Province (350°C at 60 km, 500 °C at 80 km). The hottest predicted 
temperatures in the eastern interior correlate to regions with surface expressions of 
continental rifts like the Proterozoic Mid-Continent Rift (1,000 Ma, MCR, Van Schmus 
and Hinke, 1985; Van Schmus, 1992). More recent surface expressions of mid-to-late 
Cambrian rifting (550–500 Ma), such as the Oklahoma aulacogen (Lambert et al., 1988; 
Hanson et al., 2013; Brueseke et al., 2016), Rome Trough (Thomas, 2006), and Reelfoot 
Rift (Ervin and McGinnis, 1975), are also correlated with increased temperature 
anomalies, though the Reelfoot Rift anomaly may be related to more recent tectonism and 
hotspot volcanism associated with the Bermuda hotspot (Chu et al., 2013; Pollitz and 
Mooney, 2014).  
The eastern United States south and west of the Grenville Front is uniformly 
hotter than the cratonic regions at 80 km (700–1200 °C, B2009). At 60 km, the Atlantic 
coastal margin is hotter in three large (>2°x2°) regions previously interpreted to have 
abnormal temperatures for the eastern United States (>900°C, B2009): (1) the Central 
Appalachian Anomaly (CAA) below Virginia and West Virginia, (2) the North 
Appalachian Anomaly (NAA) below New York and New England, and (3) the 
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Mississippi Embayment (ME). B2009 predicts temperatures for the Central Appalachian 
Anomaly up to 1000±100°C at 60 km and 1200±60°C at 80 km depth. This high 
temperature is supported by Eocene-aged (~48 Ma) basaltic dike swarms in Virginia and 
West Virginia, which record P-T conditions of 1412 ± 25 °C, 2.32 ± 0.31 GPa, ~80 km 
depth (Mazza et al., 2014). The Central Appalachian Anomaly and the associated 
temperature anomaly have been hypothesized to result from asthenospheric upwelling 
driven by delamination (Mazza et al., 2014), edge-driven convection (Carrero Mustelier 
and Menke, 2021), or thermal remnants of Atlantic rifting and the Central Atlantic 
Magmatic Province (Marzoli et al., 2018).  
Similarly, B2009 predicts temperatures for the North Appalachian Anomaly up to 
950°C at 60 km and 1250°C at 80 km depth. The anomaly is significantly larger at 80 
km. The North Appalachian Anomaly has been interpreted by to be the result of an 
upwelling mantle due to the slow wave speeds and a decrease in the strength of mantle 
anisotropy (Levin et al., 2018; Yang and Gao, 2018). The upwelling should be relatively 
young due to the lack of observed surface volcanism (Levin et al., 2018), but could 
explain the 1 mm yr-1 uplift of the Adirondack Mountains (Isachsen, 1975; Yang and 
Gao, 2018). Yang and Gao (2018) hypothesized the source of this anomaly is related to 
or caused by the Great Meteor Hotspot, which traversed from Southeastern Canada to 
New England (Sleep, 1990), formed the White Mountains in New Hampshire (~130–100 
Ma, Heaman and Kjarsgaard, 2000), and more recently formed the New England Sea 
Mounts (100–80 Ma, Duncan, 1984). 
Lastly, the Mississippi Embayment is a large region of subsidence beginning the 
late Cretaceous (ca. 90 Ma, Cushing et al., 1964; Cox and Van Arsdale, 2002). The 
mantle beneath this region shows distinctly hotter temperatures at 80 km depth (~1100°C, 
B2009) than the rest of the eastern United States. Highest temperatures in the Mississippi 
Embayment are located below Louisiana (up to 1200°C, B2009). Surprisingly, at 60 km 
depth, the temperatures are similar to the cratonic interior (500–800°C, B2009) with the 
exception of the southern fringe of Texas and Florida. Some authors explain the 
subsidence as renewed extension related to the opening of the Gulf of Mexico (e.g., 
Braile et al., 1984), but recent work has hypothesized that the embayment could have 
been related to an increased heat flux from the Bermuda hotspot below Mississippi at the 
 193 
beginning of the subsidence (Morgan, 1983; Cox and Van Arsdale, 2002; Chu et al., 
2013). This increased flux along with the beginning of seafloor spreading in the Gulf of 
Mexico (~150 Ma, Burke, 1988) could explain these high temperatures. 
To the west of the Rocky Mountain Front, the temperature is significantly 
increased compared to the eastern United States (mostly >1000°C at 60 km and >1200°C 
at 80 km, B2009). The B2009 estimates of >1200°C temperatures in the western United 
States at 80 km agree with lithosphere-asthenosphere <80 km boundary depths in the 
western continental United States interpreted from receiver function and global seismic 
tomographic studies (Yuan and Romanowicz, 2010; Hopper and Fischer, 2018; Liu and 
Gao, 2018; Steinberger and Becker, 2018). 
The cold regions (<700°C) in the west include the mantle beneath the eastern 
Wyoming Craton, the Isabella Anomaly in California, and southeastern Washington and 
Idaho. At 80 km, the mantle below the eastern Wyoming Craton retains a colder 
temperature unlike the western, likely due to the western portion having been modified 
by the Yellowstone hostpot and the Laramide orogeny (Wu et al., 2014; Dave and Li, 
2016). The cold temperatures beneath the Sierra Nevadas could be explained by either an 
overthickened or delaminating eclogitic lower arc crustal root (Ducea and Saleeby, 1998) 
or a remnant, unsubducted portion of the Farallon slab (Wang et al., 2013). The higher 
than regional Vs and lower Vp/Vs in southeastern Washington and Idaho, which result in 
lower temperatures, has been hypothesized to be a remnant slab (Schmandt and 
Humphreys, 2011). The lower temperatures could also be similar to the colder anomaly 
under the Wyoming craton, relatively unaffected shallow mantle as there is no recent 
volcanism in that region (Figure 3).  
Conversely, the regions that are predicted to be hottest (>1200 °C at 60 km) are 
associated with recent volcanism or rifting like the Rio Grande Rift (Olsen et al., 1987), 
Yellowstone/the Snake River Plain, the Cascades Range and related backarcs, including 
Oregon’s High Lava Plains. The Basin and Range is colder at 60 km depth than areas 
with Holocene volcanism, but has similar temperatures at 80 km depth (900–1000ºC at 
60 km, ~1200ºC at 80 km, B2009) in line with the absence of Holocene volcanism.  
Composition and Density 
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 Along with predicting temperature, WISTFUL also predicts the composition and 
density. Best-fit Mg # ranges from 87.5–92.3 for B2009 (Figure 5) at 60 km with a mean 
of 90.3 and a mean 1σ uncertainty of 1. At 80 km, B2009 predicts a Mg # range 87.6–
92.5 with a mean of 90.3 and a mean 1σ uncertainty of 0.9. JF2010 tends to predict 
slightly more depleted compositions, most notably in the western region. At both 60 and 
80 km, J2010 predicts a range of 88.6–92.5 with a mean of 90.6 and a mean 1σ 
uncertainty of 0.9. Both models predict the most depleted values at the core of cratonic 
regions. The mantle beneath the Mid-Continent Rift shows slightly enriched values 
relative  to the cratonic cores, potentially due to trapped melt refertilizing the mantle 
lithosphere in line with a heavily underplated lower crust (Hutchinson et al., 1990). 
Similar compositional trends are observed in Al2O3 (Figure 6). Best-fit Al2O3 
ranges from 0.7–2.8 wt. % for B2009 (Figure 5) at 60 km with a mean of 1.9 wt. % and a 
mean 1σ uncertainty of 1.1 wt. %. At 80 km, Al2O3 ranges 1.1–3.0 wt. % with a mean of 
2.0 wt. % and a mean 1σ uncertainty of 1.1 wt. %. JF2010 tends to predict slightly more 
depleted compositions, most notably in the western region. At 60 km, J2010 predicts a 
range of 1–2.8 wt. % with a mean of 1.87 wt. % and a mean 1σ uncertainty of 1.0 wt. %. 
At 80 km, Al2O3 ranges 1.1–2.9 wt. % with a mean of 1.8 wt. % and a mean 1σ 
uncertainty of 1.1 wt. %. Regions with the most enriched compositions in Mg # (<88.5), 
most depleted in Al2O3 (<1 wt. %), and high uncertainty at 60 km could be due to the 
presence of melt, as WISTFUL does not account for in its forward calculations of seismic 
wave speed and fits are often based on fewer, more anomalous compositions (see 
Discussion).  
 At 60 km, density ranges from 3230 kg m-3 in the western United States to 3340 
kg m-3 in the eastern United States with a mean of 3310 kg m-3 and a mean 1σ uncertainty 
of 20 kg m-3 for both anelasticity models (Figure 7). At 80 km, the lower bound changes 
to 3240 kg m-3 for B2009 and 3250 kg m-3 for JF2010, with the other numbers remaining 
the same. The ranges and averages are similar since B2009 predicts both hotter 
temperatures and more enriched compositions, the effects of which counteract each other.   
Model Validation 
 We compare the model results with estimates of temperature and composition 
from xenoliths, as well as melting P-T estimates calculated from primary magmas, to 
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validate our methodology and choice of anelastic correction. The benefit of comparison 
to well-studied young (<10 Ma) xenoliths is that we can constrain both temperature and 
composition. Another avenue for validation would be to compare our model results with 
surface heat flow, but because surface heat flow is controlled more by crustal heat 
production and upper crustal hydrothermal processes than variations in mantle heat flux 
(Chapman, 1986; Mareschal and Jaupart, 2013), related uncertainties are too large for any 
validation purposes.  
 We compiled 14 xenolith localities that have erupted within the last 10 Myr 
(black squares, Figures 5, 6), each with at least 4 xenolith bulk compositions that have 
Mg # >0.85 and < 2 wt % H2O to avoid averaging xenoliths that have been heavily 
refertilized or altered before/during eruptive processes (Kudo et al., 1972; Smith and 
Levy, 1976; Frey and Prinz, 1978; Smith, 1979, 2000; Ehrenberg, 1979; Aoki, 1981; 
Wilshire et al., 1988; Riter and Smith, 1996; Smith and Alexis Riter, 1997; Smith et al., 
1999; Porreca et al., 2006; Li et al., 2008b; Luffi et al., 2009; Byerly and Lassiter, 2012; 
Chin et al., 2012; Marshall et al., 2017, 2018). We take the average xenolith composition 
to reflect the mantle composition beneath that xenolith locality and the related uncertainty 
to be the standard deviation. To compare these observations with our model results, we 
average the best-fit compositions of all model results within 0.5° arc-distance from the 
locality. We estimate the uncertainty in the model to be the maximum of the average 
uncertainty or the standard deviation of the averaged values. Spinel xenolith 
compositions are compared with the estimated 60-km composition (blue squares, Figure 
8), while deeper garnet xenoliths are compared with the 80-km composition (green 
square, Figure 8). B2009 predicts mantle Mg # well, while JF2010 tends to predict 
slightly more depleted compositions in Mg #, though most localities are within error (9 of 
14 localities). Al2O3 predicted by both anelasticity models agrees within error, though 
this is caused by the combination of the large Al2O3 uncertainties from WISTFUL, as 
well as the large Al2O3 variability measured at the xenolith localities.  
 In addition to composition, geochemical estimates of mantle temperature are 
commonly calculated in the western United States based on: (1) xenolith 
thermobarometry (squares, Figure 9) and (2) primary magma thermobarometry (triangles, 
Figure 9). Mantle xenolith thermobarometry (e.g., Brey and Köhler, 1990) relies on using 
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the relative mineral composition to calculate the P-T conditions at which those mineral 
compositions are in equilibrium. We compiled 13 localities with at least one temperature 
(or P-T) estimate (Kil and Wendlandt, 2004; Porreca et al., 2006; Li et al., 2008b; Byerly 
and Lassiter, 2012; Chin et al., 2012; Marshall et al., 2018). Because no reliable spinel 
barometer exists, most spinel thermometry is calculated at 1.5 GPa as spinel-bearing 
xenoliths could vary anywhere in the spinel stability field (~0.7–2 GPa). Here, we 
compare all spinel thermometers with our 60-km estimate (~1.7 GPa) and acknowledge 
that our model results should be equal or exceed this thermometry as the spinel xenoliths 
could be sampling a shallower mantle. More reliable garnet field barometers exist, and 
we compare all temperatures garnet field thermometry within 0.3 GPa of the 80 km 
pressure (~2.4 GPa). To compare these temperatures with our model results, we average 
the best-fit temperatures from all model points within 0.5° arc-distance from the locality. 
We consider the temperature error to be the maximum between the average temperature 
uncertainty and the standard deviation of averaged temperatures. We consider the 
temperature error in a xenolith locality to be the maximum of the standard deviation of 
the calculated temperatures and published thermometer uncertainty.  
 B2009 agrees within error for 4 out of 11 spinel xenolith localities, overpredicting 
temperature by ~125 °C for 5 xenolith localities (blue squares, Figure 9 left). JF2010 fits 
xenolith thermobarometry slightly better, fitting 5 out of 11 xenolith locality temperatures 
(blue squares, Figure 9 right). For two spinel-bearing xenolith localities and one garnet 
bearing xenolith locality, JF2010 predicts 100–200°C colder temperatures than recorded 
by the xenoliths. Green Knobs in New Mexico and Vulcan’s Throne in Arizona predict 
temperatures much lower (750–775 °C) than either model predicts using either both 
anelasticities at 60 km. These are anomalously low temperatures for the region as well; 
there is recent (<1 Myr) magmatism in the Rio Grande Rift as well as the nearby presence 
of granulite facies lower crustal xenoliths (Cipar et al., 2020). Likely these spinel 
xenoliths are sampled from significantly shallower mantle near the regional Moho (~30 
km).  
B2009 agrees within error of 1 out of the 2 garnet xenolith localities, while 
JF2010 predicts neither within error. The most anomalous garnet-bearing xenolith 
locality (Big Creek, Sierra Nevadas, California) predicts cold temperatures for 80 km 
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(~750°C), in stark disagreement with both models. It is unlikely that these xenoliths were 
not in equilibrium at high temperatures (~750°C). Instead, the xenoliths may record a 
previous thermochemical state given that they erupted in an 8 Myr old diatreme (Chin et 
al., 2012). Thus, this temperature discrepancy could be interpreted as a change in shallow 
mantle temperature since the diatreme eruption. These potential changes in mantle 
thermal state might also reflect changes in the chemical state if melt was advected and 
reacted with the mantle. Only in the most recent eruptions should there be a strong 
correlation between model results and xenolith thermochemical state.  
 Another temperature comparison for the two anelasticities is primary magma 
thermobarometry, which uses compositions of primary magmas and primary melt 
inclusions to calculate the pressure and temperature at which a melt was last in 
equilibrium with the mantle (c.f. Till, 2017). Here we use temperatures estimated from 
different thermometers that incorporate both tholeiitic and alkaline samples (Leeman et 
al., 2005; Ruscitto et al., 2010; Till et al., 2013; Plank and Forsyth, 2016; Till, 2017). We 
also include recalculated temperature estimates from high-Mg andesites from Mt. Shasta 
(Baker et al., 1994; Grove et al., 2002) using the thermometer of Mitchell and Grove 
(2015) at 1.5 GPa (Shasta, triangle, Figure 9). Due to the importance of measuring H2O 
and CO2 on the liquidus temperature and pressure, we only use estimates made with 
measured H2O based on melt inclusions. As volatiles rapidly diffuse from melt inclusions 
(Gaetani et al., 2012; Bucholz et al., 2013), the temperature estimates for hydrous 
melting using these water contents are an upper bound (Till, 2017), but generally agree 
with estimates from regional tholeiitic primary magmas. To compare regions with 
different numbers of estimates, we binned magmatic temperature estimates into 0.5°x0.5° 
regions for pressure estimates within 0.3 GPa of the regional pressures at 60 and 80 km. 
We take the uncertainty in the magmatic estimates to be the maximum between the 
reported uncertainty or the standard deviation of averaged estimates. This binned 
temperature estimate is compared with the mean temperature of all WISTFUL 
predictions at either 60 and 80 km within 0.5° arc-distance. We consider the model 
temperature error to be the maximum between the average temperature uncertainty and 
the standard deviation of averaged temperatures. 
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 Both anelasticities models significantly underpredict magmatic temperatures 
estimates (triangles, Figure 9).  On average, B2009 underpredict magmatic temperatures 
by 230°C at 60 km and 75°C at 80 km (triangles, Figure 9 left). JF2010 underpredicts 
temperatures by 360°C at 60 km and 170°C at 80 km (triangles, Figure 9 right). There are 
multiple hypotheses for this stark disagreement: (1) scale of the temperature estimates, 
(2) error in the anelastic correction of seismic wave speeds, (3) error in the magmatic 
thermobarometers, or (4) error in the forward calculation of mantle seismic wave speeds, 
potentially due to the exclusion of melt or hydrous phases. The following paragraphs 
discuss these possibilities. 
 The first reason for the systematic difference in model temperature and magmatic 
temperature is the scale difference between the temperature estimates. Magmatic 
temperature estimates sample the temperature at which the melt was in equilibrium with 
the mantle and may only represent small regions of the mantle, especially if melt is 
focused (e.g., Kelemen and Dick, 1995) or escapes the mantle on short (~10 kyr) 
timescales (Feineman and DePaolo, 2003). Conversely, seismic tomographic inversions 
such as MITPS_20 are limited to resolving seismic anomalies greater than roughly 
1.5°x1.5° with vertical resolution on the order of 10 km (Golos et al., 2020). Thus, small-
scale seismic anomalies due to thermal upwellings or melt, but that is not pervasive 
throughout a grid cell, can be smeared or not sensed. Furthermore, seismic inversions 
smooth their wave speeds in order to stabilize the inversion, though MITPS_20 corrects 
for some of this effect (see Methodology). Subduction zones will be especially difficult to 
image due to any smearing of the colder subducting lithosphere, which will increase 
seismic wave speed, decreasing the temperature estimate. The fact that the both 80-km 
temperatures agree better with magmatic estimates may suggest that at lithospheric 
depths, vertical smearing decreases seismic wave speeds as it samples from starkly colder 
mantle from shallower depths along a steep geotherm. Regional, high-resolution seismic 
studies using multiple methodologies are necessary to understand these effects. 
Comparison between these results and WISTFUL forward predictions could highlight 
previously unseen strengths and weaknesses of each methodology.  
 A second reason for the temperature discrepancy could be error in anelastic 
corrections of seismic wave speed. Anelasticity experiments are difficult with different 
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models and experiments giving different results and sensitivities (Faul and Jackson, 2015; 
Karato and Park, 2018). Although B2009 produces better fits with compositions and 
temperatures, the power-law formulation of anelasticity does not fit experimental data 
well at low quality factors (high temperatures or melt present) (Jackson and Faul, 2010). 
Certain parameters in the both anelasticities are relatively unconstrained, like the 
activation volume (Jackson and Faul, 2010; Faul and Jackson, 2015). Other comparisons 
of high-quality seismic experiments and forward calculations of peridotite seismic wave 
speeds require altering the relaxation peak frequencies (Ma et al., 2020). Furthermore, the 
effect of water content on anelasticity is currently under debate (Aizawa et al., 2008; 
Cline et al., 2018; Karato and Park, 2018). Regardless, as we assumed relatively dry 
water contents for B2009, increasing the water content further decreases Vs, thus shifting 
all forward calculations for B2009 above 900°C to the left in Figure 2. Thus, assuming an 
increased water content would have our methodology predict colder temperatures for the 
same model. Similarly, while grain size is an important parameter for anelasticities as 
well, especially at high temperatures (Faul and Jackson, 2005; Behn et al., 2009), we 
have assumed a reasonable grain size near the upper bound observed in xenoliths. Any 
grain size reduction increases anelastic effects, thus reducing the modelled temperature. 
Therefore, variable grain size and its effect on anelasticity cannot help the temperature 
discrepancy discussed here. Oxidation has been found to increase dissipation (Cline et 
al., 2018). We do not incorporate this effect, which would reduce our temperatures in arc 
settings as arc mantle is more oxidized (Kelley and Cottrell, 2012). On the other hand, as 
long as melt and fluids are focused, the oxidation would not decrease large-scale seismic 
wave speed as only a small portion of the mantle would become oxidized. Finally, we 
utilize the assumption that anelasticities calculated from experiments on pure olivine 
apply to polymineralic peridotite assemblages. While experiments with similar results 
have been conducted on a harzburgitic assemblage (olivine+orthopyroxene) (Sundberg 
and Cooper, 2010), more experiments are necessary to understand whether differences in 
mineral assemblage change the anelastic effect at different temperatures, pressures, and 
seismic periods.  
The uncertainties in the pressure or temperature predicted by the magmatic 
thermobarometers cannot explain the observed temperature discrepancy. While water 
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content can drastically reduce the peridotite solidus, tholeiitic magmas are observed in 
the western United States. Melting experiments on dry peridotite compositions require 
temperatures >1300 °C at 60 km depth, temperatures even the B2009 anelasticity rarely 
predicts within uncertainty (Hirschmann, 2000). Given the existence of Holocene age 
tholeiitic magmas, the reported uncertainty in magmatic thermobarometry (11–43 °C, 
0.1–0.4 GPa) cannot explain the temperature discrepancy present at 60 km.  
Miscalculation in the forward calculation of seismic wave speeds in WISTFUL is 
also unlikely to explain the temperature estimate discrepancy. As we incorporate 
expected non-systematic uncertainty from our forward calculations into the error allowed 
for fitting and utilize current experimental moduli for most mineral endmembers, the only 
systematic error from this could be due to a difference in mixing assumptions, e.g. 
anisotropy. WISTFUL calculates the isotropic wave speeds, so comparing with the fast 
direction wave speeds would produce colder than realistic temperature estimates. As 
MITPS_20 inverts isotropic wave speed from combination of teleseismic body waves and 
surface wave arrival times, we believe a systematic increase in recovered wave speed due 
to anisotropy beneath all regions with magmatic temperature estimates unlikely. 
Compositionally, we do not include the effect of melt and hydrous phases. The 
addition of melt and/or hydrous phases in the forward calculation of seismic wave speeds 
would decrease the predicted temperature. Melt strongly reduces Vs (e.g., Hammond and 
Humphreys, 2000), but the exact wave speed reduction is heavily dependent on the melt 
content and the melt connectivity (Zhu et al., 2011). Similarly, pargasitic amphibole, 
(NaCa2(Mg4Al)(Si6Al2)O22(OH)2), the most common hydrous phase predicted for the 
shallow mantle (Dawson and Smith, 1982), has a Vs of 3.85 km s
-1 and a Vp/Vs of 1.83 at 
60 km pressure and 1200 °C using B2009 and moduli from Abers and Hacker (2016). At 
the same conditions, diopside has a Vs of 4.35 km s
-1 and a Vp/Vs of 1.78. Replacing any 
clinopyroxene at the same temperature with pargasite would decrease Vs and increase 
Vp/Vs in forward calculations (shifting all forward calculations to the upper left in Figure 
2). Therefore, the addition of melt and/or hydrous phases would decrease the predicted 
temperature for the same seismic wave speed. Despite amphibole dikes and peridotites 
being hypothesized as a significant source of volatiles for alkaline and ocean-island 
basalts (Harry and Leeman, 1995; Pilet et al., 2011), the volume required to have a 
 201 
geochemical impact is unlikely to make a seismically noticeable fraction of the shallow 
mantle.  
In summary, we find that the xenolith compositional agreements with B2009, its 
prediction of greater or equal temperature to spinel-bearing xenoliths, and better fitting 
temperatures compared to magmatic estimates supports that the B2009 anelastic 
predictions over those from JF2010. The systematic difference between our best-fit 
temperature estimates with magmatic temperature estimates can only be explained by a 
difference in the scale of the estimates and/or errors in anelastic corrections. Further 
experimental work on anelasticity is required to better interpret high temperature mantle 
regions like the western United States.  
Density and Stability of Cratonic Roots 
Based on the temperature and density predicted by our model, we have the unique 
opportunity to investigate the relative importance of compositional and thermal 






where Δ𝜌𝑐 is the density variation attributed to compositional heterogeneity, 𝜌 is the 
reference density of the mantle at the same pressure, 𝛼 is the coefficient of a thermal 
expansivity (Shapiro et al., 1999b) assumed to be 3.5 × 10−5 K-1 (Afonso et al., 2005). 
Negative B values imply negative compositional buoyancy. A B value near 0 implies that 
no compositional buoyancy exists. A B value of 1 implies that the compositional and 
thermal effects are equal, allowing perpetual lithospheric stability. A B value much 
greater than 1 implies that the compositional buoyancy is greater than thermal effects. 
We calculate this parameter by parsing the compositional effect of densities 
through comparison of best-fit temperatures and densities for the mantle beneath the 
United States. We take Δ𝑇 to be difference of the best-fit observed temperature and the 
average observed temperature of the Basin and Range for the anelastic model and depth. 
We use the average Basin and Range as a reference point for this calculation as it is a 
warm, but mostly amagmatic region that is likely be in isostatic equilibrium at these 
depths.  We only calculate B for points at least 100°C colder than the average observed 
temperature for that anelasticity and depth to avoid the denominator being too small. 
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Because our methodology fits both temperature and density, we can calculate Δ𝜌𝑐 as the 
difference in best-fit densities corrected for the thermal difference:  
Δ𝜌𝑐 = 𝜌𝐵𝑅(1 − 𝛼Δ𝑇) − 𝜌𝑜𝑏𝑠,  (7) 
where 𝜌𝐵𝑅 is the average density of the Basin and Range for each model and depth and 
𝜌𝑜𝑏𝑠 is the best-fit observed density value at each grid point. 
B values range from -2.1 – 1.6 at 60 km, with a non-negative mean of 0.15 at 60 
km (Figure 10). Green regions in Figure 10 represent areas that have no or negative 
compositional buoyancy. Relative to 60 km, compositional buoyancy increases at 80 km 
due to the more depleted composition, resulting in B values from -1.36 – 0.62 with a 
nonnegative mean of 0.28.  For JF2010, B values range from -2.4 – 1.2, with a 
nonnegative mean of 0.14 at 60 km, and B values from -0.8 – 0.94 with a nonnegative 
mean of 0.22 at 80 km. The cratons in the eastern United States are always less than 1 at 
both 60 and 80 km, showing that the density increase due to cooling is not fully 
counteracted by chemical depletion. This result agrees with previous estimates from 
seismology (Forte et al., 1995), long-wavelength geoid (Shapiro et al., 1999a), gravity 
(Kaban et al., 2003), geochemical density estimates (Schutt and Lesher, 2006), and 
numerical thermal models (Eaton and Claire Perry, 2013) that B for cratonic roots is 
typically a positive value less than 1. Under the cratonic regions at 80 km, B2009 predicts 
Δ𝜌𝑐 ≈ 20 kg m
-3.  
Foundering of unstable lithosphere, or delamination, can occur in two ways: (1) 
basal tractions due to horizontal density gradients, and (2) Rayleigh-Taylor-type 
instabilities due to perturbation of the lithosphere-asthenosphere boundary. Basal 
tractions are likely high in the mantle beneath the Rocky Mountain front, where density 
gradients by our methodology are predicted to be high (Figure 7). To investigate the 
effect of these basal tractions on the edge of cratons, models are necessary. Shapiro et al., 
(1999b) found that the deep lithosphere was stable to basal tractions as long as there 
existed compositional buoyancy and high mantle activation energies  (~500 kJ/mol) 
similar to those predicted for dry olivine and dislocation creep (Hirth and Kohlstedt, 
2003).  Further models are necessary to better constrain the model space for lithospheric 
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stability as results are also dependent on the buoyancy of the lithosphere, model boundary 
conditions, and model geometry.  
Rayleigh-Taylor-type instability can be investigated analytically. Houseman and 
Molnar (1997) derived the time, 𝑡, for a Rayleigh-Taylor instability to form from an 



















where n is the stress exponent of the material, Δ𝜌 is the density difference between the 
layers, g is the gravitational acceleration (9.8 m s-2), C is the growth rate (numerically 
found to be maximally ~1), h is the layer thickness, Z0 is the initial perturbation 
thickness, and 𝐷 is a rheologic coefficient. We assume that  
Δ𝜌 = 𝜌0(1 − 𝛼𝑇𝑝𝑜𝑡), −(𝜌0 − 𝛥𝜌𝑐)(1 − 𝛼𝑇)  (9) 
where we Tpot is the mantle potential temperature (1350°C), 𝜌0 is the ambient 











where A is the flow-law prefactor, Q is the activation energy, V is the activation volume, 
R is the gas constant (8.314 J mol-1), P is the pressure, and T the temperature in Kelvin. 
For all following calculations we take rheologic parameters for dry dislocation creep of 
olivine (n=3.5, Q=530 kJ/mol, V=10 m-3 mol-1, A=1.1x1016 Pa-3.5 s-1) (Hirth and 
Kohlstedt, 2003).  
Instability times range from <1 Myr to >1 Gyr depending on the layer 
thicknesses, average temperatures, compositional buoyancy, and initial perturbation (1 or 
10%) (Figure 11).  The main factors that control the timescale at which lithospheric 
Rayleigh-Taylor instabilities form are: (1) the thickness of the layer, h, (2) the initial 
perturbation, 𝑍0, (3) the average lithospheric temperature, T, (4) the lithospheric 
compositional buoyancy, 𝛥𝜌𝑐. The first two are inverse proportional to the instability 
timescale. Warmer temperatures promote faster instability times due to the temperature-
dependence of mantle viscosity.  If the layer is too cold (<800°C), no layer will be able to 
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viscously delaminate in a geologically feasible time (>1 Gyr), no matter how dense or 
thick the layer is. Temperature also influences density, and layers will be density stable as 
temperature nears the mantle potential temperature, resulting in an upper bound on 
temperature that is allowable for instabilities to form. Compositional buoyancy reduces 
this upper bound (Figure 11b, d).  
 As the unstable layers must be hotter than 800°C on average to delaminate in a 
geologically reasonable time, the maximum unstable layer thickness is best calculated as 
the difference in depth between the 800°C isotherm and either the lithosphere-
asthenosphere boundary (~1350°C) or the temperature where negativity buoyancy begins 
(~1190°C for 𝛥𝜌𝑐=20 kg m
-3). Moho temperatures at ~30 km depth in the western US are 
often greater than 800°C (Schutt et al., 2018). B2009 finds the east to be ~800°C at 80 
km depth. The lithospheric-asthenosphere boundary from seismic and geophysical studies 
indicate ~50–80 km in the west and ~200–250 km in the east (Steinberger and Becker, 
2018). Thus, the maximum unstable layer thicknesses range from 20–50 km thick for the 
west and be 120–170 km for the east), with an average layer temperature of 1000–
1200°C (black boxes, Figure 11). 
From this analysis, three conclusions arise. First, young, hot lithosphere that has 
no compositional buoyancy can delaminate on the order of 10–100 Myr as long as there 
exists initial thickness perturbations of 10% (Figure 11a). This suggests that the 
lithosphere quickly flattens after formation. Second, old, thick lithosphere must be 
relatively flat (~1 % thickness perturbations), since even with pervasive compositional 
buoyancy, instability times can be on the order of 10 Myr (Figure 11d). This may suggest 
that basal tractions between horizontal density gradients as those observed at the Rocky 
Mountain Front in our density predictions could be most important for lithospheric 
delamination. Lastly, deep cratonic lithosphere must be chemically buoyant to exist over 
billions of years, as layers with no chemical buoyancy and 1% thickness perturbations 
become can become unstable in less than 1 Gyr (Figure 11a).  
 To constrain the maximum lithospheric thickness that an unstable layer can 
achieve before foundering occurs, we equate the timescale for the initiation of a 
Rayleigh–Taylor type instability (Eq. 8) to the timescale to form that layer assuming a 












where 𝜅 is the thermal diffusivity of 10-6 m2 s-1, 𝑇𝑝𝑜𝑡 is the mantle potential temperature 
(1350°C), 𝑇𝑏𝑜𝑡 is the temperature at which there exists < 2 kg m
-3 buoyancy, and 𝑇𝑡𝑜𝑝 is 
the minimal layer temperature. We assume an initial perturbation 1% of the layer 
thickness. We assume that the rheology and density of the layer is equal to that calculated 
at its average temperature. Thicknesses are calculated for compositional buoyancies 
between 0 and 20 kg m-3 (the compositional buoyancy predicted at 80 km from B2009). 
Once a thickness is calculated, we then calculate how long the instabilities would take to 
form using Eq. 11 (numbers, Figure 12). For no compositional buoyancy, thicknesses 
range from 105–150 km. The fastest forming instability occurs around 110 Myr with a 
thickness of ~130 km. This is similar to the oldest ages of the oceanic lithosphere (Müller 
et al., 2008). For a compositional buoyancy of 10 kg m-3, thicknesses range from 135–
225 km. The fastest forming instability occurs around ~500 Myr with a thickness of ~170 
km. For a compositional buoyancy of 20 kg m-3, thicknesses range from 180–350 km. 
The fastest forming instability occurs around ~2 Gyr with a thickness of ~250 km. Thus, 
a pervasive 20 kg m-3 chemical buoyancy decreases the thickness of the warm, density 
unstable layer enough to persist throughout geologic time. Thus, cratons are likely still 
present due to the combination of lithospheric depletion and their cold, rigid temperature 
structure.  
 These analyses are simplified estimates to constrain the possibility of Rayleigh-
Taylor type instabilities beneath continental lithosphere. As such, we acknowledge these 
estimates are likely upper estimates due to the assumptions we used. Because the  half-
space cooling model excludes the effect of heat production present in continental crust 
(Chapman, 1986), the shallow mantle temperatures would be warmer, and thus less 
viscous, decreasing instability times. We also exclude any effects of pressure or phase 
changes on density which have been shown numerically to slightly inhibit growth rates 
(Houseman and Molnar, 1997). Furthermore, this analysis excludes any effect of strain-
rate weakening (Houseman and Molnar, 1997). Any convergent lithospheric deformation 
would exacerbate initial lithospheric perturbations as well as increase the background 
strain-rate, further decreasing the instability times. Thus, future work should constrain the 
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effects of these assumptions in order to better understand the thicknesses and times 
expected for lithospheric delamination. 
Conclusion 
 Understanding the thermomechanical state of the mantle beneath the continental 
United States is vital to understand the current mantle flow and force balance, as density 
is the driving force in plate tectonics (Forsyth and Uyeda, 1975). To constrain this, we 
applied the forward-model calculations of WISTFUL (Chapter 4) to analyze MITPS_20 
(Golos et al., 2020), a joint body and surface wave tomographic inversion for Vp and Vs 
with high resolution in the shallow mantle. We analyzed the results using two anelastic 
corrections: the power-law formulation of Behn et al. (2009) (B2009) and the extended-
Burgers model of Jackson and Faul (2010) (JF2010). The east is significantly colder than 
the west. We interpret maximum temperature variations beneath the continental United 
States of 900°C using B2009 and 800°C using JF2010, in agreement with the higher 
predictions by more recent seismic interpretations (Kaban et al., 2014; Tesauro et al., 
2014; Afonso et al., 2016). 
 Within the east, long-wavelength thermal anomalies are still present. Some are 
correlated with surface expressions of historic rifting events like the Oklahoma 
Aulacogen and Mid-Continent Rift, while other thermal anomalies are correlated with 
recent magmatism, predicted plumes, or hypothesized edge convection like the Northern 
and Central Appalachian Anomalies. The highest temperatures in the west are located 
under Holocene volcanism and the Rio Grande Rift. Both models predict that the eastern 
United States is depleted compared to the western United States, with B2009 at 80 km 
predicting the largest amounts of chemical depletion. Regional variations in mantle 
chemistry exist, with the mantle beneath the Mid-Continent Rift showing increased 
fertility relative to the cratonic cores. 
Comparing our model results with xenolith compositions, xenolith 
thermobarometry, and primary magma thermobarometry, both B2009 and JF2010 
produce acceptable results compared to the compositions of recently erupted xenoliths in 
the Southwestern United States, with B2009 better estimating Mg #.  B2009 produces 
temperatures always equal to or higher than temperature estimates for spinel xenolith, 
likely since xenoliths can sample significantly shallower mantle, while JF2010 predicts 
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colder temperatures for two localities. Both anelasticities predict significantly colder 
temperatures compared to primary magma thermometry, potentially due to differences in 
seismic resolution and the scale at which the magmatic temperatures sample as well as 
errors in the anelastic formulations. As B2009 better predicts composition and 
temperature, we prefer this model’s results. 
 Density plays a key role in the stability of cratonic mantle roots through Earth’s 
history. We find that the chemical depletion predicted by our model does not fully 
compensate for the density difference due to temperature between the eastern and western 
United States, in agreement with recent geophysical and geochemical studies (Forte et 
al., 1995; Shapiro et al., 1999a; Kaban et al., 2003; Schutt and Lesher, 2006; Eaton and 
Claire Perry, 2013). Rayleigh-Taylor instability analysis suggests that the lithosphere-
asthenosphere boundary quickly (~10 Myr) flattens and that there must be some 
pervasive chemical depletion under the North American Craton for it to persist over 
billions of years. Instead, cratons are still present due to the combination of some 
chemical depletion as well as their cold, rigid structure. Increased deformation, thermal 
weakening, or thermal blanketing by the continental crust would decrease cratonic 




Figure 5.1: 60 and 80 km depth slices of 𝑉𝑠 and 𝑉𝑝/𝑉𝑠 for seismic model MITPS. Black 
boundaries represent tectonic provinces (A: Appalachian Mountains, BNR: Basin and 
Range, Col: Columbia Plateau/Snake River Plain, CP: Colorado Plateau, SP: Superior 
Craton, WY: Wyoming Craton). Cyan boundaries represent surface exposures of 
continental rifting events (MCR: Mid-continent rift, OA: Oklahoma aulacogen, RR: 
Reelfoot Rift, RT: Rome Trough). The dotted line represents the Grenville Front (GF). 




Figure 5.2:  MITPS at 60 (top) and 80 (bottom) km depth plotted alongside average 
wave speeds for enriched (Mg # = 88, pink) and depleted (Mg # = 92, purple) peridotites 
from 300 to 1300 °C plotted every 100 °C assuming the Behn et al. (2009) power-law 
anelasticity (left) and the Jackson and Faul (2010) extended-Burger’s model anelasticity. 




Figure 5.3: Best-fit temperature and uncertainty at 60 and 80 km Boundaries as in Figure 
1. Circles represent surface outcrops of alkaline or carbonatite magmatism younger than 
1 Ga (http://alkcarb.myrocks.info/). Triangles represent locations of Holocene volcanism 
(Venzke, 2013). Acronyms as follows: NAA, North Appalachian Anomaly, CAA, 
Central Appalachian Anomaly, ME, Mississippi Embayment. CAA and NAA text plotted 
7° east of actual anomalies. 
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Figure 5.4: All temperature estimates for both anelasticities at 60 and 80 km depths 
(blue) plotted along with temperature estimates within 1° arcdistance of locations for 
Holocene volcanism. Grey regions depict the range of magmatic temperature estimates 
(see text for discussion). 
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Figure 5.5: Best-fit Mg # and uncertainty at 60 and 80 km. Boundaries as in Figure 1. 
Squares depict xenolith localities younger than 10 Ma.   
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Figure 5.6: Best-fit Al2O3 content and uncertainty at 60 and 80 km. Boundaries as in 
Figure 1. Squares depict xenolith localities younger than 10 Ma. 
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Figure 5.7: Best-fit density and uncertainty at 60 and 80 km. Boundaries as in Figure 1.   
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Figure 5.8: Comparison of average <10 Ma xenolith composition against average best-fit 
composition within 0.5° arcdistance from the surface exposure. Error bars depict a 1-
sigma error. The blue squares represent spinel-bearing xenolith localities for which the 60 
km depth slice was used; the green square signifies a garnet-bearing xenolith locality for 
which the 80 km slice was used.   
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Figure 5.9: Temperature estimates from xenoliths (triangles) and magmatic temperature 
estimates (squares) against average WISTFUL temperature within 0.5° arcdistance of the 
surface outcrop for 60 (blue) and 80 km (green). Error bars depict a 1-sigma error.   
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Figure 5.10: B calculated from the best-fit temperature and density compared to the 
average density and temperature values in the Basin and Range. Boundaries as in Figure 
1. See discussion for details on calculation.    
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Figure 5.11: Instability time for a density unstable layer as a function of its thickness and 
average temperature, which controls the rheology and density variation. The top row (a, 
b) assumes 1% initial perturbations while the bottom row (c, d) assumes 10% initial 
perturbations. The left column (a, c) assumes no compositional buoyancy, while the right 
column (b, d) assumes a compositional buoyancy observed at 80km in the North 
American Craton. Western and Eastern US boxes represent the lithospheric thicknesses 
of mantle layers with temperature > 800°C.     
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Figure 5.12: Unstable thicknesses calculated by equating the Rayleigh-Taylor instability 
time assuming 1% initial perturbations with the time it takes a half space cooling model 
to form a density unstable layer with assuming there is no lithospheric delamination 
above the shallowest temperature. The thickness is defined as the difference in depth 
between the shallowest temperature and the temperature at which the mantle density is 
buoyant by 2 kg m-3. Rheology and density difference are assumed to be their respective 
values assuming the average layer temperature. Numbers state the time [Myr] for the 
instability to form.   
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Chapter 6:  
Concluding Remarks  
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The job of the geoscientist is to inspect the portion of Earth to which we have 
access, namely Earth’s surface, in order to constrain past and present geophysical and 
geochemical processes. The lithosphere is the rigid plates of the Earth created by the slow 
cooling through the surface. These plates vary drastically in size, composition, and 
thermal structure between oceanic plates, continental plates, as well as within each plate. 
This thesis is unified in uncovering and interpreting new constraints on the thermal, 
chemical, and mechanical state of deeper lithosphere through the use of surface geo-
observables. Chapters 1, 4, and 5 focused on the interpretation of seismic wave speed for 
the lower crust and upper mantle in order to constrain compositional variability. Chapter 
2 focused on field and petrologic observations to constrain the metamorphic temperature 
and cooling rates of the lower crust during orogenic collapse. Chapter 3 focused on the 
interpretation of magnetic, gravity, and bathymetry data from a continuous 74 Myr 
spreading-parallel flow line across the Mid-Atlantic Ridge. These results are then used to 
constrain the tectonic and geochemical processes that control lithospheric formation and 
evolution at depths that are difficult or impossible to directly sample.  
Future Directions  
 Here I discuss a few possible future directions that directly follow from the 
research presented in this thesis, focusing primarily on the thesis chapters that use seismic 
wave speeds to infer internal properties of Earth’s crust and mantle (Chapters 1, 4, and 5). 
Three major directions for future work include: (1) the addition of the effects of melt, 
mechanical mixing, anisotropy, and resistivity to WISTFUL, (2) the application of 
WISTFUL to available or future datasets, and (3) the creation of similar databases and 
error constraints for crustal rocks.  
1) Melt, Mechanical Mixing, Anisotropy, and Resistivity 
Seismic wave speed is dependent on the stable mineral assemblage, pressure, 
temperature, and presence of melt or hydration. Chapter 4 assumed the last two were 
negligible on a large scale, as the retained melt fraction is likely low in the mantle 
(McKenzie, 2000; Sims et al., 2002) and/or limited to melt channels that are 
volumetrically small compared to tomographic resolution (Zhu et al., 2011). The effect of 
the melt on the shear modulus can strongly vary dependent on the melt fraction retained 
as well as the interconnectivity on the retained melt (Hammond and Humphreys, 2000; 
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Takei, 2017). Future work should incorporate various formulations for the effect of melt 
on shear modulus to quantify the potential uncertainties. Similarly, mantle hydration was 
ignored in the forward calculation of mineral assemblages. To investigate mantle 
metasomatism, as may be present in arc wedges, another set of thermodynamic models, 
like that of Holland et al. (2018) solution model, are required that incorporate H2O.  
The diversity of compositions present in exhumed mantle sections and ultramafic 
xenoliths likely indicate a variable composition mantle composition over small (on the 
order of 10 m) scales (e.g., Kelemen and Dick, 1995; Li et al., 2008; Baptiste and 
Tommasi, 2014). Due to the non-uniqueness of seismic wave speed interpretation, I only 
considered each seismic voxel as a single, ultramafic composition, excluding the 
possibility of a mechanical mixture of two or more compositions. With better 
geochemical constraints from xenoliths or recent magmatic eruptions, one could forward 
model the seismic wave speeds predicted for each and calculate allowable combinations 
along a geotherms. 1–20 vol. % eclogite present in the upper mantle has been predicted 
from xenolith observations, seismic wave speeds, and gravity beneath continental cratons 
(James et al., 2004; Garber et al., 2018). Using wave speeds calculated for end member 
compositions, one could constrain the range of permittable compositional combinations 
for a given region.  
In this thesis, I have calculated the mineral assemblage over a range of shallow 
mantle temperatures and pressures.  I can also calculate other geophysical observables 
such as the possible anisotropy and the magnetic resistivity for each composition. Recent 
work has shown that the strength of anisotropy is correlated with the olivine content of 
mantle xenoliths (Bernard et al., 2021). Therefore, the strength of regional anisotropies 
could be used as an additional constraint on the mantle composition. Resistivity for each 
composition would be a useful estimate for temperature, water content, and melt using 
laboratory derived relations (Fullea et al., 2011). These forward calculations for the 
WISTFUL database would be most useful in regions of the United States which have 
higher resolution measurements from the USArray (Kelbert et al., 2019).  
2) WISTFUL applications 
In addition to interpreting the seismic wave speed of the continental mantle, the 
oceanic mantle holds great potential for interpreting seismic wave speed to understand 
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thermochemical variation in the global mantle. Recent global surface-wave tomographic 
models (e.g., Kustowski et al., 2008; Ritsema et al., 2011; Auer et al., 2014; Ho et al., 
2016), regional on-axis studies like Pi_LAB in the equatorial Atlantic (Rychert et al., 
2020, 2021; Harmon et al., 2021; Saikia et al., 2021), and regional off-axis studies like 
NoMelt in the Pacific (Sarafian et al., 2015; Lin et al., 2016; Mark et al., 2019, 2021; 
Russell et al., 2019; Ma et al., 2020) provide seismic models that could be quantitively 
interpreted using WISTFUL to better constrain the compositional, and thermal evolution 
of the oceanic mantle lithosphere. These regional studies are especially useful as they 
incorporate detailed geophysical studies of resistivity and/or anisotropy.  
For instance, fast spreading ridges between 50 and 200 km depth in recent global 
Vs models are 0.05–0.1 km s
-1 faster compared to slow-spreading ridges (Kustowski et al., 
2008; Ritsema et al., 2011; Auer et al., 2014; Ho et al., 2016, Figure 1). This variation 
continues off-axis, leading Auer et al. (2015) to interpret this difference to be caused by 
potential temperature variations beneath the Pacific and Atlantic basins. However, the 
potential temperature variations required to produce such significant seismic wave speed 
difference (>100 °C) would produce drastically different oceanic crustal thicknesses 
(Behn and Grove, 2015) and melt compositions, which is not observed (Chen, 1992). 
Other important parameters that could explain the observed variation are mantle 
composition and water content (if it affects anelasticity), and/or grain size. Future 
research will test the importance of these parameters by combining the forward modelling 
abilities of WISTFUL with geodynamic models that incorporate grain-size evolution like 
Turner et al. (2015, 2017) (Figure 2).  
3) Crustal Seismic Wave Speeds 
Many scientists have used crustal seismic wave speeds to interpret the regional or 
average composition of the lower continental crust (e.g., Rudnick and Fountain, 1995; 
Christensen, 1996; Lowry and Pérez-Gussinyé, 2011; Schulte-Pelkum et al., 2017). This 
analysis can elucidate competing models for the formation and evolution of continental 
crust over time (Hacker et al., 2015). I have already created a crustal database including 
igneous, metamorphic, and sedimentary compositions in Chapter 1, but similar 
uncertainty analysis for ultramafic solution models presented in Chapter 4 is necessary 
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for crustal rocks utilizing both well-studied intrusive igneous like exposed Talkeetna 
samples (e.g., Behn and Kelemen, 2006) as well low- and high-grade metamorphic rocks.  
Furthermore, the database created in Chapter 1 includes only anhydrous 
compositions at a single oxygen fugacity. To interpret lower crustal seismic wave speeds, 
the entire range of water contents and oxygen fugacity must be considered. The lower 
continental crust typically contains 0–1 wt. % H2O (Huang et al., 2013), but could be 
locally fluid saturated (Manning, 2018). Oxygen fugacity in volcanic rocks can vary by 
more than three orders of magnitude relative to the quartz-fayalite-magnetite fugacity 
buffer (Cottrell et al., 2020). Thus, any complete crustal database has a significantly 
larger parameter space compared to Chapter 4 and must also include the potential effects 
of fluids on seismic wave speed. 
Similar to mantle seismic wave speeds, anelasticity could play an important part 
deciphering the lower continental crust with high temperatures, definitely present 
throughout the western United States (Schutt et al., 2018). Studies of anelasticity on 
crustal compositions show that different anelastic corrections need to be applied on 
basaltic and granitic rocks (e.g., Kampfmann and Berckhemer, 1985). A homologous 
temperature formulation rederived from the available experimental data on anelasticity in 
crustal rocks would need to be created for this work.  
Overall, this thesis shows the promise of carefully determining smaller-scale thermal and 
chemical heterogeneities in the mantle with the utilization of joint Vp and Vs tomographic 
models utilizing body and surface waves. The combination of geophysical observables 
with petrologic and field observations can elucidate the detailed and complex story of 




Figure 6.1: Average Vs in absolute wave speed using 3 Myr bins for slow and fast 
spreading rates using global age and spreading rates (Müller et al., 2008) for four recent 
global Vs tomographic models: savani (Auer et al., 2014), CAM2016 (Ho et al., 2016), 
S40RTS (Ritsema et al., 2011), and s326 (Kustowski et al., 2008). Vs is plotted at the cell 
centers for each model. Isotropic Vs is plotted for each model with the exception of 
S40RTS which reports vertical Vs. The right column shows the difference between the 
slow and fast oceanic mantle for each model.   
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Figure 6.2: Top row: Predicted grainsize and Vs age using the Turner et al. (2015) 
geodynamic model setup for a slow (10 mm yr-1) and fast (100 mm yr-1) full spreading 
rate using dry olivine flow laws (Hirth and Kohlstedt, 2003) and Tp = 1350 °C. The 
rightmost figure shows the log10 ratio of the slow and fast grainsize models. Middle row: 
Predicted Vs using the grainsize and the Jackson and Faul (2010) anelasticity. Bottom 
row: Predicted Vs using Behn et al. (2009) anelasticity assuming olivine has 100 ppm 
H/Si. Rightmost figure shows the difference between the slow and fast models.    
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